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Abstract

Internal solitary waves (ISWs) are a type of nonlinear internal wave that can propagate
over long distances while maintaining their non-sinusoidal form. Their nonlinear nature
makes them sensitive to changes in background conditions, such as stratification and shear
currents. Commonly observed in the coastal ocean, ISWs are susceptible to the complexity
of coastal ocean environments, where they may become unstable and undergo a series of
evolution stages and instabilities. Wind, as an important atmospheric forcing, is widely
known to induce changes in the upper ocean and therefore has the potential to affect the
propagation of ISWs. However, this air-sea coupled effect has not been fully investigated.
This study therefore aims to explore the effect of wind on ISW propagation.

In this thesis, we use the MITgcm model equipped with the K-Profile Parameterization
(KPP) scheme to study internal solitary waves affected by strong wind. Idealized back-
ground conditions are applied to isolate wind-induced effects on the wave field. We begin
by performing a series of sensitivity tests to determine the optimal numerical parameters.
Numerical simulations under various wind conditions are then conducted to explore how
wind direction, strength, and temporal variability in wind stress affect the propagation of
internal solitary waves. The analysis focuses on wave characteristics, including amplitude,
propagation speed, and the development of instabilities during wave evolution. The effects
of wind on the flow field can be summarized as enhanced mixing and the induction of
near-surface shear currents. The DJL equation is also introduced to examine the separate
effects of these two factors in cases where numerical solutions can be obtained.
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Chapter 1

Introduction

1.1 The Coastal Ocean Environment

The coastal ocean refers to the region extending from the shoreline to the outer edge of
the continental shelf. Although it represents only a small portion of the global ocean, this
region supports a wide range of human activities, including commercial shipping, fisheries,
and offshore wind energy, due to its proximity to land and abundant natural resources.

One key characteristic of the coastal ocean is its complex bathymetry. Moving from
the deep ocean toward the land, the seafloor transitions from the steep continental slope
(typically 2–4°) to the shelf break (commonly at depths of 100–200 m), and finally to the
gently sloping continental shelf that connects to the shore (Cacchione et al., 2002). Another
important feature is stratification, characterized by vertical variations in density caused
by changes in temperature, salinity, and pressure. The typical vertical density structure
consists of three main layers: a surface mixed layer of nearly uniform density, a strongly
stratified pycnocline, and a weakly stratified deep layer (Gregg, 2021).

A wide range of physical drivers, such as wind, surface waves, tides, and internal waves,
are active in the coastal ocean. These processes interact with each other and with the
underlying bathymetry, creating a highly dynamic environment. For example, wind-driven
coastal upwelling transports cold, nutrient-rich water from the deep layers to the surface
along continental margins. Through such processes, coastal oceans play an important
role in biogeochemical cycling and global carbon budgets (Cai, 2011; Mathis et al., 2022;
Regnier and Ciais, 2013).

Understanding the physical processes that shape the coastal ocean is essential for ac-
curately representing ocean dynamics and for supporting marine ecosystems and human
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Figure 1.1: South China Sea cross-section showing bathymetry, dynamics, and processes
associated with internal solitary wave activity, adapted from Fig. 3(d) of (Alford et al.,
2015).

activities that rely on them.

1.2 Internal Waves and Internal Solitary Waves

Internal waves are gravity waves (i.e. waves for which the restoring force is gravity) in the
ocean interior, where density stratification provides the buoyancy restoring force. They are
crucial for closing the global ocean energy budget (Kunze, 2017), maintaining thermohaline
circulation (Munk and Wunsch, 1998), and influencing the Earth’s climate system (Whalen
et al., 2020).

Internal solitary waves (ISWs), which are the focus of this study, are strongly non-
linear internal waves that propagate in the form of bell–shaped (non-sinusoidal) waves
with permanent form. ISWs are frequently observed in coastal oceans (Jackson, 2007),
with a map of their occurrence shown in Figure 1.2. According to Lamb et al. (2019),
ISWs in the coastal ocean typically exhibit vertical displacements on the order of O(10) m,
with horizontal wavelengths around O(100) m. Owing to their large amplitudes, ISWs are
often associated with intense shear layers near the pycnocline, posing potential risks to
underwater infrastructure (Chen et al., 2023; Zou et al., 2020) and vehicles (Zhao et al.,
2025).

ISWs are generated by several mechanisms, the most prevalent of which is the nonlinear-
dispersive transformation of internal tides (Gerkema and Zimmerman, 1995). In this pro-
cess, internal tides propagate into shallower water, where nonlinear steepening transforms

2



Figure 1.2: Distribution of high-frequency nonlinear internal waves by MODIS, observed
from August 2002 through May 2004. Cited from Jackson (2007), Figure 1.

them into trains of solitary waves. ISWs can also form as lee waves downstream of sub-
marine ridges and sills (Apel et al., 1985). Once generated, they can travel long distances
with minimal distortion, governed by a balance between nonlinearity and dispersion.

As ISWs propagate toward the shore and encounter decreasing water depth, which is
known as shoaling, they may steepen, break, or undergo fission into wave trains. The
features and complexity of this process have been reviewed by Stastna and Legare (2024),
emphasizing how ISW behavior is influenced by factors such as stratification, bathymetry,
and background shear. Shoaling-related dynamics have been widely studied, particularly
in the South China Sea, where the Luzon Strait serves as one of the primary generation
regions for ISWs (Cai et al., 2012; Guo and Chen, 2014). Mixing is one important result of
shoaling and it arises from four mechanisms as concluded in Lamb and Farmer (2011): wave
breaking (Lamb, 2013), shear instabilities Lamb and Farmer (2011), bottom boundary layer
interactions (Boegman and Stastna, 2019), and the formation of trapped core structures
(Stastna and Legare, 2024), with the latter two also facilitating both vertical and horizontal
material transport. These processes alter the physical and chemical environment of the
coastal ocean, including nutrient distribution, sediment resuspension, and temperature
structure, thereby influencing ecosystem structure and biological productivity.

3



1.3 Wind Forcing and Upper Ocean Response

The coastal ocean is continuously influenced by various surface processes, including wind,
freshwater input, surface heat exchange, sea ice formation and melting, and other related
processes. These forcings alter the fluxes of momentum, heat, and salinity at the ocean
surface (Large and Pond, 1981; Price et al., 1986; Yu and Weller, 2007), thereby driving
turbulent mixing in the ocean mixed layer. According to Thorpe (2005), the upper ocean
comprises the sea surface, the mixed layer, and the upper part of the pycnocline. Among
them, the mixed layer is crucial in controlling air-sea exchange and redistributing energy
and tracers (Ferrari and Boccaletti, 2004). It is typically characterized by nearly uniform
vertical profiles of temperature, salinity, and density due to active vertical mixing processes
induced by the surface forcings, as shown in Figure 1.3.

Surface wind forcing can significantly contribute to ocean mixing, thus playing a domi-
nant role in regulating upper ocean dynamics. This happens through a variety of physical
mechanisms. One key mechanism is Ekman pumping, which arises from horizontal vari-
ations in wind-driven Ekman transport (Gill, 1982) and produces slow vertical motions.
Wind-driven shear currents also interact with surface waves to generate Langmuir circu-
lation, characterized by counter-rotating cells aligned with the wind direction (Craik and
Leibovich, 1976). These vortices drive strong downward motions within the upper portion
of the mixed layer, typically reaching 20% to 50% of its depth, and enhance vertical mix-
ing. Under intense wind forcing, large Langmuir cells can also break down, intensifying
turbulence below the surface and modifying the structure of the mixed layer.

The processes described above can significantly alter upper ocean conditions, poten-
tially influencing the behavior of ISWs. Due to their strong nonlinearity, ISWs are highly
sensitive to changes in background conditions, particularly during abrupt surface forcing
events such as storms, which can rapidly alter the background velocity and stratification
conditions. In the early stages of such events, the upper ocean’s response is not strongly
influenced by the Earth’s rotation due to the short timescales involved. However, at small
scales, high wind speeds still have a significant effect on the upper ocean, which can en-
hance near-surface turbulence through surface wave breaking, bubble injection, and foam
formation at the air-sea interface (Thorpe, 2005).

These transient dynamics add complexity to the generation and propagation of ISWs.
The limited understanding of ISW behavior under these conditions represents a critical
knowledge gap that this thesis seeks to address.
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Figure 1.3: Schematic of dynamical processes in the upper ocean. Turbulent mixing in-
duced by surface forcings maintains the mixed layer. Cited from Ferrari and Boccaletti
(2004), Figure 1.
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1.4 Approach to the Study of Internal Solitary Waves

ISWs have been extensively studied through a combination of observational, theoretical,
and numerical approaches.

In-situ measurements, such as moored CTD profilers and ADCPs, provide time series
of ISW properties at fixed locations. Repeated profiling techniques, such as yo-yo CTD
casts, are also widely used to capture the rapid evolution of ISWs. While these methods
can detect wave structure and variability, they are spatially limited and often fail to capture
the full propagation of fast-moving ISWs.

Satellite remote sensing, including SAR and X-band radar, monitors ISWs by detecting
surface roughness patterns caused by wave-induced convergence and divergence. These
appear as alternating bright and dark bands (see Figure 1.4). However, satellite data
capture only surface signatures and cannot directly measure subsurface features such as
amplitude or wavelength. In addition, their effectiveness is reduced under adverse weather
or complex sea states.

Theoretical models provide a foundational understanding of ISWs. The classical Korteweg-
de Vries (KdV) theory (Benney, 1966) and its extensions (Lee and Beardsley, 1974; Helfrich
and Melville, 1986; Lamb and Yan, 1996; Grimshaw et al., 2007) are widely used to de-
scribe weakly nonlinear ISW features. However, oceanic observations often reveal strongly
nonlinear waveforms, motivating the use of fully nonlinear models such as the Miyata-Choi-
Camassa (MCC) system (Miyata, 1985, 1988; Choi and Camassa, 1999) and the Dubreil-
Jacotin-Longs (DJLs) equation (Long, 1953). The DJL model provides steady-state solu-
tions for ISWs under arbitrary stratification and can be solved numerically. Stastna and
Lamb (2002) further extended the formulation to account for background currents. Its
derivation is systematically presented in Stastna (2022). A comprehensive review of these
theoretical models is provided by Helfrich and Melville (2006).

Numerical simulations provide a flexible and powerful means of studying ISWs beyond
the limits of observational and theoretical approaches. Nonhydrostatic ocean models such
as Massachusetts Institute of Technology general circulation model (MITgcm) (Marshall
et al., 1997b) and Finite Volume Community Ocean Model (FVCOM) (Qi et al., 2009)
enable the simulation of internal solitary waves under realistic oceanic conditions. In this
study, the MITgcm is chosen for its robust nonhydrostatic capability and various pack-
ages, which make it widely applied for small-scale internal wave processes (e.g., Dunphy
and Lamb, 2014; Xie et al., 2015; Guo et al., 2021). Wind forcing is applied via the exf

package for time-varying surface stress, and vertical turbulent mixing is parameterized
using the K-Profile Parameterization (KPP). This framework allows for a realistic rep-

6



resentation of wind-driven upper ocean responses and their influence on internal solitary
wave propagation and evolution.

1.5 Thesis Overview

This thesis investigates ISWs under varying wind conditions using a series of numerical
simulations conducted with the MITgcm. The primary goal is to quantify how wind forcing
influences wave characteristics such as speed, amplitude, and structure, thereby improving
our understanding of how wind modulates internal wave behavior. This work contributes
to a more comprehensive understanding of ISW dynamics, in which wind plays a critical
role.

The remainder of this thesis is organized as follows. Chapter 2 introduces the theoretical
framework, including the governing equations of fluid motion, an overview of the numerical
methods used in MITgcm, and the fundamentals of the KPP mixing scheme. Chapter 3
presents a sensitivity analysis used to identify optimal numerical parameters. Chapter 4
presents the simulation results and analysis. It begins with simulations forced by constant
wind stress, in which positive and negative wind stresses are applied separately. The
chapter then examines the effects of two factors: wind strength and wind ramping. Chapter
5 concludes the thesis and discusses the implications, limitations, and possible directions
for future work.
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Figure 1.4: Satellite image showing internal solitary wave trains generated in
the Strait of Messina and propagating southward. Alternating dark (smooth)
and light (rough) surface patterns indicate the presence of ISWs. Image source:
https://earthobservatory.nasa.gov/images/7630/messina-strait-italy
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Chapter 2

Methods

2.1 Governing Equations

2.1.1 Basic Fluid equations under the Boussinesq Approximation

We consider an incompressible, non-rotating, stratified fluid under the Boussinesq approx-
imation. Salinity is assumed to be constant, such that density variations arise solely from
temperature. Under these assumptions, the governing equations for the fluid system are:

∂u⃗

∂t
+ (u⃗ · ∇)u⃗ = − 1

ρ0
∇p− ρ

ρ0
gk⃗ + ν∇2u⃗, (2.1)

∇ · u⃗ = 0, (2.2)

∂T

∂t
+ (u⃗ · ∇)T = κ∇2T, (2.3)

ρ = ρ(T ), (2.4)

In these equations, the coordinates x, y, and z represent the eastward, northward, and
upward directions, respectively. The velocity vector u⃗ = u⃗i + vj⃗ + wk⃗ consists of the
streamwise (u), spanwise (v), and vertical (w) components, with the unit vectors i⃗, j⃗,

and k⃗ corresponding to the x, y, and z axes. The gradient operator is expressed as ∇ =
∂
∂x
i⃗+ ∂

∂y
j⃗+ ∂

∂z
k⃗, and the Laplacian operator ∇2 = ∂2

∂x2
+ ∂2

∂y2
+ ∂2

∂z2
. The parameters ρ and ρ0

represent the fluid density and reference density under the Boussinesq approximation. p is
the pressure, g is gravitational acceleration, and T denotes temperature. ν and κ represent
molecular viscosity and diffusivity, respectively.
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The Boussinesq approximation is applied by replacing ρ with a reference density ρ0 in
the fluid equations, except in the buoyancy term in the momentum equations (Eq. 2.1)
and the equation of state (Eq. 2.4). This approximation is built on the assumption that
fluid compressibility is negligible. Several requirements must therefore be satisfied. First,
the Mach number must satisfy Ma = U/cs ≪ 1, where U is the flow speed and cs is the
sound speed. Density variations caused by pressure changes become significant at finite
or large Mach numbers, such that ∇ · u can no longer be neglected. Second, the vertical
scale of the flow L should satisfy L≪ c2s/g; otherwise, hydrostatic pressure variations can
cause significant changes in density. When compressibility effects are small, the Boussinesq
approximation applies when the relative density

ρ′

ρ
= O(10−3) ≪ 1,

is sufficiently small in the ocean, where ρ′ = ρ−ρ0. Thus, in the full form of the momentum
equation, (

1 +
ρ′

ρ0

)
Du⃗

Dt
= − 1

ρ0
∇p− ρ

ρ0
gk⃗ + ν∇2u⃗, (2.5)

the contribution of the term ρ′/ρ0 to the inertia term can be neglected. The small relative
density variation also ensures that the density variation term 1

ρ
Dρ
Dt

in the full form of the
continuity equation is negligible compared to the velocity divergence term ∇· u⃗. Therefore,
the continuity equation is written in the incompressible form (Eq. 2.2).

Different from the standard Navier-Stokes equation system, where the primary variables
are the velocity field u⃗ and density ρ, Eqs. 2.1-2.4 do not include an evolution equation for
density. Instead, density is determined through the temperature equation, Eq. 2.3, and the
equation of state, Eq. 2.4. Physically, this reflects the fact that seawater density depends
on temperature, salinity, and pressure, described as

ρ = ρ(T, S, P ). (2.6)

Therefore, density is treated as a diagnostic variable in the equations of seawater motion.
Since salinity variations and seawater compressibility are neglected in this study, density
can be approximated as a function of temperature.

2.1.2 MITgcm governing equations

For this thesis, the governing equations solved by the non-hydrostatic version of MITgcm
are given by Eqs. 2.7–2.10 and are solved numerically to simulate fluid motion under
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external wind forcing.

∂u⃗

∂t
+ (u⃗ · ∇)u⃗ = − 1

ρ0
∇p− ρ

ρ0
gk⃗ +∇H · (νH∇H u⃗) +

∂

∂z

(
νV
∂u⃗

∂z

)
+ Fwind(z)⃗i, (2.7)

∇ · u⃗ = 0, (2.8)

∂T

∂t
+ (u⃗ · ∇)T = ∇H · (κH∇HT ) +

∂

∂z

(
κV

∂T

∂z

)
, (2.9)

ρ(T ) = ρ0 [1− α(T − T0)] , (2.10)

where u⃗ is the velocity vector, ρ0 is the reference density and ρ is density, p is pressure, g
is gravitational acceleration. The horizontal gradient operator ∇H = ∂

∂x
i⃗ + ∂

∂y
j⃗. νH and

νV are the horizontal and vertical eddy viscosity coefficients. κH and κV are the horizontal
and vertical eddy diffusivity coefficients.

Fwind(z) in Eq. 2.7 is the external wind stress term applied to the ocean surface. In the
MITgcm, the forcing term is defined as:

Fwind(z) =

{
τwind

ρ0∆z(1)
, if z = zc(1),

0, if z < zc(1),

where τwind is the surface wind stress, measured in N/m2. It represents the force exerted
per unit area, and ∆z(1) denotes the height of the surface grid cell. zc(1) denotes the centre
of the first vertical grid cell counted from the surface, where the wind stress is applied.

Fwind(z) describes the body force applied to a unit mass of fluid. In the model, wind
stress is only applied at the top layer and propagates downward through eddy viscous
stress between vertically adjacent grid cells, as illustrated in Figure 2.1.

Eq. 2.10 is the linear equation of state, which is an empirical evaluation, obtained
by applying a first-order Taylor expansion about a reference temperature T0. According
to McWilliams (2006), the thermal expansion coefficient for seawater is typically α =
2× 10−4 K−1, which is also the value adopted in the present study.

2.1.3 Dimensionless Numbers

In the application of MITgcm, the Richardson number Ri is used. Shear instability is
induced by velocity shear in fluids, while it can be suppressed by stratification. Therefore,
the dimensionless number Ri quantifies flow stability by comparing the relative importance
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Figure 2.1: Downward propagation of momentum from wind. Fwind represents wind force
acting only on the surface layer. τxz denotes eddy viscous shear stress that transfers the
wind-induced momentum downward. Only the first three grid layers are shown.
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of buoyancy to shear. Ri has a few expressions, including the gradient Richardson number
Rig, the bulk Richardson number Rib, and the flux Richardson number Rif . The first two
are used in this study and introduced here.

The gradient Richardson number, Rig, is calculated as the ratio of local stratification
strength to shear strength, both expressed in gradient form. It can be used to evaluate
local shear instability and is defined as

Rig =
αg
∂T

∂z(
∂U

∂z

)2

+

(
∂V

∂z

)2 . (2.11)

Linear theory states that, for inviscid parallel flow, Rig < 0.25 is a necessary condition
for shear instability to occur. Negative values of Rig correspond to unstable stratification
and indicate the possibility of convective instability.

The bulk Richardson number Rib is an approximation of Rig that evaluates the stability
of a fluid layer with thickness ∆z. It is expressed as

Rib =
αg∆T ∆z

(∆U)2 + (∆V )2
. (2.12)

As ∆z approaches zero, Rib approaches Rig. Although the critical threshold of 0.25
for shear instability does not strictly apply to Rib, small values of Rib generally indicate
that shear is strong relative to stratification and that the fluid layer may be susceptible to
shear instability.

2.2 Numerical Implementation in the MITgcm Model

The governing equations described in Section 2.1.2 are solved numerically using the MIT-
gcm. This section summarizes the numerical implementation adopted in this study, in-
cluding the general solution procedure, the temporal schemes used for different terms, and
the spatial discretization based on the Finite Volume Method (FVM).

2.2.1 Overview of the Numerical Procedure

This study uses a two-dimensional nonhydrostatic configuration of the MITgcm in the
(x, z) domain, with a linear equation for the free-surface. Under this configuration, the
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Table 2.1: Summary of temporal treatments used in the model configuration.
Model term Temporal scheme

Momentum advection Explicit
Horizontal viscosity Explicit
Vertical viscosity Implicit
Horizontal temperature diffusion Explicit
Vertical temperature diffusion Implicit
External momentum forcing Explicit
Free surface Crank-Nicolson
Surface pressure gradient Crank-Nicolson
Barotropic flow divergence Crank-Nicolson

pressure potential can be decomposed as

ϕ(x, z, t) = ϕs(x, t) + ϕhyd(x, z, t) + ϕnh(x, z, t), (2.13)

where ϕs represents the barotropic pressure potential associated with the free-surface dis-
placement, ϕhyd is the hydrostatic pressure potential associated with density variations,
and ϕnh is the nonhydrostatic pressure potential.

The FVM model implements a predictor-corrector numerical procedure, as introduced
in Marshall et al. (1997b). In each time step, explicitly treated tendencies are first used to
form an intermediate velocity field. The barotropic pressure contribution is then applied
to satisfy the depth-integrated continuity constraint associated with the free surface. The
nonhydrostatic pressure potential is subsequently obtained from an elliptic equation and
used to further update the velocity field. After these updates, the velocity field satisfies
the local incompressibility constraint given in Eq. 2.8.

2.2.2 Temporal Scheme

The MITgcm allows explicit and implicit temporal schemes to be combined. The schemes
used in this study are summarized in Table 2.1. Explicit terms in the momentum and
tracer equations are advanced using the second-order Adams-Bashforth scheme. Tendency
is defined as the local rate of change of a vector or scalar quantity with time at a given
point in space (American Meteorological Society, 2026). For a generic tendency G, the
extrapolated tendency at the half-time level is written as

G(n+1/2) =

(
3

2
+ ϵ

)
Gn −

(
1

2
+ ϵ

)
Gn−1, (2.14)
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Figure 2.2: Finite-volume discretization on an Arakawa C grid. Tracer variables are located
at cell centres, while velocity components are located at cell faces, where the arrows indicate
the corresponding flux directions. Adapted from Gelderloos et al. (2016) Fig. 1, following
the MITgcm indexing convention.

where ϵ is a stabilization parameter. In this study, ϵ = 0.1 is used to reduce weak numerical
instabilities associated with oscillatory modes, as suggested by Marshall et al. (1997a).

Terms treated with the Crank-Nicolson scheme are evaluated using a weighted average
of the old and new time levels:

γηn+1 + (1− γ)ηn, γ =
1

2
. (2.15)

For the linear free-surface gravity-wave system, applying the Crank–Nicolson scheme to
the surface pressure gradient and the divergence of the barotropic flow yields a neutrally
stable temporal scheme (Campin et al., 2004).

Vertical viscosity and diffusion terms are treated implicitly because the KPP scheme
can generate large vertical diffusivity values for both momentum and temperature. If
these terms were treated explicitly instead, the resulting diffusive stability constraint would
require very small time steps (Press et al., 1986).

2.2.3 Spatial Scheme

The spatial discretization is based on the FVM (Figure 2.2). In this method, the partial
differential equations are integrated over each control volume, which corresponds to a com-
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putational cell. By the divergence theorem, divergence terms in the governing equations
are converted into surface flux integrals. Therefore, the change of a quantity within a cell is
balanced by the net flux through the cell boundaries. Since the flux leaving one cell enters
the neighboring cell through the same face, the finite-volume formulation guarantees local
conservation.

On the Arakawa C grid (Arakawa and Lamb, 1977), velocity components are located at
the centres of the cell faces through which their corresponding fluxes pass, whereas tracer
variables are located at cell centres. The advantages of the Arakawa C grid in the model
are discussed by Marshall et al. (1997a). In this study, both momentum and temperature
advection are discretized using second-order centred schemes.

For the second-order centred temperature advection scheme, temperature values are
interpolated from cell centres to cell faces. For a generic tracer ψ, the value at the cell face
indexed by i+ 1/2 is approximated as

ψi+1/2,k =
1

2
(ψi,k + ψi+1,k) . (2.16)

The corresponding tracer flux across the face is then

Fx,i+1/2,k = Ui+1/2,kψi+1/2,k = Ui+1/2,k
ψi,k + ψi+1,k

2
, (2.17)

where Ui+1/2,k is the volume flux through the corresponding cell face. The same centred
approximation is applied to the vertical advective flux. The scheme is second-order accurate
for smooth solutions.

2.3 Turbulence Closure and Vertical Mixing

2.3.1 Reynolds decomposition and closure problem

In geophysical flows, the spatial and temporal scales of the geophysical characteristics are
much larger than those of the turbulence involved. This means that resolving the fluid
equations to account for small-scale turbulence and large-scale geophysical characteristics
simultaneously is challenging due to computational limitations. It is therefore appropriate
to introduce the Reynolds decomposition method, in which the variables are decomposed
into mean and turbulent components:

u = U + u′, U = U, u′ = 0,
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where U represents the mean flow, u′ represents the turbulent fluctuation and the overbar
· denotes the averaging operation.

This decomposition generates the Reynolds-Averaged Navier-Stokes (RANS) equations;
however, it also introduces the closure problem. This can be illustrated using a simplified
fluid equation, the Burgers equation:

ut + uux = νuxx, (2.18)

where u is the velocity and ν is the kinematic viscosity. Applying the Reynolds decompo-
sition, Eq. 2.18 transforms into

Ut + UUx = νUxx −
1

2

∂

∂x
u′u′, (2.19)

where the unknown term u′u′ prevents the equation from being solved directly. This
illustrates the core idea of the closure problem.

In the full set of fluid equations, Reynolds averaging introduces the Reynolds stress
tensor, defined as

τij = −ρ0u′iu′j,

which represents the transport of momentum caused by turbulent velocity fluctuations.
The frictional force per unit volume is defined as the divergence of the Reynolds stress
tensor:

FR
i =

∂τij
∂xj

= ρ0
∂u′iu

′
j

∂xj
. (2.20)

Since τij cannot be determined directly from the resolved mean-flow variables, a tur-
bulence closure model is required.

2.3.2 Representation of turbulent processes in the MITgcm

The Boussinesq eddy viscosity assumption states that τij can be written as

τij = ρ0ν

(
∂ui
∂xj

+
∂uj
∂xi

)
− 2

3
ρ0kδij, (2.21)

where k = 1
2
⟨u′iu′i⟩ is the turbulent kinetic energy (TKE), and ν is the eddy viscosity.

17



In contrast, the Reynolds stress in the MITgcm is given by

τxz = τzx = ρ0νV
∂u

∂z
+ ρ0νH

∂w

∂x
, (2.22)

τyz = τzy = ρ0νV
∂v

∂z
+ ρ0νH

∂w

∂y
, (2.23)

τxy = τyx = ρ0νH

(
∂u

∂y
+
∂v

∂x

)
, (2.24)

τxx = 2ρ0νH
∂u

∂x
, τyy = 2ρ0νH

∂v

∂y
, τzz = 2ρ0νV

∂w

∂z
. (2.25)

Based on Eq. 2.20, the viscous friction force in Eq. 2.7 can be obtained as

ρ0
(
νH∆+ νV ∂

2
z

)
u⃗, ∆ ≡ ∂2x + ∂2y ,

where νH and νV are the horizontal and vertical eddy viscosities, respectively.

Compared to the Boussinesq eddy viscosity assumption, MITgcm represents vertical
and horizontal eddy processes separately by introducing νV and νH . In stratified fluids,
horizontal and vertical motions occur over distinct spatial and temporal scales; therefore,
turbulent motions usually have different strengths in the horizontal and vertical directions.
As a result, uniform eddy diffusion coefficients cannot adequately capture the distinct
dynamics in the two directions. The use of separate horizontal and vertical eddy diffusion
coefficients is a conventional approach to turbulence parameterization in ocean models.

However, as Miles (1994) points out, constructing the Reynolds stress tensor in this
way causes τij to depend on fluid rotation rather than solely on deformation. For example,
when νV ̸= νH , τxz is a linear combination of the deformation (∂u/∂z + ∂w/∂x) and the
rotation (∂u/∂z−∂w/∂x). Physically, this is incorrect because the parameterized turbulent
stress should be independent of the fluid parcel’s rotation. Mathematically, it violates the
objectivity requirement for a constitutive equation; in other words, the Reynolds stress
erroneously depends on rigid-body rotation of the reference frame. An objective anisotropic
eddy-viscosity formulation should instead express the Reynolds stress solely in terms of the
symmetric strain rate tensor.

Another limitation is that, compared with the Boussinesq eddy viscosity assumption,
which parameterizes only the deviatoric components of the stress tensor, τij in the MIT-
gcm does not separate the isotropic component from the stress tensor. As a result, this
formulation cannot provide a reasonable TKE, which is derived as

1

2
ρ0⟨u′ku′k⟩ = −1

2
ρ0τkk = −ρ0νk∂kuk = ρ0 (νH − νV ) ∂zw. (2.26)
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When νH < νV and ∂zw > 0, the TKE becomes negative; when νH = νV , it reduces to
zero. Since TKE in turbulent processes must always remain positive, this parameterization
clearly fails to represent TKE accurately.

Thus, while the anisotropic eddy-viscosity model used in the MITgcm, as well as in
other ocean models, is a conventional and practical approach for representing turbulence
in ocean models, it is not fully rigorous and should be applied with caution.

2.4 Vertical Mixing Scheme: K-Profile Parameteriza-

tion

2.4.1 General Introduction

The KPP is a widely used vertical mixing scheme in global and regional ocean models, such
as MITgcm, Regional Ocean Modeling System (ROMS), and HYbrid Coordinate Ocean
Model (HYCOM). Originally proposed by Troen and Mahrt (1986) to parameterize atmo-
spheric turbulence, it was later adapted to ocean boundary layers by Large et al. (1994).
KPP provides a physics-based representation of turbulent mixing by including both local
and nonlocal transport. Local transport is caused by gradients; i.e., momentum or concen-
tration is transported downgradient. Related physical processes in the ocean include, for
example, wind-induced shear currents and upper-ocean restratification driven by surface
heating. Nonlocal transport is driven by convection, which is associated with unstable den-
sity structures. Examples of nonlocal transport include surface cooling and precipitation.
KPP explicitly considers both local and nonlocal transport, making it applicable across a
wide range of atmospheric conditions.

The schematic of an ocean profile is presented in Figure 2.3. In the ocean surface
boundary layer (OSBL), the motion of seawater is strongly affected by atmospheric forcing,
such as wind stress, surface heat flux, and radiation, which generates active turbulence.
In the region below the OSBL, turbulence is generated by interior instabilities, such as
internal wave breaking and shear instabilities associated with flow over topography. Given
the distinct physical processes governing mixing in these two regions, KPP first determines
the boundary layer depth and then parameterizes the eddy diffusivities separately within
the boundary layer and the ocean interior.
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Figure 2.3: Diagram of ocean profiles associated with the KPP boundary layer parame-
terization. The ocean has a total depth H + η, where η is the height of the free surface.
The ocean surface is subject to external fluxes, driving turbulence within the ocean surface
boundary layer (OSBL) to a depth of h. Below the OSBL is the ocean interior, where
turbulence is considered to be dominated by processes including internal wave breaking,
double diffusion, and shear instability. The eddy diffusivities in the OSBL and ocean inte-
rior are matched at the base of the OSBL (z = −h).
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Figure 2.4: Procedure for calculating the KPP diffusivity and nonlocal transport terms
in the KPP scheme. The interior diffusivity is computed first and used as a reference to
ensure smooth matching of the boundary-layer diffusivity at the interface.
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2.4.2 General Structure of KPP Scheme

For fluids with a free surface, the vertical coordinate z extends from the ocean bottom
(z=-H) to the free-surface height, z = η. The detailed procedure for calculating the
KPP diffusivity Kψ and nonlocal transport term γψ is shown in Figure 2.4. The detailed
formulation is provided in this section.

Determine the Boundary Layer Depth

The boundary layer depth h is defined using the bulk Richardson number Rib (Eq. 2.12).
In KPP, Rib is modified by introducing the unresolved velocity shear Vt, and is expressed
as

Rib(z) =
(bsl − b(z))z

|usl − u(z)|2 + V 2
t (z)

. (2.27)

The depth h is determined by locating the depth at which Rib(h) is equal to a critical
value Ric which is traditionally set to 0.3. Here, bsl and usl are the buoyancy and horizontal
velocity averaged over the surface layer, respectively. The unresolved shear term, V 2

t (h),
is estimated as

V 2
t (h) =

√
0.2Cv

Ricκ2/3
(csϵ)

−1/6hNew∗ (2.28)

where Cv is a constant related to the ratio of interior to entrainment depth, κ = 0.4 is the
von Kármán constant, Ne represents the stratification in the entrainment layer, and w∗ is
the convective velocity scale, determined by:

w∗ = (−h(w′b′)sfc)
1/3 (2.29)

where (w′b′)sfc represents the surface turbulent buoyancy flux.

The Ocean Interior

In the ocean interior (−H ≤ z < −h), the subgrid turbulent vertical flux of scalar ψ is
given by

(w′ψ′) = −Kψ
∂ψ

∂z
(2.30)

where ψ represents resolved quantities such as u, v, w, T, S, and ψ′ represents the unresolved
turbulent terms.
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Turbulent mixing in the ocean interior is driven by the combined effects of shear insta-
bility, internal wave breaking, and double diffusion. Since salinity is assumed to be constant
in this study, double diffusion will not be included, and only the first two processes are
parameterized. The total interior diffusivity is represented as

Kψ = Ks
ψ +Kw

ψ (2.31)

where Ks
ψ accounts for mixing due to resolved shear instability, and Kw

ψ represents mixing
driven by internal wave breaking.

The susceptibility for shear instability to occur is characterized by the gradient Richard-
son number, Rig. In the KPP scheme, Ri0 = 0.7 is used as the critical gradient Richardson
number. This value is much larger than the theoretical critical value 0.25 because limita-
tions in grid resolution can underestimate velocity shear, thereby producing larger values
of Rig.

The diffusivity induced by shear instability, Ks
ψ, is parameterized as:

Ks
ψ =


ν0 Rig < 0[
1−

(
Rig
Ri0

)2]P
ν0 0 < Rig < Ri0

0 Rig > Ri0

where ν0 = 50× 10−4m2s−1 and P = 3.

For the diffusivity induced by internal wave breaking, Large et al. (1994) suggested that
the momentum diffusivity Kw

m and scalar diffusivity Kw
s should be:

Kw
s = 0.1× 10−4m2s−1

Kw
m = 1.0× 10−4m2s−1

The Ocean Surface Boundary Layer

The turbulence in OSBL (−h ≤ z ≤ η) is considered to be driven by the surface forcing.
To parameterize the turbulent processes in this region, a non-dimensional parameter σ is
introduced to represent the relative position within the OSBL:

σ =
−z + η

h
, 0 ≤ σ ≤ 1 (2.32)
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The subgrid turbulent vertical flux of any scalar or vector quantity ψ in the OSBL is
parameterized as

(w′ψ′) = −Kψ
∂ψ

∂z
+Kψγψ. (2.33)

Compared with Eq. 2.30, the introduction of the nonlocal term γψ allows the nonlocal
turbulent flux, Kψγψ, associated with convective instabilities to be represented.

The eddy diffusivity Kψ is given by

Kψ(σ) = hwψ(σ)G(σ) (2.34)

where h is the KPP boundary layer depth, wψ is the turbulent velocity scale, and G(σ)
is the vertical shape function. Solving for Kψ requires determining these three terms in
Eq.2.34.

The first term is the boundary layer depth h, determined using Eq. 2.27. In the OSBL,
the magnitude of Kψ at a given nondimensional depth is proportional to h. Therefore,
in the KPP scheme, a deeper boundary layer also indicates stronger eddy viscosity and
diffusivity.

The second term, the turbulent velocity scale wψ, is given by Eqs. 2.35-2.36, which are
derived by extending Monin–Obukhov similarity theory from the surface layer to the entire
KPP boundary layer.

wψ(σ) =
κu∗

ϕψ(σh/L)
, 0 < σ < ϵ (2.35)

wψ(σ) =
κu∗

ϕψ(ϵh/L)
, ϵ < σ < 1 (2.36)

where u∗ is the friction velocity, ϵ defines the thickness of the surface layer, and ϕψ is the
non-dimensional flux profile.

The third term, the vertical shape function G(σ), is given by a third-order polynomial

G(σ) = a0 + a1σ + a2σ
2 + a3σ

3. (2.37)

G(σ) characterizes the vertical structure of turbulent diffusivity and nonlocal flux. The
coefficients a0, a1, a2, a3 are determined by surface boundary conditions and the continuity
requirement at the base of the KPP boundary layer (z = −h). This ensures that the
turbulent flux in the OSBL is smoothly transmitted into the ocean interior.
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The nonlocal term γψ in Eq. 2.33, which represents turbulent flux due to convective
instability, is non-zero for tracers under unstable surface buoyancy forcing. It is given by

γψ = C∗κ(csκϵ)
1/3

(
(w′ψ′)sfc
wψh

)
(2.38)

where κ is the von Kármán constant, and cs and C∗ are constants. The term (w′ψ′)sfc
represents the vertical turbulent flux at the ocean surface due to air-sea interactions.
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Chapter 3

Sensitivity Analysis

To effectively use the MITgcm model to study the role of wind in internal wave evolution,
it is essential to select optimal model parameters. This chapter presents sensitivity tests
conducted to determine the best grid resolutions, mixing closure schemes, and diffusion
parameters.

3.1 Model Configuration and Initial Fields

The 2-D simulations are conducted in the x-z plane, representing a simplified configuration
with ∂/∂y = 0 and no rotation. The computational domain extends L = 15 km horizontally
and has a total water depth of H = 600 m. A flat bottom is used in all experiments.
Boundary conditions consist of periodic boundaries on the sides, an implicit free surface
condition at the upper boundary, and a free-slip condition at the bottom. The wind stress
is prescribed as τwind = 0.3 Nm−2, and applied on the upper boundary.

The background density field is defined by an exponential density profile, given by

ρ(z) = ρ2 − (ρ2 − ρ1) exp

(
z

dp

)
(3.1)

where ρ1 = 1022 kg/m3 and ρ2 = 1027 kg/m3 are the densities at the surface and bottom,
respectively, and dp = 50 m represents the scale of the pycnocline’s thickness. By specifying
the density profile ρ(z), the corresponding temperature profiles are computed from the
equation of state (Eq. 2.10) with α = 2 × 10−4K−1 and used as the initial fields. This
setup means that there is no mixed layer in the initial state.
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The background velocity field is zero in the initial state. Therefore, each simulation is
initialized with a mode-1 ISW centred at x = 1.5 km under the prescribed stratification
conditions. The initial amplitude of the ISWs is set to A0 = −58 m. The initial ISW
field is computed by numerically solving the DJL equation, which describes a steady and
inviscid internal solitary wave propagating with no forcing.

∇2η +
N2(z − η)

c2
η = 0, (3.2)

where η is the isopycnal displacement from its far-upstream value, N2 is the buoyancy
frequency, and c is the propagation speed of the ISW. The numerical solution is obtained
using the DJLes solver (Dunphy et al., 2011). The solver applies the Fast Fourier Transform
method to solve the equation numerically, imposing periodic boundary conditions at the
sides.

To evaluate the model’s sensitivity to the vertical mixing closure, grid resolution, and
background diffusive parameters, 17 simulations are performed, as listed in Table 3.1. Here,
∆x and ∆z denote the horizontal resolution and the vertical resolution in the upper 300 m,
respectively. The full grid configurations are provided in Table 3.2. Non-uniform grids are
used because, below z = −300 m, the density profile is nearly uniform and the amplitude
of internal solitary waves approaches zero. Therefore, coarser vertical grids are employed
in this deep region to improve computational efficiency. The Prandtl number, Pr = ν/κ,
is fixed at 1, such that νh = κh and νv = κv. Thus, Ah and Av serve as generalized
diffusive parameters that represent the background horizontal and vertical viscosities and
diffusivities, respectively.

3.2 Sensitivity Tests

The sensitivity experiments are organized into six groups to facilitate comparison, as il-
lustrated in both Figure 3.1 and detailed in Table 3.1. These experiments are used to
assess the effects of the vertical mixing closure, grid resolution, and background diffusive
parameters on the simulation results and to identify the optimal parameter settings for the
main simulations.

3.2.1 KPP Turbulent Parameterization

The influence of a vertical mixing parameterization is evaluated by comparing results from
Groups 1, 2, and 3.
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Figure 3.1: Experimental design for the sensitivity tests. The vertical mixing scheme uses
either constant eddy diffusivity parameters (denoted as “constant”) or KPP. ∆x and ∆z
denote the horizontal and vertical grid sizes, respectively. Ah and Av denote the horizontal
and vertical eddy viscosity/diffusivity, respectively.

In Group 1 (cases C1-C3), a constant diffusivity is applied for different vertical grid sizes.
Figure 3.2 presents the results at t = 0.7 h, when the wave begins to reshape. Panels (a)-(c)
show the simulation results, and panel (d) presents the corresponding vertical profiles of
the wind-induced background current, U0(z).

From case C1 to case C3, ∆z increases. The three simulations exhibit several similar-
ities. First, the wind-driven momentum remains concentrated near the surface. Second,
the waves undergo strong instabilities and substantial deformation, particularly near the
surface. However, the simulation results are dependent on the vertical grid size. The pro-
files of U0(z) indicate that increasing ∆z leads to lower peak surface velocities and a more
gradual decay with depth, which also influences the detailed characteristics of the wave
instabilities.

The sensitivity of U0(z) to ∆z is caused by the way in which MITgcm distributes wind-
driven momentum. The wind stress, τwind, has units of Nm−2 and represents the wind
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Table 3.1: List of sensitivity runs and parameter settings

Group Run Vertical Mixing ∆x (m) ∆z (m) Ah (m2s−1) Av (m2s−1)

1

C1

Constant 10

0.5

10−5 10−5C2 1

C3 2

2

C1

Constant 10 0.5

10−5 10−5

C4 10−3 10−3

C5 10−1 10−1

3

K1

KPP 10

0.5

10−5 10−5K2 1

K3 2

4

K4

KPP

5

0.5 10−5 10−5
K1 10

K5 25

K6 50

5

K7

KPP 10 0.5

10−6

10−5
K1 10−5

K8 10−3

K9 10−1

6

K10

KPP 10 0.5 10−5

10−6

K1 10−5

K11 10−3

K12 10−1
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Table 3.2: List of vertical grids for sensitivity runs

Grid ∆z1 (m) ∆z2 (m) nz

1 0.5 2 750

2 1 4 375

3 2 4 225

4 4 4 150

∆z1 is the vertical grid size for the fluid in the upper 300 m, ∆z2 is the vertical grid size for the fluid in
the lower 300 m. nz is the total number of grid points in the vertical.

force per unit area. The total momentum input from the wind can be expressed as

Pwind =

∫ T

0

Fwind(t) dt = LxLy

∫ T

0

τwind(t) dt,

where Lx and Ly are the horizontal dimensions of the computational domain. In the 2-D
configuration considered here, Ly is equal to ∆y. Therefore, the total momentum input
from the wind is independent of ∆z, and consistent across the cases. To investigate why
U0(z) depends strongly on ∆z, assume that the fluid is inviscid; that is, the effect of the
vertical eddy viscosity is neglected. Under a constant wind stress, τwind, the wind-induced
acceleration in the uppermost grid cell can be written as

awind =
τwind

ρ0∆z
.

Consequently, the wind-induced velocity in the uppermost grid cell also scales inversely
with ∆z. This result closely matches the behaviour shown in panel (d) of Figure 3.2,
indicating thatAv = 10−5 m2 s−1 is too weak to propagate momentum downward effectively.
This further suggests that, when vertical mixing is weak enough to be neglected, although
the total momentum input from the wind is fixed, its vertical distribution depends strongly
on ∆z.

In Group 3 (cases K1–K3), the KPP mixing scheme is used, with grid parameters
corresponding to those in C1–C3 for direct comparison. The simulation results are shown in
Panels (e)–(g) of Figure 3.2. Turbulence is parameterized by the KPP scheme, facilitating
the more effective downward propagation of momentum into the ocean interior. This leads
to a smooth wind-driven current velocity profile, as depicted in Panel (h). Similar to cases
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with constant diffusion parameters, the top-layer wind-driven velocity decreases as the
grid size increases from ∆z = 0.5 to 2m. However, because the KPP scheme distributes
momentum transfer effectively, the vertical profiles of wind-driven currents remain largely
consistent across vertical grid resolutions. Wave behaviour is also similar across the cases.

Group 2 (cases C1, C4, and C5) is designed to evaluate whether increasing the vertical
and horizontal diffusive parameter Av and Ah can reproduce the background velocity pro-
files and wave’s evolution observed in the KPP results. Constant Ah = Av = 10−5, 10−3,
and 10−1m2/s are applied, and the results at t = 0.7 h are shown in Figure 3.3. The results
indicate that as Av and Ah increases, wind-driven momentum propagates more effectively
into the deeper layer, as evidenced by the gradually smaller wave-induced velocity ub near
the surface and the smaller vertical gradient. When Ah = Av = 10−1m2/s (Panel c), the
wave exhibits weak adjustment, which is similar to the evolution in the KPP results (Figure
3.2 e). However, applying large, spatially uniform eddy diffusivity and viscosity of order
10−1m2/s throughout the computational domain leads to an overly weak ub throughout
the water column compared with the KPP results, indicating excessive vertical viscous
mixing.

Therefore, constant diffusivity parameters are not an appropriate tool for studying the
effect of wind on internal solitary waves due to the difficulty of accurately representing the
vertical turbulence fluxes and their sensitivity to vertical grid spacing. Applying KPP as
the vertical turbulent scheme is a better approach for this physical process.

3.2.2 Grid Size

The sensitivity of the KPP scheme to vertical grid size has been evaluated in Group 3
in Section 3.2.1, as shown in Figure 3.2 (e)-(g). The results show that the scheme is not
sensitive to variations in vertical grid size for the case of wind-driven turbulence, with
∆z = 0.5 ∼ 2m.

To determine the optimal horizontal grid size for the simulation, Group 4 experiments
are conducted with a fixed vertical grid size of ∆z = 0.5m and varying horizontal grid
sizes of ∆x = 5, 10, 25, and 50m. The results are relatively insensitive to ∆x, except
that smaller ∆x values can resolve finer wave structures. The results shown in Figure 3.4
indicate that, at ∆x = 5m (Panel a), the simulation resolves small trailing waves. At
∆x = 10m (Panel b) and ∆x = 25m (Panel c), the simulations capture only the leading
wave and the secondary wave. At ∆x = 50m (Panel d), the horizontal resolution is
too coarse to resolve even the secondary wave, resulting in a significant loss of important
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Figure 3.2: Sensitivity tests for Groups 1 and 3 at t = 0.7 h. Shading is the horizontal
velocity fields, and lines are the density contours. (a)–(c) results for cases C1–C3 with con-
stant diffusivity parameters; (d) vertical profiles of background currents for cases C1–C3;
(e)–(g) results for cases K1–K3 with the KPP scheme; (h) vertical profiles of background
currents for cases K1–K3.

Figure 3.3: Sensitivity tests for Group 2 at t = 0.7 h: (a)–(c) results for cases C1,C4,C5
with constant diffusivity parameters; (d) vertical profiles of background currents for cases
C1,C4,C5.
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Figure 3.4: Sensitivity tests for Group 4 at t = 1h with ∆z = 0.5m: (a) K4 (∆x = 5m),
(b) K1 (∆x = 10m), (c) K5 (∆x = 25m), (d) K6 (∆x = 50m).

features. Given the available computational resources, ∆x = 5m is chosen as the horizontal
grid size in this study.

3.2.3 Diffusion Parameters

In the MITgcm, the background diffusion parameters Ah and Av can be tuned to control
the flow characteristics. The KPP-computed vertical diffusivity and viscosity will then
be added to the prescribed background Av. The background coefficients therefore set
the baseline level of interior mixing in regions without shear instability and can affect
the simulated flow fields. To evaluate the sensitivity of the simulation results to these
background parameters, Groups 5 and 6 were designed to investigate the effects of Ah and
Av, respectively.

The results for Group 5 are presented in Figure 3.5 (a)-(d), with Av fixed at 10−5m2/s
and Ah varied across 10−6, 10−5, 10−3, 10−1m2/s. The wave evolution results at t = 1h are
nearly identical, which indicates that the variations in the horizontal diffusivity Ah have
negligible effects on wave evolution.

In contrast, the results for Group 6, shown in Figure 3.5 (e)-(h), reveal that Av has
a more pronounced impact. In this group, Ah is fixed at 10−5m2/s, while Av is varied
across 10−6, 10−5, 10−3, and 10−1m2/s. The results demonstrate that significant changes in
wave evolution occur only when Av = 10−1m2/s. For Av ≤ 10−3m2/s, the wave evolution
remains nearly identical across cases. Therefore, the vertical diffusivity Av only signifi-
cantly influences wave evolution when it reaches a high value of O(10−1)m2/s, which is
unrealistically large for internal solitary wave studies.

These findings suggest that the KPP scheme is relatively robust to changes in back-
ground diffusivity parameters, making it unnecessary to frequently adjust Ah and Av in
simulations. Consequently, the values Ah = 10−5m2/s and Av = 10−5m2/s are adopted
for subsequent experiments.
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Figure 3.5: Sensitivity tests on background diffusivity for the KPP cases at t = 1h: (a)-(d)
Group 5 with Av = 10−5m2/s: (a) Ah = 10−6m2/s (K7), (b) Ah = 10−5m2/s (K1), (c)
Ah = 10−3m2/s (K8), (d) Ah = 10−1m2/s (K9). (e)-(h) Group 6 with Ah = 10−5m2/s:
(e) Av = 10−6m2/s (K10), (f) Av = 10−5m2/s (K1), (g) Av = 10−3m2/s (K11), (h)
Av = 10−1m2/s (K12).
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Chapter 4

Results

4.1 Introduction

Many studies have examined ISWs in coastal regions such as the northern South China Sea,
where waves generated near Luzon Strait propagate westward toward Dongsha Atoll and
the continental slope (Alford et al., 2015). These studies have documented a range of ISW
behaviors during shoaling, such as polarity change (Zhao et al., 2003), fission (Bai et al.,
2019), interactions with shear currents (Lien et al., 2012), and dissipation (Chang et al.,
2021). However, most previous work has focused on ISW evolution under the influence of
background currents and bathymetry. At the same time, the role of external forcing, such
as transient surface wind forcing, remains less well understood.

Wind forcing can modify the background conditions experienced by ISWs. Surface
winds can generate near-surface turbulence, deepen the mixed layer, and introduce ad-
ditional shear in the upper water column (Glenn et al., 2016; Miles et al., 2017; Foltz,
2019). Recent observations have suggested that wind forcing and ISWs act together to
enhance local mixing (Magalhaes et al., 2025). Field observations of this coupled process,
however, are limited by inadequate near-surface data. In addition, in complex oceanic envi-
ronments, observational studies often cannot fully isolate wind-induced and wave-induced
motions from the broader ocean system. Therefore, numerical simulations provide a con-
trolled framework in which this important but underexplored question can be examined
separately.

In this chapter, the response of an ISW to surface wind forcing is investigated using
a series of idealized simulations. Cases with positive and negative constant wind stress
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Figure 4.1: Diagram illustrating the physical process of wind’s influence on internal solitary
waves. (a) Wind direction aligns with the wave propagation direction. (b) Wind direction
opposes the wave propagation direction.

are first conducted. The effects of wind strength and wind ramping are then examined
to determine how the magnitude and time dependence of the applied forcing influence
wave evolution. The simulations aim to identify how wind affects ISW propagation and
structure.

4.2 Model Configuration

The physical processes simulated in this chapter are illustrated in Figure 4.1, which presents
two cases: (a) wind propagating in the same direction as the wave and (b) wind propagating
in the opposing direction. To investigate the processes, the model is set up as follows.

Based on the sensitivity tests described in Section 3, the simulations utilize a uniform
horizontal grid spacing of ∆x = 5 m, and a non-uniform vertical grid. The vertical reso-
lution is set to ∆z = 0.5 m from z = −300 m to z = 0 m and ∆z = 2 m from z = −600
m to z = −300 m. The time step ∆t is set to 0.2 s. The simulation domain extends
L = 40 km horizontally, with a total water depth of H = 600 m. The KPP mixing scheme
is applied to parameterize the vertical turbulent flux within the domain. The background
eddy viscosity νh, νv and diffusivity κh, κv parameters are all set to 10−5 m2/s.

The initial fields obtained from the numerical solution of the DJL equation (Eq. 3.2)
and the stratification equation (Eq. 3.1) are identical to those in Section 3.

To investigate the impact of wind strength, direction, and patterns on internal waves, a
group of experiments is designed with the parameters provided in Table 4.1. In all exper-
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iments, the wind stress is spatially uniform in the x direction. Constant wind conditions
are applied in experiments P1, P2, P3, and N1. Temporal variations of the surface wind
stress in experiments P1-up and P1-up-down are shown in Figure 4.2.

Figure 4.2: The wind patterns in P1, P1-up and P1-up-down.

4.3 Baseline Constant Wind Stress Simulations

In this section, we present the evolution of the ISW under constant wind stress. We first
define several variables and sign conventions used in the following analysis. Wind stress
is denoted by τx, where τx > 0 indicates that the wind aligns with the wave propagation
direction, while τx < 0 indicates the opposite direction. The horizontal velocity is denoted
by u. The background flow velocity, Ub, is measured at x = 35 km, and U0

b denotes its
surface value at z = 0. Similarly, uc denotes u at the wave centre xc and u

0
c represents its

surface value. xc is defined as the location of the maximum vertical displacement. The
wave propagation speed c is computed using a central difference approximation of xc in
time.

4.3.1 Positive Constant Wind Stress

Figure 4.3 displays results of the case P1, which shows the evolution of an ISW under a
constant positive wind condition τx = 0.3 N/m2. The initial profile for the stable ISW
is shown in Panel (a), where the wind has not affected the wave field. Panels (b)-(e)
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Figure 4.3: Evolution process for Case P1 with constant τx = 0.3 N/m2: (a)-(e) The
horizontal component of velocity u in the top 150 m is shaded, with five density contours
shown in black at t = 0 h, 0.8 h, 1.8 h, 2.7 h, and 3.7 h. (f) The vertical profile of the
wind-driven background current Ub, obtained by sampling u at x = 35 km; the black line
represents the initial state. (g) The vertical profile of uc at the trough of the leading wave
at the same times as in (f); the blue dots represent the location where u = c.
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Table 4.1: List of runs and parameter settings

Case Maximum Wind Maximum Wind Direction Pattern

Stress (N/m2) Speed (m/s)

P1 0.3 13.7 + constant

P2 0.6 19.4 + constant

P3 0.15 9.7 + constant

N1 0.3 13.7 − constant

P1-up 0.3 13.7 + temporally varying

P1-up-down 0.3 13.7 + temporally varying

Direction “+” means that the wind direction is aligned with the wave propagation direction, while
direction “−” means that the wind direction is opposite to the wave propagation direction. Wind pattern
“constant” refers to steady wind stress. Cases P1-up and P1-up-down have wind stress varying over
time, as shown in Figure 4.2. The wind speed is estimated using the bulk aerodynamic formulation
following previous wind-stress calculation (Pickett and Paduan, 2003).

present the wave fields from t = 0.8 h to t = 3.7 h. The wind induces an accelerated
background current Ub, with the vertical profile at different times shown in Panel (f). The
background current affects only the top 20 m of the water up to t = 3.7 h, being strongest
at the surface and decreasing with depth. The wind also leads to the formation and
deepening of a mixed layer. As the background conditions evolve continuously, the leading
internal solitary wave stays unstable and adjusts its shape. Panel (g) shows that during
the evolution, uc, the horizontal velocity at the wave centre, near the surface, increases
rapidly after the simulation begins. This increase creates a region where |u| > |c| near the
surface, as seen in Figure 4.3 (g), a characteristic that is not present in the initial wave
field. This can also be visualized in Panels (b)–(e), where a high-momentum region forms
at the wave centre. At t = 0, the surface velocity at the wave centre is u0c = 1.53 m/s.
At t = 0.8 h, the background current velocity is U0

b = 0.27 m/s, while the velocity at the
wave centre is u0c = 2.38 m/s. This indicates that the strong flow at the wave centre is
not a result of simple linear superposition of background currents and the initial wave’s
velocity field, as u0c (t = 0.8 h) exceeds the sum of U0

b (t = 0.8 h) and u0c (t = 0). In other
words, a nonlinear interaction between the background current and the ISW leads to a
concentration of momentum near the surface.

39



Figure 4.4: A close-up view of the snapshot of u from t = 0 to t = 1.2 h in the top 60 m,
showing only the density contours near the surface. The white lines indicate where u = c
and are used as a simple measure of the core thickness dc.

The entire wave evolution under wind can generally be divided into two stages: the
fission phase, where rapid reshaping of the wave occurs due to the onset of wind, and the
propagation phase, where the shape of the leading wave remains relatively robust while
the wave’s amplitude decreases.

Figure 4.4(a)-(d) illustrates the fission process from t = 0 h to t = 0.5 h. Within the
white contours, the fluid particle velocity u exceeds the wave propagation speed c. There-
fore, the steepening and overturning of the isopycnals occur at the rear of the wave (Figure
4.4c). Denser fluid then penetrates relatively lighter fluid layers, leading to the instability
observed at the wave centre (Figure 4.4d). During this stage, the key characteristics of the
wave also evolve significantly (Figure 4.5). Wave amplitude Amax is defined as the maxi-
mum displacement of the isopycnals at each time, and core thickness dc is defined as the
maximum depth at the location where u = c, which is used to assess the vertical extent
of convective instability. Note that the u = c contour in Figure 4.4 does not represent
the lower boundary of the core; the core structure extends below the white lines. The
amplitude of the leading wave decreases rapidly (panel a). This decrease can be explained
by the fission process, during which part of the leading-wave energy is transferred to the
trailing waves. In the presence of wind-induced shear currents, the core forms and grows
rapidly (panel b). During this stage, the propagation speed of the leading wave increases
from c = 1.58 m/s to c = 1.73 m/s.

After t = 0.5 h, no further overturning or fission occurs, indicating the start of the
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Figure 4.5: Evolution of key characteristics in Cases P1, P2, and P3: (a) maximum
amplitude |Amax|, (b) core thickness dc, (c) propagation speed c.

second stage, the propagation phase. Figure 4.4(e)-(h) shows that as the leading wave
continues to move forward, the instability region lags and trailing waves form, as observed
in Figure 4.3(c). Here, the instability region refers to the localized region of overturned
density structure. The overturning at the wave centre intensifies mixing, leading to the
formation of a core of fluid with nearly uniform density, indicated by the closed density
contours (Figure 4.4f). However, this stratification structure is not stable, suggesting that
the system cannot reach equilibrium under wind forcing. Figure 4.5 shows that, starting
from t = 0.67 h, the thickness of the wave core decreases significantly over time, while the
amplitude of the leading wave continues to decrease, but at a slower rate than during the
first stage. The propagation speed c remains nearly constant during this phase, although
the background current velocity continuously increases with time (Figure 4.3f). This nearly
constant value of c may result from a balance between the increasing background current
and the decreasing wave amplitude, which have opposite effects on c.

Under the strong shear shown in Figure 4.3(f), no numerical solutions of the DJL
equation exist for a stable internal solitary wave. Similarly, Walter et al. (2016) found that
the DJL model fails to accurately describe nonlinear internal solitary wave trains in the
presence of strong shear. This confirms the limitations of the DJL theory and shows that
the MITgcm model is needed for more accurate simulations.
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Figure 4.6: Evolution process for Case N1 with constant τx = −0.3 N/m2: (a)-(e) The
horizontal component of velocity u in the top 150 m is shaded, with five density contours
shown in black at t = 0 h, 0.8 h, 1.8 h, 2.7 h, and 3.7 h. (f) The vertical profile of the
wind-driven background current Ub, obtained by sampling u at x = 35 km; the black line
represents the initial state. (g) The vertical profile of uc at the trough of the leading wave
at the same times as in (f).
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4.3.2 Negative Constant Wind Stress

Figure 4.6 displays the wave evolution in Case N1, with τx = −0.3 N/m2, opposing the
direction of wave propagation. Compared with Case P1, reversing the wind direction
changes the direction of the background flow while preserving its velocity magnitude (panel
f). Under negative wind forcing, the wave exhibits only a weak adjustment in shape, and the
amplitude of the leading wave remains nearly constant. Panel (g) presents the horizontal
velocity profiles uc(z) at the wave trough. The negative wind reduces the near-surface
uc. Near the surface, Ub and uc have the same sign of vertical shear, ∂u/∂z, down to
approximately z ≈ −30 m.

Wind affects the wave field by both accelerating the background current and deepening
the mixed layer. We denote the background velocity and density profiles obtained from
the MITgcm by Ub(z, t) and ρb(z, t), respectively. To separately analyze the effects of
background velocity and stratification on wave evolution, the DJL equation is solved nu-
merically to obtain solitary wave solutions under four combinations of background velocity
U(z, t) and stratification ρ(z, t), C1-C4:

• C1: U(z, t) = Ub(z, t) and ρ(z, t) = ρb(z, t), which assess the combined effect of
background velocities and density on wave evolution.

• C2: U(z, t) = Ub(z, 0) = 0 and ρ(z, t) = ρb(z, t), which represent the case of no
background flow and examine how changes in stratification affect wave evolution.

• C3: U(z, t) = Ub(z, t) and ρ(z, t) = ρb(z, 0), which examine the influence of wind-
driven current on wave evolution.

• C4: U(z, t) = 0 and ρ(z, t) = ρb(z, 0), which serve as a reference case that represents
the situation without wind.

In conditions C1 and C3, the U(z, t) profile is fitted to Ub(z, t) using:

U(z, t) =
5∑
i=1

ai exp
(
−(biz + ci)

2
)
+ d (4.1)

Because Ub(z, t) varies rapidly with depth, it is fitted to ensure smooth Uz and Uzz for
the DJL calculation. For conditions C1 and C2, the ρ(z, t) profile is obtained by linear
interpolation of ρb(z, t) to fit in the DJL computational grids. Both ρb(z, t) and Ub(z, t)
are extracted from MITgcm.
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Figure 4.7: DJL solutions at the leading wave centre under conditions C1-C4 and MITgcm
solutions under N1. (a) Velocity profiles at the wave centre uc(z) at t = 0.3 h. (b) Same as
(a), but at t = 2.8 h. (c) Background velocity profiles Ub at x = 35 km (a region without
waves) from the MITgcm at t = 0.3 h and t = 2.8 h, with the fitted background velocity
profiles used in DJL cases C1 and C3 superimposed. In DJL cases C2 and C4, Ub(z) = 0
and is not shown. (d) Density profiles at the wave centre ρc(z) at t = 0.3 h. (e) Same as
(d), but at t = 2.8 h. (f) Background density profiles ρb from the MITgcm at t = 0.3 h and
t = 2.8 h, with the interpolated background density profiles used in DJL cases C1 and C2
superimposed. In DJL cases C3 and C4, background density profile is the initial density
profile applied in MITgcm and not shown.
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Figure 4.8: DJL solutions under conditions C1-C3 and the MITgcm solution for the tem-
poral evolution of (a) the propagation speed c and (b) the amplitude of leading wave |A|.

The numerical solutions of the DJL equation are computed from t = 0 to t = 2.8 h at
the time interval same as MITgcm outputs. Beyond t = 2.8 h, the DJL equation under
conditions C1 and C3 fails to converge when the background shear becomes too strong.
Figure 4.7 shows the velocity and density profiles at the wave trough, uc(z) and ρc(z), from
the DJL solutions, as a reflection of the wave’s structure.

At t = 0.3 h, a discrepancy is observed in the upper 50 m between the results from the
DJL C1 and the MITgcm, although their background conditions are nearly identical, as
shown in Panels (c) and (f). In particular, the MITgcm results remain closer to the initial
ISW state represented by C4. This discrepancy arises because the DJL equation describes
only the steady-state structure of an ISW under a prescribed background condition. In
contrast, in the MITgcm equipped with the KPP scheme, the background current and
density fields evolve. Consequently, the results in the MITgcm reflect the cumulative
effects of the changing background conditions over the preceding period.

By t = 2.8 h, uc(z) and ρc(z) in DJL C1 generally agree with the MITgcm results,
except near z ≈ −40 m. This agreement suggests that the DJL equation can reliably
capture the key characteristics of an ISW after a longer adjustment period. We therefore
use the DJL results for further analysis at this time.

To examine the effect of the wind-induced mixed layer, we compare C3 (shear only)
with C1 (mixing and shear), and C2 (mixing only) with C4 (no mixing and no shear),
at t = 2.8 h. The mixed-layer profile is shown in Panel (f). The profiles of uc(z) at the
wave trough are very similar between C1 and C3, indicating that the mixed layer has
little influence on the vertical structure of uc(z) in the presence of background shear. In
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contrast, clear differences are observed between C2 and C4. In C2, uc(z) is nearly uniform
within the mixed layer, a feature that is absent in C4. These results suggest that, in the
absence of background shear, the wind-induced mixed layer modifies the wave momentum
distribution, leading to a nearly uniform uc(z) within the mixed layer. However, when
background shear is present, it dominates the wave’s structure, rendering the mixed layer’s
influence negligible.

Baroclinic vorticity generation can explain the role of the mixed layer in shaping the
near-surface velocity structure. Under the Boussinesq and inviscid approximations, baro-
clinic vorticity generation is associated with horizontal density gradients, ρx. Within a
surface mixed layer, the wave-induced ρx is negligible, so little baroclinic vorticity is gen-
erated and the existing vorticity is approximately materially conserved. Consequently, the
near-surface vorticity, approximated by ∂u/∂z, largely reflects the ambient mixed-layer
vorticity. This explains the behaviour of cases C1 and C2. In C2, the absence of back-
ground shear results in ∂u/∂z ≈ 0 at the wave centre, as shown in Fig. 4.7(b), whereas
in C1, the nonzero background vorticity is approximately retained within the wave. Case
C3 has no mixed layer, allowing baroclinic vorticity generation near the surface. However,
the generated vorticity is small relative to the pre-existing background vorticity, so the
near-surface shear remains similar to that in C1.

Figure 4.8(a) shows the propagation speeds c. Under DJL C2 (mixing only), c remains
nearly unchanged. This suggests that the deepening of the mixed layer has only a minimal
effect on c. In contrast, the values of c under DJL C1 and C3 are similar and exhibit
the same decreasing trend as the MITgcm solution. Figure 4.8(b) shows the temporal
evolution of the wave amplitude under the various conditions. Overall, the amplitudes
obtained from all models are in close agreement (A ≈ −59 m). Thus, under negative wind
forcing, wind-induced background shear plays a dominant role over changes in stratification
in modulating the propagation speed of the evolving ISW.

4.4 Parameter Influence Experiments

4.4.1 Wind Strength

To examine the impact of wind strength on the ISWs, cases P2 and P3 are conducted
to study wave behavior under different wind conditions: strong wind (τx = 0.6 N/m2)
and weak wind (τx = 0.15 N/m2). The results are presented in Figures 4.9 and 4.10,
respectively. Larger wind stress generates a much stronger background current. At t = 3.7
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Figure 4.9: Evolution process for Case P2 with constant τx = 0.6 N/m2: (a)-(e) The
horizontal component of velocity u in the top 150 m is shaded, with five density contours
shown in black at t = 0 h, 0.8 h, 1.8 h, 2.7 h, and 3.7 h. (f) The vertical profile of the
wind-driven background current Ub, obtained by sampling u at x = 35 km; the black line
represents the initial state. (g) The vertical profile of uc at the trough of the leading wave
at the same times as in (f); the blue dots represent the location where u = c.
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Figure 4.10: Evolution process for Case P3 with constant τx = 0.15 N/m2: (a)-(e) The
horizontal component of velocity u in the top 150 m is shaded, with five density contours
shown in black at t = 0 h, 0.8 h, 1.8 h, 2.7 h, and 3.7 h. (f) The vertical profile of the
wind-driven background current Ub, obtained by sampling u at x = 35 km; the black line
represents the initial state. (g) The vertical profile of u at the wave trough of the leading
wave at the same times as in (f); the blue dots represent the location where u = c.
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h, the surface velocity of background currents U0
b reaches 0.30 m/s, 0.46 m/s, and 0.65

m/s for wind stresses of 0.15, 0.3, and 0.6 N/m2, respectively. The waves’ evolution
follows the same pattern under all conditions: fission occurs initially, and then the leading
wave maintains a robust form with a gradually decreasing amplitude. Differences emerge
when comparing the details of the two cases. In the strong wind case P2, fission is more
pronounced, evidenced by the leading wave with a smaller amplitude compared to P1 and
the secondary wave with a larger amplitude. Additionally, uc(z) decreases significantly
over time after t = 0.8 h under strong wind, whereas the decrease is slight under the weak
wind case P3(Panel g).

Figure 4.5 provides a direct comparison of the wave quantities. Panel (a) demonstrates
that |Amax| decreasing rate increases with the wind stress. Panel (b) depicts the temporal
evolution of core thickness dc. In all cases, the dc reaches the depth of approximately 21
m before decreasing at different rates. Consistent with the findings for |Amax|, stronger
winds lead to a more rapid reduction in dc due to increased eddy viscous dissipation Panel
(c) shows the evolution of propagation speed c. The presence of wind causes the waves to
initially adjust their speed to a higher value in accelerating background currents, and then
maintain at a consistent level. When wind is in the same direction as the wave, the ISW
under strong wind has a higher propagation speed.

4.4.2 Ramp Wind

The previous sections explored the impact of constant wind stress on internal wave fields.
When wind stress increases gradually (P1-up) and decreases gradually (P1-up-down), the
wave fields evolve differently. Figure 4.2 presents the wind patterns applied in these sce-
narios, each with a maximum wind stress τx = 0.3 N/m2. The development of the cor-
responding background conditions is illustrated in Figure 4.11. This figure displays the
horizontal background velocity at the surface level U0

b , and the Mixed Layer Depth (MLD)
diagnosed by T − T 0

b = −0.2 ◦C (de Boyer Montégut et al., 2004). Here, the MLD is used
to evaluate the stratification.

Figure 4.12 compares a constant wind scenario (P1) with a gradually increasing wind
scenario (P1-up) between t = 0.5 h and t = 1 h. The difference in u between the two cases
is also shown in Figure 4.12 (i)-(l), defined as uP1-up − uP1, after alignment by xc. The
fission in the case P1-up behave similarly as the case P1, while the wave shape adjustment
is weaker. This is because the gradually increasing wind stress causes a delay in the de-
velopment of the background current compared to the constant wind scenario (Figure 4.11
a). The MLD is also slightly lower than in case P1, but the difference is small (Panel b).
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From an energy perspective, the work done by the wind on the water partly increases the
KE by inducing shear currents, partly increases the PE by enhancing mixing, while the
remainder is dissipated through viscous processes. The gradually increasing wind reduces
the cumulative momentum input of wind. Consequently, the kinetic and potential energies
cannot reach the same levels as in the P1 case.

Figure 4.13 illustrates the effect of decreasing wind stress by comparing the results
of cases P1-up and P1-up-down between t = 3.8 h and t = 4.5 h. During this period,
τx in case P1-up remains 0.3 N/m2, while in case P1-up-down, τx has decreased to zero,
indicating that the wind has stopped (Figure 4.2). In contrast to case P1-up, where the
wave shape remains robust under constant wind stress, case P1-up-down shows different
behavior. As the wind stress decreases and the background current slows (Figure 4.14), an
adjustment process is triggered, resulting in small trailing waves behind the leading wave.
The detailed evolution of this adjustment in case P1-up-down is depicted in Figure 4.16.
At t = 3.8 h, shortly after the wind stops, instabilities are visible from the wave centre
to the rear of the wave (Panel b1). The |u| > |c| region becomes smaller and eventually
disappears by the end of the simulation (Panels d2–f2).

The above adjustment, which occurs after the wind stops, can be explained by changes
in background flow conditions. During this phase, both the background velocity Ub(z) and
vorticity ∂Ub/∂z near the surface decrease substantially, as shown by comparing t = 4.5 h
with t = 3.5 h in Figure 4.14(a). The new Ub(z) can no longer support the wave structure
observed in Figure 4.16(a1), which has high vorticity near the surface at the wave centre,
as shown in Panel (a2). Therefore, after the wind stops, the wave gradually adjusts its
structure to that shown in Panel (f1), where the near-surface vorticity becomes nearly zero,
as shown in Panel (f2).
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Figure 4.11: Comparison of the evolution of background conditions (a) U0
b , the velocity

of wind-driven currents at the surface; and (b) MLD, the mixed layer depth diagnosed
using T − T 0

b = −0.2 ◦C. The blue, red, and orange lines represent cases P1, P1-up, and
P1-up-down, respectively.
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Figure 4.12: Comparison of cases P1-up and P1. The horizontal velocity component u in
the top 150 m is shaded, with five density contours shown. Panels (a)-(d) show results
from case P1-up at t = 0.5, 0.7, 0.8, 1.0 h. Panels (e)-(h) show results from case P1 at
the same times. Panels (i)-(l) show the difference in u between the two cases, defined as
uP1-up − uP1, after alignment by xc.
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Figure 4.13: Comparison of cases P1-up and P1-up-down. The horizontal velocity compo-
nent u in the top 150 m is shaded, with five density contours shown. Panels (a)-(e) show
results from case P1-up at t = 3.8, 4.0, 4.2, 4.3, 4.5 h, while panels (f)-(j) show results from
case P1-up-down at the same times.
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Figure 4.14: Evolution of the background conditions in Case P1-up-down: (a) background
current profiles, Ub(z); (b) background density profiles, ρb(z); and (c) time evolution of
wind stress, τx, with the times selected in panels (a) and (b) marked by dots.
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Figure 4.15: Same as Fig. 4.14, but for Case P1-up.

Figure 4.16: Close-up view of case P1-up-down during the wind-weakening period. Panels
(a1)–(f1) show snapshots of u at t = 3.7, 3.8, 4.0, 4.2, 4.3, and 4.5 h in the upper 60 m,
showing only the density contours near the surface as black lines. The white lines indicate
where u = c. Panels (a2)–(f2) show the horizontal velocity profiles at the wave centre, uc,
with units of m/s.
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Chapter 5

Discussion and Conclusions

In this study, we employed the MITgcm to investigate the influence of wind, through its
effects on the background current and stratification, on the propagation of internal solitary
waves. A commonly adopted parametrization for the effect of wind in the mixed layer, the
KPP scheme, was employed throughout.

In the previous chapters, we first presented the results of the sensitivity experiments.
These results show that a scheme like the KPP is necessary to represent the downward
propagation of wind–induced momentum. When the KPP parametrization is enabled, the
choice of grid resolution in MITgcm mainly affects the resolved scales. Finer grids are
better able to capture wave fission and the resulting small-amplitude waves (Figure 3.4).
The diffusion parameters had little effect on wave evolution unless the background vertical
diffusivity was unrealistically high. Consequently, in the subsequent main experiments, the
KPP parametrization was used as the vertical mixing scheme. The grid resolution was set
to ∆x = 5 m and ∆z = 0.5 m in the upper domain, and the background diffusivities were
set to Ah = Av = 10−5 m2s−1.

We then presented the results of the main suite of simulations. The first part of the
analysis focused on the effects of constant wind stress. This included the positive wind
forcing case, where the wave propagates concurrently with the wind, and the vorticity of the
shear current also aligns with the wave-induced vorticity. It also included the negative wind
forcing case, where the wave propagates in a counter-current direction, and the vorticity
of the shear current is oriented in the opposite direction to the wave–induced vorticity.

Under positive wind forcing, the results show that wind-induced changes in the evolv-
ing background currents and stratification significantly alter the wave behaviour. More
specifically, the wave initially undergoes a period of fission, after which it evolves into a
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leading wave, followed by a secondary wave and weak trailing tails. Thereafter, its evo-
lution becomes more gradual and is characterized primarily by a continuous decrease in
amplitude. The initial fission can be interpreted as an adjustment to the development of
strong near-surface shear. After this adjustment, fission does not recur, and trailing insta-
bilities similar to those reported by Stastna et al. (2021) (their Figure 7) are not observed,
even though our Figure 4.4 shows a persistent region where |u| > |c| at the wave centre,
which indicates convective instability. The absence of trailing instabilities may therefore
be attributed to the representation of turbulent mixing by the KPP scheme. In particular,
the high dissipation rate predicted near the wave centre suggests that the turbulent struc-
tures associated with overturning are not explicitly resolved in the simulation, but their
dissipative effect is captured instead by the continuous decay of the wave amplitude.

The occurrence of a region where |u| > |c| is commonly associated with the presence
of closed streamlines in the wave frame and is referred to as a trapped core (Derzho and
Grimshaw, 1997). The temporal variation in the thickness of the |u| > |c| region can
therefore be used as an indicator of changes in the core strength. The core persists because
the near-surface vorticity of the background current does not increase substantially over
time. Without KPP, the background vorticity would continue to increase, potentially
causing the core vorticity to become sufficiently large to induce wave breaking, as shown
in Fig. 3.2 (a)-(c). In the simulation P1, P2 and P3, the core thickness continuously
decreases after the initial fission (Figure 4.5). This decreasing trend can be attributed
to strong dissipation within the core. Lamb (2002) points out that the existence of a
mixed layer is unfavorable for core formation, due to the reduced baroclinic generation.
Therefore, the continuously deepening mixed layer under wind forcing may also contribute
to this decrease. This process has not been investigated in depth in this study and remains
a topic for future work.

Under negative wind forcing, the ISW propagates with a larger amplitude and greater
stability than under positive wind forcing. A similar asymmetry in wave behavior under
opposing shear conditions was observed by Stastna et al. (2021), who attributed it to the
modification of the leading order balance between nonlinearity and dispersion by changes
in the background shear. In addition to the wave structure being determined by the
background stratification and current conditions, wind forcing in the present study can also
inject momentum directly from the surface into the wave field, introduce turbulence, and
thereby affect the wave evolution. The near-surface stratification at the centre of the wave
is stronger under negative wind forcing than under positive wind forcing. This stronger
stratification is less favorable for the downward transfer of turbulent fluxes from the surface
layer. As a result, the parameterized turbulence level within the wave is reduced, which
may also contribute to the larger wave amplitude observed under negative wind forcing.
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Therefore, we conclude that wind direction plays a critical role in the response of ISWs
to wind forcing through differences in the direction of wind-induced vorticity within the
background shear currents. This finding calls into question the conclusion of Magalhaes
et al. (2025), the only existing study that directly examines ISWs under wind forcing, that
wind direction is not important for the combined effects of wind- and ISW-induced mixing.
The discrepancy may arise because their study did not explicitly examine the influence of
wind-induced shear currents on the wave field. In their MITgcm simulations, background
currents were not applied because of the lack of near-surface velocity observations. Our
results show that wind moving in the same direction as the wave enhances mixing around
the wave centre, promotes regions of convective instability, and increases the propaga-
tion velocity. The role of wind direction should therefore receive greater attention when
interpreting observational data.

After establishing the basic differences due to wind direction, we then presented the
results of parameter-influence experiments. The first part of this work examines the effect
of wind strength. The results show that wind strength does not fundamentally change wave
evolution. The main effects are that stronger wind, when blowing in the same direction as
the wave, causes the leading wave to propagate faster and its amplitude to decrease at a
higher rate. This is attributed to the stronger turbulence induced by stronger wind and
the associated higher dissipation rate.

The second part examines gradually ramping up wind, which may better represent real-
life wind conditions. Compared with constant wind stress, gradually increasing wind stress
leads to a slower evolution process, as expected. This implies that the influence of wind
on ISW evolution is cumulative. Extending this finding to oceanic conditions, the wind
history before observation can also affect the subsequent evolution of the wave. In contrast,
gradually decreasing wind stress creates secondary instability and small amplitude trailing
waves, as shown in Figure 4.13. This can be explained by the weakening of the near-surface
background shear after the wind stops (Figure 4.14). Considering a shear-stratified fluid,
stratification provides a wave-guide for gravity waves, whereas a background shear current
provides a waveguide for vorticity waves (Stastna and Walter, 2014).The combined effects
of these two mechanisms can lead to the formation of an ISW with a trapped vortex–rich
core. When the shear weakens, the ocean state can no longer support the existence of a
trapped core. Therefore, after the wind stops, the near surface shear decreases and the
ISW adjusts from a trapped-core structure toward a new structure without closed density
contours. This structural transition leads to the secondary instabilities observed in the
simulation. These results further demonstrate the critical role of the background current
structure in determining the wave structure. They also show that the existence of wind-
induced shear depends on continuous wind momentum input. After the wind ceases, the
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shear does not persist only through inertia. This is physically reasonable because eddy
viscosity gradually weakens the shear once the wind input is removed.

The main limitations of the present study and possible directions for future work are
summarized as follows. First, the background conditions considered here are simplified
compared with those in the real ocean. Future work should consider more complex wind
forcing, such as realistic two-dimensional wind fields, to better represent upper-ocean re-
sponses under typhoon conditions (Wu et al., 2008; Dare and McBride, 2011; Ma et al.,
2025). The Coriolis effect should also be included, particularly for simulations over longer
time scales. In addition, air temperature should be considered to examine the effects of
surface heating and cooling. This is especially important when the air temperature is
lower than the sea surface temperature, as surface cooling can generate convective insta-
bility near the ocean surface. This process is parameterized by the non-local terms in
the KPP scheme, however these terms were not included in the present study. Including
surface buoyancy forcing would therefore provide a more complete representation of wind-
driven upper-ocean mixing and its influence on ISW evolution, at the cost of increasing
complexity.

Second, applying the KPP scheme to ISWs also has limitations. The KPP scheme is a
1-D vertical mixing parameterization. In this study, it is mainly used to represent wind-
induced vertical mixing and the downward transfer of wind-driven momentum. However,
mixing induced by instabilities of ISWs interacting with shear currents is a different physical
process. Such mixing cannot be represented by the current version of KPP. Previous
studies suggest that instability associated with ISW evolution can be spatially asymmetric
and may occur preferentially at the rear of the wave, as shown by Stastna et al. (2021) and
Bolioudakis et al. (2026). Therefore, a possible adaptation for this process should further
account for turbulence generated by unstable ISWs, as well as its horizontal variability.

More broadly, because KPP was originally designed for coarse-grid global models with
an emphasis on computational efficiency, several aspects of the scheme are controversial
when applied to high-resolution grids. First, it is a nonlocal scheme (Large et al., 1994).
KPP diagnoses the boundary layer depth h and then constructs eddy viscosities and dif-
fusivities using quantities at the boundary layer levels, such as surface fluxes and h. This
nonlocal formulation makes it possible for the relationship between the prescribed eddy
diffusivity structure and the local flow state to become detached. CATKE (Wagner et al.,
2025), while also a first-order closure scheme, instead diagnoses eddy diffusivities from
TKE and mixing lengths. Compared with KPP, this allows CATKE eddy diffusivities to
evolve locally with the flow state, including variations in shear, stratification, and turbu-
lence intensity. However, the scheme still requires further testing under complex forcing
conditions. Second, another limitation of KPP is that it is essentially a first-order clo-
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sure, meaning that the eddy diffusivities do not explicitly evolve turbulent fluxes. Recent
work has applied higher-order closure approaches to better represent both diffusive and
non-diffusive mixing in the ocean surface boundary layer (Garanaik et al., 2024, 2025).
In addition, a commonly discussed issue is how to incorporate more physical processes
into KPP. Upper-ocean processes that may influence mixing include Langmuir circulation
(Craik and Leibovich, 1976), whose incorporation into KPP has been explored in several
studies (Reichl et al., 2016; Li and Fox-Kemper, 2017), as well as surface wave breaking
(Sullivan and McWilliams, 2010). Future studies should use improved versions of KPP
that include these additional physical processes to simulate upper-ocean mixing under
more realistic and complex forcing conditions.

Our work suggests that ISWs should be understood not only as isolated waves, but
also as part of a coupled air-sea system. More specifically, the influence of surface forc-
ings, such as heat flux and wind stress, on ISWs is important but often overlooked in the
real ocean. These findings have important implications for both ocean observations and
numerical modeling. From an observational perspective, these findings call for integrated
atmospheric and oceanic measurements, including detailed observations of meteorological
forcing and upper-ocean turbulence during the passage of ISWs. From a modeling perspec-
tive, advances in computational capacity have made high-resolution regional ocean simu-
lations increasingly feasible in recent years. However, the current one-dimensional model
cannot capture the asymmetric turbulent structure associated with ISWs. Therefore, fu-
ture coastal ocean modeling will benefit from developing upper-ocean mixing schemes that
account for horizontal variability relative to the wave centre of ISWs.
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