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Abstract

Stable iron (Fe) isotopes have only been used recently to explore biogeochemical Fe
processes in terrestrial and aquatic ecosystems. The 3°°Fe values in natural samples range
from —4%o to 4%o. An increasing number of studies have focused on Fe isotopes in marine
settings. However, few studies have focused on lake systems and only in extreme
environments such as meromictic ferruginous lakes. This thesis has applications in two
distinct fields, freshwater eutrophic research and early Earth evolution. Phytoplankton
blooms have been studied extensively in lake ecosystems. Despite the fact that
macronutrients phosphorus and nitrogen are commonly known as dominant factors
controlling the blooms, the critical role of micronutrient Fe has been proposed in recent
studies. However, current understanding of the sources and availability of Fe for
phytoplankton blooms and Fe cycling in lakes in general remains limited. Although the
mechanisms that result in the deposition of banded iron formation in the Archean ocean
remain a subject of debate, it is proposed that photoferrotrophy played a significant role in
the oxidation of Fe(II) in anoxic Archean oceans. Studies investigating the occurrence and
significance of photoferrotrophy have primarily focused on meromictic and ferruginous
lakes. However, such lakes are thought to be rare on a global scale.

To explore the potential application of stable Fe isotopes for tracing biogeochemical
Fe cycling in Boreal Shield lakes, 8°°Fe values of dissolved, particulate, and sediment Fe
were measured in two small dimictic Boreal Shield headwater lakes: manipulated eutrophic
Lake 227, with annual cyanobacterial blooms, and unmanipulated oligotrophic Lake 442.
Within these small lakes, the range in §°°Fe is large (ca. —0.9 to +1.8%o), spanning more than
half the entire range of natural Earth surface samples. Two layers in the water column with
distinctive 8°°Fe of dissolved (DFe) and particulate Fe (PFe) were observed in both lakes,
despite large differences in trophic states. During cyanobacterial blooms in Lake 227,
selective uptake of isotopically light Fe modifies §°°Fe, resulting in A3°Fegis-part of up to 1%o
between dissolved and particulate Fe in the epilimnion while little fractionation was observed
in the epilimnion of Lake 442. In the anoxic layers in both lakes, upward flux from sediments

dominates the dissolved Fe pool with an apparent A>Fegis-part of —2.2 to —0.6%o. Large

A®Fegis-part and previously published metagenome sequence data suggest active Fe cycling



processes in anoxic layers, such as microaerophilic Fe(Il) oxidation or photoferrotrophy,
could regulate biogeochemical cycling. Large fractionation of stable Fe isotopes in these
lakes provides a potential tool to probe Fe cycling and the acquisition of Fe by cyanobacteria,
with relevance for understanding biogeochemical cycling of Earth’s early ferruginous
oceans.

To further explore the effect of phytoplankton blooms on biogeochemical Fe cycling
in the epilimnion and metalimnion of L227, seasonal variations in Fe concentrations, Fe
speciation and Fe isotope compositions of dissolved Fe (DFe), particulate Fe (PFe) and total
Fe (TFe) were reported in the oxic layers of L227 and L442. Biological uptake of Fe by
phytoplankton results in a decrease in DFe, an increase in PFe and a decrease in TFe in the
oxic epilimnion and metalimnion during the blooms. The prevalence of Fe(Il) in the
particulate Fe coupled with the depletion of Fe(Il) in the dissolved Fe during the blooms
suggest that diazotrophic cyanobacteria and chlorophytes in L227 likely utilize dissolved
inorganic Fe(II) rather than organic complexed Fe(IlI), highlighting the importance of Fe(II)
during iron acquisition. Uptake of isotopically light Fe by phytoplankton results in a
diagnostic change in the dissolved and particulate §°°Fe in the oxic layers. As a result,
dissolved 8°°Fe is more positive than particulate 5°°Fe in the oxic layers of L227, with
A>Fegis-part 0f 1.02 £ 0.33%0 (20) during the peak of the first bloom and A**Feis-part 0f 0.56 +
0.05%o (20) during the second bloom. The difference in A>°Fegispart Observed during the first
bloom and the second bloom suggests that uptake of Fe by chlorophytes might produce
distinct Fe isotope fractionation compared to diazotrophic cyanobacteria, possibly due to the
differences in their uptake kinetics, the specific Fe-uptake mechanisms and associated
enzymatic processes. The consistency in TFe concentration and Fe isotope composition of
TFe (8°¢Ferr.) in the epilimnion throughout the first and second blooms suggest that the
settling flux of particulate Fe is limited during the blooms, likely due to efficient retention by
phytoplankton. In contrast, during the decline of the bloom, the settling of isotopically light
particulate Fe(II) associated with biomass to profundal sediment caused 8°°Ferr. in the
epilimnion to become isotopically heavier. During the peak of the first bloom, the large
A>$Fedis-part, the more negative particulate §°°Fe and the more particulate Fe concentrations in
the metalimnion compared to what has been observed in the epilimnion suggest that

cyanobacteria could migrate to the upper zone of the anoxic hypolimnion to uptake Fe under
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Fe-limited conditions. Modelling results showed that isotopically light PFe and TFe
measured in the metalimnion during the peak of the first bloom are best explained by the
migration of cyanobacteria below the redox boundary for the uptake of dissolved Fe(I). The
observed seasonal variation in Fe concentration, speciation and isotope compositions
associated with the progression of two annual blooms show great potential in understanding
the role of Fe in the formation of cyanobacterial bloom and determining the availability and
source of Fe for cyanobacterial uptake.

To explore the Fe processes and Fe sources in the anoxic hypolimnia of Boreal Shield
lakes, seasonal variation in Fe concentrations and Fe isotope compositions of dissolved Fe
and particulate Fe in the anoxic hypolimnia along with the Fe concentrations and Fe isotope
compositions of porewater Fe and bulk sediment Fe in bottom sediment cores were reported
in four Boreal Shield lakes: one eutrophic Lake 227 and three oligotrophic Lake 221, Lake
304 and Lake 442. In the oxic layers of all lakes, dissolved 8°°Fe is more positive than
particulate 5°°Fe, likely modified by a combination of multiple processes including biological
uptake, photochemical reduction of particulate Fe(III), complexation of dissolved Fe and
dissolved organic matter, photolysis and microbial decomposition. The observed A>°Feqis-part
in the oxic layers of all lakes ranges from 0.06 £+ 0.09%o (206) to 1.02 + 0.33%0(20), with the
higher values likely arising from biological uptake. In contrast, the 8°°Fe values of dissolved
and particulate Fe are reversed in the anoxic hypolimnia of all lakes, with negative A3°Fegis.
part fractionations of —0.91 £ 0.58%o (25) in L221, —0.87 £ 0.81%0 (20) in L227, —1.06 £
0.26%o (26) in L304 and —0.72 £ 0.25%0 (20) in L442. Particulate Fe from the epilimnia is
likely reduced completely by dissimilatory iron-reducing bacteria at the redox boundary,
supported by the similarity in 3°°Fe between dissolved Fe in the anoxic hypolimnia and
particulate Fe in the epilimnia of all lakes. The highly positive 8°Fe values of particulate Fe
in the anoxic hypolimnion and the large A>*Fegis-part fractionations indicate in situ active Fe
cycling in the anoxic hypolimnion. The most plausible explanation for the large A>°Fegis-part
fractionations in the anoxic hypolimnion is microbial oxidation, possibly photoferrotrophy,
supported by the 16S rRNA gene sequencing and genome-resolved metagenome sequencing
analysis. An increase in the magnitude of A>®Fegis-part With depth and over time was observed

in L221, L227 and L304, likely due to the variation of the oxidation rates, supported by
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increased particulate Fe concentrations with depth and time. The high concentration and
negative §°°Fe values of porewater Fe(Il) suggest that DIR dominates organic mineralization
pathways in sediment cores from the bottoms of L227, L304 and L442. The DIR-produced
porewater 8°°Fe is further modified by the diagenetic formation of siderite in the upper
section of sediment cores and the diagenetic formation of pyrite in the deeper section.
Temporal and spatial variation in Fe isotope fractionation in the anoxic hypolimnia, along
with the Fe isotope signatures in the sediment, suggest active Fe cycling in four lakes,
highlighting the potential of seasonally anoxic Boreal Shield lakes to serve as analogues of

the late Archean ocean.
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Chapter 1

Introduction

1.1. Literature review

1.1.1. Geochemistry of iron

As the fourth most abundant element in the Earth’s crust,! iron (Fe) forms complexes
and reacts with many important elements such as oxygen (O), carbon (C), nitrogen (N),
sulfur (S) and phosphorous (P) in natural environments.? As such, Fe redox transformations
play an important or even a dominant role in the physicochemical processes involving these
redox-sensitive elements, which together compose the main biogeochemical cycles in
terrestrial and aquatic ecosystems.? Furthermore, Fe redox transformations provide important
potential pathways to treat the contaminants in freshwater systems as Fe can either act as a
catalyst in the reduction of metals (e.g., Cr, As),* > radionuclides (e.g., U)® and organic
contaminants,”® or influence the mobility of these substances through sorption and co-
precipitation,’ 1 leading to subsequent precipitation and removal of these substances from
aquatic environment (see review!'!).

Fe has two main redox states in natural environments: ferrous Fe (Fe(Il)) and ferric
Fe (Fe(Ill)). The chemical behaviour of Fe in aquatic systems depends strongly on
physicochemical conditions (e.g., pH and Eh), dissolved organic matter (DOM) and
inorganic substances that could interact with Fe.!? Fe(I) is easily soluble under anoxic
conditions, but it can react with dissolved sulfide, bicarbonate or phosphate, leading to the
precipitation of Fe(II) minerals (e.g., FeS, siderite or vivianite) when these minerals are
saturated. Fe(III) is thermodynamically stable under oxic conditions and tends to form poorly
soluble Fe oxyhydroxides at circumneutral pH. A decrease in pH usually increases the
solubility of Fe(III).!? Decreasing pH can also promote the stability of Fe(IT) in the presence
of O, by slowing the rate of oxidation, making dissolved Fe(II) quite quasi-stable
(pH<4.0).!2 Both Fe(II) and Fe(I1I) form strong complexes with DOM. 315 With the
complexation of Fe with DOM leading to increased solubility of dissolved Fe(III) and the

stability of dissolved Fe(II)!%!8, Fe(II)-DOM complexation can either accelerate or have no



effect on the rate of Fe(Il) oxidation. The variable effects depend on the molecular
composition of DOM and experimental system.!? It is widely reported that Fe is intimately
associated with DOM by strongly binding to organic ligands in aquatic environments.?%-2*
Most of Fe(ITI) (>99%) is organically complexed Fe(IIl) in surface seawater®-2* and likely
also for surface freshwater systems.?*

Abiotic redox reactions of Fe with redox species of other elements play a substantial
role in environmental Fe cycling. Fe(Il) is rapidly chemically oxidized to Fe(IIl) by O; at
circumneutral pH, whereby the rate strongly depends on pH, temperature and oxygen
concentrations.?® The abiotic oxidation of Fe(IT) by MnO; plays an important role in micro-
oxic and anoxic environments such as freshwater and marine sediments.?® Fe(II) can also be
oxidized by NO: and such reactions have a key role in the oxic-anoxic boundary zone.?’
Conversely, Fe(IIl) oxyhydroxides can be reduced abiotically by certain types of organic
ligands (e.g., humic and fulvic acids) and hydrogen sulfide (H2S), the latter of which has an
important role in sulfate-rich environments where reduction of sulfate can produce a
relatively high concentrations of sulfide.?® 2 Fe(III) can also be photochemically reduced to
Fe(Il) in the presence of light, either via direct ligand-to-metal charge transfer (LMCT) or via
indirect reactions with photochemically produced radicals.>® Organically complexed Fe(III),
the predominant Fe species in most surface aquatic systems with circumneutral pH, is readily
reduced by photochemical reduction.?! Consequently, photochemical Fe(III) reduction is a
widespread pathway in sunlit freshwater and marine environments, producing inorganic

dissolved Fe(Il) in surface oxygenated water.?

1.1.2. Microbially mediated Fe redox processes

Fe plays an important role in the biosphere. Fe is intimately involved in various
microbial metabolic processes, acting as an electron donor or acceptor.>? Microbial Fe redox
pathways are mediated by Fe(Il)-oxidizing and Fe(IIl)-reducing microorganisms, which gain
energy from Fe redox transformation.? 32 33 Neutrophilic Fe(Il)-oxidizing bacteria include
microaerophilic Fe(Il)-oxidizing bacteria, photoferrotrophs and nitrate-reducing Fe(II)-

oxidizing bacteria.?® 3233 In most cases, the products of biological Fe oxidation are



commonly thought to be poorly crystalline Fe(IIl) oxyhydroxides (e.g., ferrihydrite), which
could mature into other crystalline Fe(III) minerals (e.g., goethite).>

Microaerophilic Fe(Il)-oxidizing bacteria can oxidize Fe(II) in the presence of a trace
amount of O, in aquatic systems and sediments.* 3*> Microaerophilic Fe(I) oxidizing
bacteria commonly inhabit oxic-anoxic interfaces, where O is less than 50 uM,*¢ or micro-

37.38 a5 the rate of

oxic environments, where O3 is at submicromolar concentrations,
microaerophilic Fe(II) oxidation needs to outcompete the rate of abiotic oxidation by O at
circumneutral pH.?* The most notable examples of microaerophilic Fe(IT)-oxidizing bacteria
include freshwater genera Gallionella, Sideroxydans, Ferriphaselus, Leptothrix and marine
genera Mariprofundus and Ghiorsea.>

Photoferrotrophs are primary producers that fix inorganic carbon into organic matter
utilizing light as an energy source and Fe(II) as an electron donor.*’ Photoferrotrophs are
thought to live mostly in aquatic environments as light can penetrate more than 100 m in the
water column and only several millimeters in soil and sediments.>* #! Photoferrotrophy is
identified in three taxonomic groups, including purple sulfur bacteria (PSB, phylum
Gammaproteobacteria; e.g., Thiodictyon sp.), purple non-sulfur bacteria (PNSB, phylum
Alphaproteobacteria; e.g., Rhodobacter ferrooxidans) and green sulfur bacteria (GSB, family
Chlorobiaceae; e.g., Chlorobium ferrooxidans), although most of them are also able to utilize
several electron donors other than Fe(IT).3 It has been suggested that GSB could inhabit
deeper in the water column with low light availability compared to PSB and PNSB due to the
lower light requirement and the shorter wavelengths utilized by GSB.#>43

Nitrate-reducing Fe(II)-oxidizing bacteria (NRFeOx) can couple the oxidation of
Fe(II) to the reduction of nitrate under anoxic conditions in various aquatic systems and in
the upper few millimetres of sediments.** Only a few strains, called chemolithoautotrophic
NRFeOx, can utilize Fe(II) as an electron donor and gain energy to fix inorganic carbon into

45,46

biomass, while most other NRFeOx cannot grow autotrophically, hence requiring an

organic co-substrate for Fe(Il) oxidation.*”*® Although there is considerable debate on

whether Fe(II) is enzymatically oxidized during metabolisms?*”> 4

or Fe(Il) is chemically
oxidized by the reactive nitrogen species produced from heterotrophic denitrification,>
nitrate-reducing Fe(I)-oxidizing bacteria may have played a key role in coupled Fe-N redox

transformation (e.g., production of the greenhouse gas N>O).



Fe(II)-reducing bacteria couple the reduction of Fe(IIl) substrates with the oxidation
of inorganic compounds (Hz2, NH4), CH4 or organic matter (OM), including fatty acids,
amino acids and various aromatic compounds, in anoxic environments.>! Examples of
Fe(IlI)-reducing bacteria include Geobacter spp., Shewanella spp., Albidoferax
ferrireducens, Geothrix fermentans and some hyperthermophilic archaea.®® A variety of
Fe(III) substances can be reduced by Fe(Ill)-reducing bacteria including dissolved Fe(III)
complexes, poorly crystalline Fe(IIl) oxyhydroxides (e.g., ferrihydrite), crystalline Fe(III)
oxides (e.g., goethite, hematite and magnetite) and Fe-rich clays (e.g., smectite).>>>* The
products of dissimilatory iron reduction (DIR), including siderite, magnetite, vivianite and
green rust (i.e., mixed valence layered hydroxides), are influenced by factors such as the
concentration of other anions, the concentration of Fe(III) substances, the Fe(II) supply rate
and the bacterial species mediating Fe reduction.®->7 Several Fe(Ill)-reducing species need
direct contact with the surface of Fe(III) substances, whereas other species can utilize either
extracellular conductive structures (e.g., conductive pili) or redox-reactive electron shuttles
(e.g., humic substances) to transfer electrons to Fe(II) over distances of multiple um to
cm.?% 33 Recent studies also highlight the important role of microbial Fe(IIT) reduction in the
oxidation of ammonium and methane in anoxic environments.>® It was suggested that Fe-
ammox, which couples the reduction of Fe(IIl) with the oxidation of ammonium, can be
mediated by some bacteria (e.g., Acidimicrobiaceae sp. A6)°® in anoxic water-saturated soils
such as riparian and wetlands.>” %° In addition, Fe(IIl)-dependent anaerobic methane
oxidation that links the reduction of Fe(IIl) and methane oxidation was inferred in anoxic
environments such as lakes, freshwater and marine sediments, and aquifers.®-63

Archaea also perform Fe reduction and Fe oxidation. Fe(II)-oxidizing archaea and
Fe(IIl)-reducing archaea are widespread in natural environments.** Most of Fe(I)-oxidizing
archaea are acidophiles (e.g., Metallosphaera yellowstonensis)® that are discovered in acidic
environments. Fe(IIl)-reducing archaea include (hyper-)thermophilic archaea® and anaerobic
methane-oxidizing archaea®’ that can couple the reduction of Fe(III) with the oxidation of H,

or CHa.



1.1.3. Iron acquisition and utilization in phytoplankton in aquatic ecosystems

Fe is a crucial element in nearly all living organisms as it is readily incorporated into
various biological compounds, especially metalloproteins involved in metabolisms.? It is now
well established that Fe is an essential micronutrient for phytoplankton, including eukaryotic
algae and cyanobacteria.®® Both cyanobacteria, the oldest oxygenic photoautotrophs
responsible for the initial rise of atmospheric Oz on early Earth, and eukaryotic algae are
important primary producers in freshwater and marine systems.® Some cyanobacteria are
capable of nitrogen fixation, hence playing an important role in the nitrogen cycle. It is
widely accepted that phytoplankton, especially nitrogen-fixing cyanobacteria, have a greater
Fe requirement than other heterotrophic bacteria.”’’> However, Fe is typically scarce in oxic
aquatic environments due to its limited solubility at circumneutral pH.? The constraints of Fe
on phytoplankton growth were observed in some lakes and in certain high-nutrient, low-
carbon areas of the ocean (e.g., the Southern Ocean, northeast Pacific Ocean and the
equatorial Pacific Ocean), where the bioavailability of Fe could limit biological
productivity.”*77 Nevertheless, cyanobacteria and eukaryotic algae could either utilize
adaptive mechanisms to optimize Fe uptake or decrease their requirement for Fe to survive in
environments where Fe is extremely rare.”® The bioavailability of Fe to phytoplankton is
controlled not only by Fe redox processes, which influence the speciation, solubility and
mobility of Fe, but also by the specific Fe-uptake pathways in each strain.”® Considerable
effort has been made to understand the mechanisms of Fe acquisition in phytoplankton,
especially in cyanobacteria.” % The common Fe-uptake mechanisms include porin-mediated
Fe uptake, siderophore-mediated Fe transport and reductive Fe uptake.” 3 It is commonly
considered that dissolved inorganic Fe (Fe’) is more bioavailable than organically complexed
Fe in terms of Fe acquisition by cyanobacteria.®!- 82 Fe’ can be transported through the outer
membrane of cyanobacteria by porins, which are not permeable to organically complexed
Fe.®? The porin-mediated Fe uptake is proposed to be a common Fe transport pathway
amongst cyanobacteria.’* However, as most of Fe (>99%) is organically complexed Fe in
aquatic systems,??* the concentration of Fe’ is extremely low. Siderophore mediated
transport, which involves the complexation of Fe(IIl) with low molecular weight compounds
(siderophore) and the transport of Fe(IlI)-siderophore complexes into the cell, is well

characterized in both cyanobacteria and eukaryotic algae under Fe starvation.3>87 An



alternative pathway of Fe acquisition that has been studied extensively in cyanobacteria and
eukaryotic algae is reductive Fe uptake, which involves the reduction of Fe(IIl) before the
transport of Fe through the plasma membrane. Cyanobacteria are thought to reduce Fe(III) to

dissolved inorganic Fe(II) on the plasma membrane (or in the periplasm),33: 88 89

or generate
superoxide to reduce Fe(III) to dissolved inorganic Fe(Il) extracellularly.’® °! In addition,
reduction/reoxidation Fe-uptake is proposed in some phytoplankton strains, which require the

subsequent reoxidation of Fe(IT) in the periplasm before Fe internalization.”?

1.1.4. Evolution of the biogeochemistry of ancient oceans

The evolution of the ocean and atmosphere in early Earth is closely linked to the
biogeochemistry of Fe.”* 4 Despite current limited knowledge of the nature of ancient ocean
chemistry, the Archean ocean (4.0-2.5 billion years ago, Ga) is considered to have been
predominantly anoxic and ferruginous, with low sulfate concentrations® ¢ and a high
abundance of dissolved Fe(II) under the low-oxygen atmosphere.”” However, studies on the
geochemical proxies of the late Archean ocean suggest that while the deep ocean is likely
characterized by anoxic ferruginous conditions, oxygenated or partially oxygenated surface

98101 prior to the Great Oxidation Event, which

oceans developed around 2.7-2.5 Ga,
transferred the atmosphere from almost no oxygen to oxygenated about 2.4 Ga to 2.0 Ga.””
102 Anoxic ferruginous conditions of the deep ocean may persist throughout much of the
Proterozoic until about 580 million years ago, with sulfate concentrations less than 400
uM. 103106 Stydies on the reconstruction of ocean redox conditions in the mid-Proterozoic
suggest that euxinic conditions were widespread at mid-depth oceanic water in continental

d.%4 107,108 Fyrthermore, recent findings suggest

margins or restricted settings during this perio
that ferruginous deep oceans may have even been prevalent into the Cambrian.!” Such
conditions in the Archean-Proterozoic oceans differ fundamentally from those prevailing in
the modern ocean, suggesting that changes in the Fe cycle would have played an essential
role in the biogeochemical and redox evolution of the ocean.”* *” However, the very low
concentration of Fe in modern oxygenated oceans poses a challenge to studying the

biogeochemistry and redox structure of ancient oceans.



Photoferrotrophy is most probably linked to primary production in the ancient ocean.
Some studies have suggested that primary productivity in the Precambrian ocean may have

110, 111

been much lower than in modern oceans. Anoxygenic photosynthesis likely evolved

before oxygenic photosynthesis and is supported by molecular phylogenetic analyses.!!>-114
Consequently, anoxygenic photosynthesis likely accounted for much of the primary
production in the Archean and possibly also early Proterozoic oceans.!!> 116
Photoferrotrophy, a Fe(II)-dependent anoxygenic photosynthesis, can link the production of
organic carbon to the oxidation of ferrous Fe.*® It has been proposed that photoferrotrophy
could have been responsible for the majority of primary production in the photic layers of

anoxic ferruginous ancient oceans prior to the evolution of oxygenic photosynthesis.!!!- 117

1.1.5. Deposition of banded iron formations

Sedimentary rocks precipitating from ancient oceans provide insight into the
biogeochemistry and redox structure of the Precambrian oceans, the evolution of the
atmosphere in early Earth, and Fe sources and sinks in the oceans. Banded iron formations
(BIFs) are layered chemical sedimentary rocks that contain 15-40 weight percent (wt%) Fe
and 40-60 wt% Si0O; and consist of layers of Fe oxide, Fe carbonate and Fe silicate
minerals.!!'® 1% The majority of BIFs are deposited from the early Archean to the late
Paleoproterozoic and thought to be indicative of prevalent anoxic ferruginous conditions in
the ocean over this period.''®> 12 Although there are increasing findings of Neoproterozoic
and Phanerozoic BIF,!2!"123 the major BIF deposition is commonly considered to cease at
~1.8 Ga, suggesting the fundamental transitions from ferruginous to euxinic or oxic
conditions.''- 129 Considerable attention was devoted to understanding the possible
explanations for this disappearance of BIF at 1.8 Ga. Early studies imply that the mild
oxygenation of the deep ocean between 1.8 and 0.8 Ga caused the oxidation of dissolved Fe,
resulting in the disappearance of BIF after 1.8 Ga.””- 124 125 An alternative interpretation is
that the prevalent euxinic conditions in the deep ocean in mid-Proterozoic (~1.8-1.0 Ga)
would have led to the precipitation of pyrite and reduced the availability of dissolved Fe for
the deposition of BIFs, resulting in the termination of BIF deposition globally.!26: 127

However, recent studies have suggested that euxinic conditions were only developed in mid-



depth oceanic water in continental margins whereas anoxic ferruginous conditions are
widespread and dominant in the deep ocean from Late Paleoproterozoic to Late
Neoproterozoic (1.8 to 0.58 Ga).”* 195108 This inference is also supported by the recent
discovery of Mesoproterozoic and Neoproterozoic BIFs.!?!"123 Nevertheless, such euxinic
conditions in mid-depth continental margins can suppress BIF deposition, as Fe(Il) diffusing
from anoxic ferruginous bottom could be titrated by sulfide along euxinic continental
margins.

The massive deposition of BIFs requires large masses of dissolved Fe in the seawater,
which could be transported into the ocean via continental and hydrothermal sources.”’> 128129
Hydrothermal fluids are commonly considered the dominant source for BIF deposition,
supported by the similarity of rare earth element patterns between BIF and hydrothermal
fluids,!3% 13! and Si isotope signatures.!** 133 Benthic/diagenetic Fe sources mediated by DIR
were also proposed as an important Fe source in BIF deposition.!** 135 Other proposed
continental sources, such as riverine input of dissolved Fe, are unlikely the predominant
sources as riverine input of dissolved Fe was insufficient to sustain the concentration of Fe
that is required for the precipitation of Fe minerals in the ocean and BIFs normally contain a
low fraction of detrital components.®’> 136

BIFs are commonly thought to be composed of oxide facies (magnetite and hematite),
silicate facies (chert, greenalite and stilpnomelane), and carbonate facies (siderite, ankerite
and ferroandolomite).!!8: 119 137 It is generally accepted that silica-associated Fe(IIT)-
oxyhydroxides are the primary precipitates in BIF,!!” although some studies argue that
greenalite might be the primary precipitate.!3%140 Despite the post-depositional alteration
caused by the diagenetic and metamorphic processes after the initial deposition of BIFs, the
presence of Fe oxides (e.g., magnetite and hematite) in BIF, interpreted to have originated
from Fe(Ill) oxyhydroxides, requires the oxidation of ferrous Fe in Archean oceans where
anoxic conditions are commonly considered to be prevalent.!!” 3! Tt is widely accepted that
there are three possible Fe oxidation mechanisms involved in the deposition of BIFs in
anoxic and ferruginous oceans: (1) biotic (microaerophilic Fe oxidation) or abiotic oxidation
by O that is produced by oxygenic photosynthesis;!*! (2) abiotic photo-oxidation by UV;!4?
(3) microbial phototrophic Fe oxidation (photoferrotrophy).4%- 143: 144 Although the relative

contribution of these proposed mechanisms is debated, it has been proposed that



photoferrotrophy may have played a substantial role in Fe(II) oxidation and BIF deposition in
the anoxic and ferruginous seawater of Archean oceans.!?% 143-146 Furthermore, experimental
studies demonstrate that photoferrotrophy has the capacity to produce sufficient supply of
Fe(II0) for the ferric oxides in BIFs,!43 144

1.1.6. Archean ocean analogues: the occurrence and significance of

photoferrotrophy

Although the geological record in rocks provides valuable information for
understanding biogeochemical processes occurring in past oceans, inferences solely based on
the rock record (e.g., proxies) might be inaccurate or imprecise due to factors such as
alteration through burial diagenesis or metamorphism, preservation bias, non-unique
signatures and conflicting proxies.!#’ To better understand the biogeochemical processes
occurring in the past oceans, natural modern environments with analogy to different states of
past oceans have been investigated. Modern ferruginous meromictic lakes are studied as
Archean ocean analogues to explore the biogeochemical Fe processes, especially
photoferrotrophy, shedding light on how photoferrotrophs could have shaped biogeochemical
cycling of Fe in the Archean ocean.!*® A meromictic lake is permanently stratified into
mixolimnion and monimolimnion with incomplete mixing between the two layers.!* In
ferruginous meromictic lakes, Fe concentrations in the monimolimnion are expected to be
relatively high compared to the oxic mixolimnion.

Modern ferruginous meromictic lakes are rare globally.'*® To date, the occurrence
and significance of photoferrotrophy have been investigated in a few ferruginous meromictic
lakes, including Lake Matano (Indonesia), Lake La Cruz (Spain), Kabuno Bay of Lake Kivu
(Democratic Republic of the Congo), Brownie Lake and Lake Svetloe (U.S.A.).150-155 A
population of anoxygenic phototrophs was detected in the anoxic photic zone of each of these
lakes. However, the identification of anoxygenic phototrophic communities that are closely
related to known photoferrotrophs by 16S rRNA gene sequencing or pigments analysis is
insufficient to indicate the occurrence of photoferrotrophy since most of anoxygenic
phototrophic bacteria can utilize electron donors other than Fe(II).!>® It is necessary to

demonstrate that those anoxygenic phototrophic bacteria are performing Fe(Il)-dependent



anoxygenic photosynthesis in sifu. The activity of photoferrotrophy was confirmed only in
Lake La Cruz and Kabuno Bay of Lake Kivu.!>!- 15> Anoxygenic phototrophic GSB were
detected in the photic chemocline of Lake Matano and were proposed to be sustained by
photoferrotrophy.'*?> However, a recent study suggested that these GSB, possessing sulfide-
oxidizing genes, are likely S-oxidizing phototrophs rather than iron-oxidizing phototrophs,
despite the very low concentration of sulfide in the anoxic chemocline of Lake Matano.!>
Anoxygenic phototrophic GSB were detected in the anoxic zone of Lake Svetloe, and the
rate of anoxygenic photosynthesis was determined to be up to 0.69 umol C L' d-!, which
significantly contributes to the total carbon fixation in the anoxic chemocline.!** However,
the occurrence of photoferrotrophy necessitates direct evidence (i.e., in situ activity of
photoferrotrophy) despite the presence of Chlorobium phaeoclathratiforme, which are
phylogenetically close to Chlorobium ferrooxidans.'>* Photoferrotrophs that are closely
related to Chlorobium ferrooxidans were detected in the anoxic photic zone of Lake La
Cruz.'> Furthermore, the in situ activity of photoferrotrophy was observed in Lake La Cruz,
and the rate of photoferrotrophic Fe oxidation has been estimated at 0.2-1.4 pmol Fe L' d-
1155 This is the first time that photoferrotrophic activity was confirmed in a modern
ferruginous meromictic lake. /n situ photoferrotrophy was reported in the illuminated
chemocline of Kabuno Bay of Lake Kivu, where anoxygenic phototrophs contribute
significantly to carbon fixation.!>!: 17 In the anoxic chemocline of Kabuno Bay of Lake Kivu,
the carbon fixation rates of photoferrotrophy (3.4 mol C m? y!) are comparable to the values
predicted for primary production in ancient ferruginous oceans, and the photoferrotrophic Fe
oxidation rates (100 umol Fe L' d'!) are sufficient to supply Fe(III) for the deposition of BIF
in early ferruginous oceans.!! Chlorobium phaoferrooxidans, a novel photoferrotroph
belonging to the genus Chlorobium, was isolated from the water column of Kabuno Bay of
Lake Kivu.!*® Another novel photoferrotroph, Chlorobium sp. strain BLA1, was also been

isolated from the water column of Brownie Lake.!3°

1.1.7. Fe isotope fractionation during biogeochemical Fe processes

Natural Fe isotopes are a powerful tracer to understand the biogeochemical Fe

processes in terrestrial and aquatic ecosystems. The variations in 3°°Fe values in natural

10



samples span a range of up to 8%o (from ~ —4%o to 4%o), with the largest variations recorded
in Precambrian sedimentary rocks.'*® 1% Much effort has been made to investigate Fe isotope
fractionations arising from different Fe processes in theoretical, experimental and natural
environmental studies (see recent reviews).!> 161-163 Fe isotope fractionations mainly result
from slightly different efficiencies of the isotopes of Fe involved in biophysiochemical
reactions, which is either caused by kinetic effects that refer to the different reaction rates for
isotopes of Fe in a quasi-irreversible reaction, or equilibrium effects that refer to the
distribution of isotopes between different phases or species in isotope exchange reactions.'®
Fe isotope fractionation occurs during various biogeochemical processes such as redox
reactions, adsorption, ligand-complexation, precipitation and Fe acquisition.

Some of the largest Fe isotope fractionations are induced by Fe redox changes,
including both abiotic and biotic reactions. The net Fe isotope fractionation between Fe
oxides and aqueous Fe(Il) reflect the combination of an equilibrium fractionation between
aqueous Fe(III) and aqueous Fe(Il) and a kinetic fractionation between Fe oxides and
aqueous Fe(IIT) during precipitation.'>® The equilibrium fractionation A>Ferc)-rery between
aqueous Fe(III) and aqueous Fe(II) is reported to be 3%o at 22 °C.'%> Experimental studies
also demonstrate the equilibrium fractionation A>Fe ferrinydrite_re(ir) 0f 3.2%o0 between poorly
crystalline ferrihydrite and aqueous Fe(II) at 25 °C.'% This fractionation could vary in the
presence of Si (as a function of Fe/Si ratios), reflecting the differences in Fe-O bonds. Much
work has been conducted on Fe isotope fractionation between Fe oxide minerals and aqueous
Fe(II). Iron oxide minerals are commonly enriched in heavy isotopes relative to aqueous
Fe(II), with the equilibrium A*°Fe goethite Feqr) fractionation of up to 1.2%o,'%”- %% the A*Fe

169171 and the A>°Fe magnetite Fe(n) fractionation of up to

hematite—Fe(1T) fractionation of up to 3.1%o
1.6%o.172 173

Various biological experimental studies have investigated Fe isotope fractionation
during microbially mediated redox reactions.!7#!80 All biological iron-oxidizing experiments
investigating photoferrotrophy, nitrate-reducing Fe(II) oxidation, Fe(II) oxidation by O
produced by cyanobacteria and acidophilic Fe(II) oxidation show that oxidized Fe(III) is
isotopically heavier than co-existing Fe(I), similar to abiotic reactions.!’*1% The

fractionation A>®Fe re(im) oxides—Fe(inaq between Fe(IIl) oxides and aqueous Fe(II) in these iron-

oxidizing experiments vary between 1%o and 3%, reflecting an initial 3%o equilibrium

11



fractionation between aqueous Fe(IIl) and aqueous Fe(Il) overprinted by a kinetic
fractionation during the precipitation of Fe oxides, the latter of which depends on oxidation
rate and precipitation rate.!’*!8 Experimental studies on Fe isotope fractionation arising
from photoferrotrophy show that fractionation factors A3°Fe re(in) oxideFe(iag between aqueous
Fe(Il) and Fe(I1I) oxides display variations depending on the oxidation rate,!”’-!80 with the
smaller value of 1.5%o for slow oxidation rate and the larger value of 2.5%o for rapid
oxidation rate (see recent review paper)'>’. The observed fractionation A3°Fe re(ur) oxide-Fe(iaq
induced by nitrate-reducing Fe(I) oxidation is reported to be ~2-3%o in one study.!”®
Acidophilic Fe(II) oxidation under low pH conditions also shows to produce a ~3.0%o
equilibrium fractionation between Fe(I1l).q and Fe(Il)aq.!”* Moreover, one experimental study
on the indirect Fe(II) oxidation by cyanobacteria demonstrated that Fe isotope fractionation
between Fe(Ill) oxides and aqueous Fe(Il) during microbially mediated Fe(II) oxidation by
cyanobacteria is likely modified not only by oxidative precipitation but also by the
adsorption of Fe on cells and Fe(IIl) minerals, the latter of which can induce sorbed Fe that is
isotopically heavier than aqueous Fe(IT).!7° Biological iron-reducing experiments
investigating DIR show that enzymatically produced aqueous Fe(II) is isotopically lighter
than ferric substances, with an equilibrium fractionation A**Fe of ~—3%o between
enzymatically produced Fe(Il).q and Fe(III) oxyhydroxides, reflecting isotopic exchange
among aqueous Fe(II), sorbed Fe(Il) and reactive Fe(IIl) on the surface of ferric
substances.!73: 181-183

Fe isotope fractionation is also observed during uptake of Fe by microorganisms. One
study on mineral dissolution by a siderophore-producing bacterium shows that bacterial cells
assimilate isotopically heavy Fe**, leaving the dissolved phase enriched in lighter isotopes.!%*
Furthermore, uptake by a diazotroph in a culture study results in cells with A>*Fe of +1.1%o
compared to the growth medium.'®> Recent study on the uptake by phytoplankton in ferrous
solutions shows a fractionation factor of ~+0.8 to +3.1%o between intracellular Fe and ferrous
medium, likely resulting from a combination of uptake and metabolic oxidation of Fe(IT).!86
The mass of extracellular Fe resulting from Fe adsorption on cells is approximately three
times lower than that of intracellular Fe.!%6

Other processes could also fractionate Fe isotopes, but likely to a lesser degree.

Adsorption of Fe on a solid surface could induce the enrichment of heavier isotopes in sorbed
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Fe relative to aqueous Fe, with 8°°Fe of sorbed Fe being 0.3-1.2%o heavier than that of
aqueous Fe, 168 181,183, 187 Complexation of dissolved Fe and organic matter can lead to the
enrichment of heavier isotopes in organic Fe complexes relative to inorganic Fe. An
experimental study investigating the complexation of dissolved Fe(IlI) and desferrioxamine
B (DFOB) ligand showed an equilibrium fractionation A*Fe of 0.60 + 0.15%o between
siderophore-Fe complexes and aqueous inorganic Fe(III).!%® Precipitation of Fe(IT) minerals
can also lead to Fe isotope fractionation between Fe(Il) and Fe(Il) minerals. The equilibrium
fractionation A>°Fe pe(inag-siderite between aqueous Fe(II) and siderite is reported to be 0.48 +
0.22%o at 20 °C.'% Precipitation of mackinawite (FeS) was reported to produce an
equilibrium fractionation A>Fer(inag-mackinawite 0f —0.32+0.29 %o (20 °C) between aqueous
Fe(Il) and mackinawite at near-neutral pH,'*° whereas at low pH (pH=4) the A>Ferc(naq-
mackinawite fractionation between aqueous Fe(Il) and mackinawite may result from kinetic

isotope effects, with values ranging from 0.34 to 0.85%o.!%!: 12

1.1.8. Fe isotope variations in BIF

Iron isotopes are used to study Fe transport pathways during BIF formation. A wide
range of 8°°Fe values, ranging from —2.5%o to +1.5%o, are reported in BIFs, posing a
challenge to constraining Fe pathways involved in BIF formation.!®!-1%° There is still great
debate over the origin of negative 8°°Fe values in BIFs. Some studies explain negative §°°Fe

194-19 whereas others argue that negative

values by partial oxidation of hydrothermal fluids,
8°°Fe values result from DIR.!?3 17-198 One study examining the Fe isotope variations in the
Hamersley BIFs (Australia, 2.5 Ga) reported a wide range of °°Fe values in BIFs, ranging
from —0.83%o to +1.3%o.!3* Based on the Fe-Nd isotope model, the authors proposed two Fe
sources for the deposition of BIF: a hydrothermal component with positive §°°Fe values and
an isotopically light benthic Fe shuttle produced by DIR.!3* Much work has been conducted
on the Fe isotope composition of Fe-bearing minerals in BIF to provide constraints on
oxidative pathways involved in the deposition of BIF. One study on the Fe isotope variations

of magnetite in the Hamersley BIFs (Australia, 2.5 Ga) reported a wide range of 3°°Fe values

for magnetite, with the average value of —0.02%o, indicating complete oxidation in the upper
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water column followed by diagenetic processes dominated by DIR.!® In contrast, another
study investigating the 8°°Fe of magnetite in the Isua BIFs (Greenland, 3.8 Ga) measured
magnetite with positive 8°°Fe values, ranging from 0.4%o to 1.1%o, suggesting an inherited
origin from precursor Fe(Ill) oxyhydroxides that were formed through partial oxidation in the

upper water column. 46

1.2. Thesis outline

Stable Fe isotopes are powerful tracers for biogeochemical cycling in modern and
ancient settings. However, only a few studies exit on lakes and only in extreme environments
such as meromictic ferruginous lakes.?°-2> The work presented in this thesis has applications
in two diverse areas that result in a broad appeal.

Harmful algal blooms, in most cases cyanobacterial blooms, are documented in lakes
and reservoirs worldwide, posing a significant threat to human health and aquatic
ecosystems. Nutrients phosphorus and nitrogen are commonly thought to be dominant factors
in the formation of cyanobacterial blooms.?%®27 In recent years, the critical role of Fe in
controlling the dominance of cyanobacteria has been proposed, but the sources and
availability of Fe for cyanobacterial uptake are not well understood.?%-21° Developing a
better understanding of the confounding role of Fe in the formation of cyanobacterial blooms
is a crucial step in helping assess, treat and manage cyanobacterial blooms in lakes and
TEeServoirs.

Photoferrotrophy was proposed as one of the possible mechanisms regulating the
deposition of banded iron formations in the Archean ocean. However, the study of
photoferrotrophy in analogous modern freshwater systems is limited to rare meromictic
ferruginous lakes. %15 One recent work proposed that Boreal Shield lakes with seasonal
anoxia could potentially serve as Archean Ocean analogues to probe biogeochemical
processes.?!!

The overall goal of this thesis is to evaluate the use of Fe isotopes to examine both the
source of Fe for cyanobacterial blooms in freshwater and the biogeochemical Fe processes in
anoxic water columns and sediments of stratified boreal lakes, providing valuable new

insights into the Fe cycling in modern and ancient environments. This thesis is divided into
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five chapters: an introduction and literature review chapter (Chapter 1), three main research
chapters (Chapters 2-4) and a concluding chapter (Chapter 5). The objectives of each
research chapter are presented below.

Chapter 2 was published in the Environmental Science & Technology and it is
reproduced in this thesis. Fe concentrations and Fe isotope compositions were examined in
boreal streams and two Boreal Shield lakes, consisting of a fertilized eutrophic lake that
experiences a cyanobacterial bloom each summer and an oligotrophic lake without nutrient
additions. This study investigates the biogeochemical Fe processes contributing to observed
Fe isotope fractionation in modern lakes and explores the potential of Fe isotopes in Boreal
Shield lakes to provide constraints on the availability of Fe for the formation of
cyanobacterial blooms. Understanding the role of Fe in the formation of cyanobacterial
blooms is essential for evaluating the risk of harmful algal blooms and for developing more
effective management approaches. In addition, Fe isotope compositions of bulk sediments
were also measured to assess the potential of §°°Fe in sediment as an archive of the changes
in Fe cycling in the water column.

Chapter 3 and Chapter 4 delve further into the initial concepts introduced in Chapter
2, where an overview of the importance of using Fe isotopes in dimictic boreal lakes was
demonstrated. These two chapters present new data and interpretations. Chapter 3 focuses on
the Fe processes in the oxic layers of dimictic boreal lakes. Seasonal variations in Fe
speciation and Fe isotope compositions of dissolved Fe and particulate Fe are reported in
dimictic boreal headwater lakes in relation to two annual cyanobacterial blooms. This study
aims to (1) utilize Fe isotope and Fe speciation data to track the formation of annual
cyanobacterial blooms with regard to the sources of Fe used by cyanobacteria and (2) test the
hypothesis that cyanobacteria can migrate below the redox boundary to utilize dissolved
Fe(Il) under Fe-limited conditions during the bloom.

Chapter 4 focuses on the anoxic zone of stratified Boreal Shield lakes, including the
hypolimnia and underlying sediments. Seasonal variations in Fe isotope fractionation
between dissolved Fe and particulate Fe were reported in the anoxic hypolimnia of four small
Boreal Shield lakes. Fe concentrations and Fe isotopic compositions were also measured for
porewater and sediments collected from the bottom of each lake. This study aims to (1) use

Fe isotopes and associated Fe isotope fractionations to determine the contribution of
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biogeochemical Fe processes to Fe cycling in anoxic water columns and investigate the
occurrence of microbial Fe oxidation, especially photoferrotrophy in the anoxic layers, (2)
explore the source of Fe in the hypolimnion, (3) evaluate the role of Fe flux from sediments
in controlling 8°°Fe of dissolved Fe in anoxic hypolimnia, (4) utilize Fe isotope signatures in
porewaters and sediment Fe to explore the dominant Fe processes in the sediment and (5)

explore the intensive Fe cycling in Boreal Shield lakes.
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Chapter 2
Large fractionation in iron isotopes implicates metabolic pathways for iron

cycling in Boreal Shield lakes

2.1. Introduction

Iron (Fe) plays a key role in the biogeochemistry and ecology of freshwater systems.
In particular, the role of Fe in phosphorus (P) sequestration and internal loading has long
been established.!** 212 Fe is also an essential micronutrient for aquatic organisms.!#% 212
Cyanobacteria manufacture Fe complexing exudates or siderophores to aid in Fe

213-215 and recent results indicate that Fe may promote harmful cyanobacterial

acquisition.
blooms in lakes and reservoirs.?!° Even though the macronutrients P and nitrogen (N) remain
important controllers of rates of primary productivity,?°%2°7 access to reduced Fe may
determine whether cyanobacteria are successful in competing with their eukaryotic algae
counterparts across a range of trophic states.?!® Despite the far-reaching explanatory power of
this new Fe-based conceptual model, the source of Fe(II) available to cyanobacteria is
uncertain due to rapid oxidation of Fe(Il) and low solubility of Fe(IIl) in oxygenated waters.
A better understanding of Fe cycling in lakes is therefore required to enhance the predictive
power of this model and further aid management of waters affected by harmful algal blooms.
Banded iron formations (BIFs) enable study of ancient Fe biogeochemical cycling,
the composition of early Earth oceans, and the evolution of microbial metabolism in the
Archean-Proterozoic oceans.!!8: 119- 148216 Four Fe oxidation mechanisms could be involved
in the deposition of BIFs in anoxic and ferruginous seawater: 1) biotic (microaerophilic
Fe(II) oxidation) or abiotic oxidation by O that is produced by oxygenic photosynthesis, 2)
abiotic photo-oxidation by UV, 3) biotic oxidation coupled to nitrate reduction, and 4)
photoferrotrophy, the light-driven biotic oxidation of Fe(Il) by anoxygenic phototrophs.
Although the relative contributions of these proposed mechanisms is debated, several studies
suggest that biotic processes outside of oxygenic photosynthesis, including photoferrotrophy
and microaerophilic Fe(Il) oxidation, may have played a substantial role in the anoxic and
ferruginous seawater of Archean oceans.!?%: 143 146. 151.217 photoferrotrophs have been found

mostly in modern meromictic and ferruginous lakes, despite the scarcity of meromictic and
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ferruginous lakes globally.!>!: 155 136.204.218 However, the ecological role of photoferrotrophs,
their in situ activity, and the interaction between Fe biogeochemical cycling and
photoferrotrophy remain poorly constrained. Similarly, microaerophilic Fe(Il) oxidizing

219 and are

bacteria have only been identified in one modern meromictic ferruginous lake
poorly understood in terms of their ecology and the environmental conditions favourable to
their growth.?!’

Iron isotopes have been used as a tracer for biogeochemical cycling of Fe in a variety

220-222 223-225 226-228

of environments, including soils and groundwater, riverine and marine

229-31 and hydrothermal settings.?3>23* Stable Fe isotope compositions in natural

systems,
environments span a range of up to 6%o in 3°°Fe values.?*> 23 However, very few isotope
studies have been conducted on lakes and only in extreme environments, such as Fe-rich

200, 201

meromictic lakes or one euxinic meromictic lake.?* A meromictic lake is a lake that is

permanently stratified with incomplete mixing.!* Almost all previous work has focused on

200-203 4 the water column,

either dissolved Fe isotope values or particulate Fe isotope values
and only one recent study investigated both dissolved and particulate Fe isotope values.?%
Further, only one study has investigated Fe isotopic fractionation in an oligotrophic dimictic
lake but only in the sediments.?*> A dimictic lake is a lake which mixes from top to bottom
twice per year.?3” Here we report the Fe isotope compositions of stream inflows, dissolved
and particulate phases in the water column, and sediments in two small stratified boreal
headwater lakes: a eutrophic lake that has been experimentally fertilized for the past 48 years
and experiences a cyanobacterial bloom consistently each summer, and a reference
oligotrophic lake without nutrient additions. Fe isotope compositions for the water column of
both lakes have been previously published without detailed interpretation.?!! This study
examines the processes and significance of Fe isotope fractionation, and thus the potential of

Fe isotopes to unravel the complex biogeochemical processes of Fe cycling in Boreal Shield

lakes with the implications for lake metabolism and management of cyanobacterial blooms.
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2.2. Materials and methods

2.2.1. Sites and sampling

Lake 227 (L227) and Lake 442 (L442) are located in the International Institute for
Sustainable Development - Experimental Lakes Area (IISD-ELA) in northwestern Ontario,
Canada.?*® 1.227 has a surface area of 5.0 ha, a mean depth of 4.4 m, and a maximum depth
of 10.0 m, whereas L.442 is 16.0 ha with a mean depth of 9.6 m and a maximum depth of
17.8 m (Figure 2-1). Full water column mixing occurs in fall for both lakes, but mixing may
be incomplete in spring for L227, if spring warming is very rapid and is not accompanied by
storm activity, due to the smaller area and more wind-protected basin of the lake. During
stratification in summer and winter, the lakes have two stable layers: an epilimnion (warm
upper mixed layer) and a hypolimnion (cold bottom layer), separated by metalimnion, an
intermediate layer which has a steep thermal gradient. We follow the IISD-ELA procedure of
defining the bottom of the epilimnion as the depth where water temperature changes at a rate
greater than 1°C m™!, and the bottom of the metalimnion as the depth where 1%
photosynthetically active radiation (PAR) is reached. This definition of metalimnion is
different from the traditional one, which defines the metalimnion as the region where the
thermal gradient is steep compared to nearby epilimnion and hypolimnion (usually accepted
as a change of temperature >1°C m™).14%212 [n 1.227, whole lake experimental addition of
nutrients has been ongoing since 1969.2°7 Since 1990, N additions were stopped and only P
has been added. In the summer stratification period, water input from the terrestrial
catchment is severely limited by shallow soils and evapotranspiration from growing
vegetation. Lake outflow ceases in late spring in dry years. Oligotrophic L442 has only ever

received natural sources of nutrients.
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Figure 2-1 Location of Lake 227, 442, and proxy streams in the International Institute
for Sustainable Development - Experimental Lakes Area (IISD-ELA).

Sampling in L227 occurred in June 2011 (during the peak of the cyanobacterial
bloom), August 2011 (post bloom), and July 2014 (during bloom development), and
sampling occurred in June 2011 in the reference Lake 442 (Figure 2-2). Lake samples were
collected at different depths of both lakes using a gear pump from the centre of the lake.
Particular attention was paid to avoid artificial oxidation during Fe sampling. Dissolved Fe
samples were collected in 160 mL glass serum bottles capped by blue butyl rubber stoppers
using a needle connected to the pump tubing. The empty glass serum bottles were acid-
cleaned, vacuumed and then filled with N> gas. Dissolved samples were then filtered shortly
after collection with 0.45-um filters (Advantec, Dublin, CA). Particulate Fe samples were
collected on the 0.45 um membrane filters at various water depths. After filtration, 15 mL 6
M trace-metal grade hydrochloric acid (degassed with nitrogen) was added into glass serum
bottles to acidify the water samples to a final concentration of 0.5 M. The particulate Fe
samples were frozen until analysis. Dissolved Fe samples were stored at 4 °C until analysis.

Dissolved samples were filtered shortly after collection with 0.45-um filters for
measurement of dissolved Fe, sulfate, sulfide, dissolved organic carbon (DOC), and total
dissolved P (TDP). Particulate organic matter (POM) collected by either 0.45-pm membrane

filters or Whatman QMA quartz filters (1-um nominal pore size) was analyzed for particulate
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Fe, suspended particulate P (SPP), particulate organic N (PON), and particulate organic
carbon (POC).

June 28" August 24"

Cyanobacteria biomass (mg-L™")

May June July Aug Sept Oct Nov Dec
Month
— M Epilimnion
July 8th-gth === Metalimnion
25+ s Sampling Date
A

Cyanobacteria biomass (mg-L™")

May June July Aug Sept Oct Nov Dec
Month

Figure 2-2 Cyanobacterial biomass in the epilimnion and metalimnion of L227 in 2011
(A) and 2014 (B).
Vertical dotted lines indicate different sampling events.

Samples from several streams were collected and filtered through 0.45-pum filters
from 2011 to 2017 to examine iron isotopic values of lake inputs. Because there was no
defined stream channel draining into L227, proxy streams were collected to analyze the range
of terrestrial inputs (Figure 2-1). All streams described in this work are located < 4 km
southwest of L227: EIF (East Inflow), NEIF (Northeast Inflow) and NWIF (Northwest
Inflow) are the three main inflows that feed Lake 239; U1, U8 and BO (bedrock overflow)
are ephemeral streams in the upland catchments located 40 m above Lake 302; and L114 IF

and L661 IF are the stream inflows for Lake 114 and Lake 661, respectively. With the
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exception of BO, where samples were collected from transient pools that formed along the
bedrock surface, all stream samples were collected at a v-notch weir installed on each stream.
It should be noted that the weirs for streams were removed in 2016 and stream samples were
collected at the site of the weirs.

A lake sediment core was collected from ice-covered L227 on March 2011 by freeze
coring, following a modified procedure,?° at the deepest overlying water column depth. The
sediment core was sectioned while frozen into 0.5 cm (to a depth of 11 cm) or 1 cm slices
(after a depth of 11 cm). Additional surficial sediment samples were also collected at selected
depths in L227 and L442 by subsampling sediment with intact surficial features obtained
with an Eckman dredge in July 2010. Sediment samples were kept frozen until freeze-drying.

Pb-210 dating was performed on the sediment core of L227.

2.2.2. Chemical analysis

Dissolved Fe was analyzed either directly after acidification or after drying 450 mL
of filtered water and redissolving in 0.5 M HCI. Particulate Fe on 0.45-um filters was first
dissolved by 7 M HCI and then preserved in 0.5 M HCI through dilution. Both dissolved and
particulate Fe were analyzed spectrophotometrically by the ferrozine method (detection limit:
0.05 uM).240- 241 Sylfate, sulfide, DOC, POC, TDP, SPP, and PON concentrations in water

samples were measured by standard methods.?4% 243

2.2.3. Iron isotope analyses

Prior to Fe isotope analysis, Fe samples were purified using ion-exchange
chromatography.?** Iron isotope compositions of dissolved Fe, particulate Fe and sediments
were measured by a MC-ICP-MS (Micromass IsoProbe) at the University of Wisconsin-
Madison, following established protocols.?** All Fe isotope data are reported as 8°°Fe values
in per mil (%o):

8°°Fe = [(*°Fe/**Fesampie)/(*°Fe/**Festandara) - 1] X 103
where *°Fe/**Fesndard 18 the average of igneous rocks (8°°Fe = 0.0 + 0.05%o). Measured

external precision for §°°Fe was 0.04%o (20; n = 55). The measured Fe isotope composition
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of the IRMM-014 Fe isotope standard was —0.08 + 0.05%o (20; n = 49), which lies within

error of the long-term value used in the lab of —0.09%o relative to average igneous rocks.>#*

2.3. Results and Discussion

2.3.1. Geochemistry of boreal streams and lake water column

In both lakes, the water temperature decreased from ~12-21°C in the epilimnia to
~4°C in the hypolimnia in spring to summer months (Table A1, Figure 2-3). Epilimnetic
oxygen concentrations in L227 and L1442 were high (7-11 mg L!). In the L227 hypolimnion,
O, was below detection limit (0.005 mg L1).2!! In L442, the hypolimnion became anoxic
between 9 and 13 m, within 1-3 months following spring overturn. In 2011, anoxia in L442
developed early in the open-water season, but in some years, it may take longer. It should be
noted that contemporaneous profiles of temperature (T) and dissolved O2 were published
previously.?!! Dissolved Fe in both lakes was at low concentrations (0.7-2.6 uM) in the
epilimnia and metalimnia, and increased with depth in the anoxic hypolimnia, resulting from
upward flux of Fe from anoxic sediments. In L227, the dissolved Fe reached ~80 to 110 uM
at 8 m depth and up to 140 uM at 10 m depth. This high Fe concentration at the anoxic
bottom of L227 shortly after spring overturn reflected large semi-annual fluxes in the internal
Fe cycle. In L442, the dissolved Fe concentration was 10 pM at 13 m depth and reached ca.
100 uM at 16.5 m depth, typical of boreal lakes.?!!
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Figure 2-3 Geochemical profiles in the water column of L227 (sampled on 06/28/2011;
08/24/2011; 07/09/2014) and L442 (sampled on 06/27/2011).

Yellow bars indicate the approximate metalimnion depth. Grey bars indicate transition zones
between oxic and anoxic hypolimnia in L.442.

Sulfate concentrations in the epilimnion and metalimnion of L227 (Table A1, Figure
2-3) ranged from 12 to 16 uM (average: 14.0 = 1.3 uM) and decreased to ~4 to 7 uM
(average: 5.2 + 1.2 uM) in the hypolimnion, accompanied by an increase in sulfide
concentrations from near zero in the metalimnion to ~5 to 7 uM at 10 m depth (average for
hypolimnion: 5.1 + 2.1 uM). The amount of SO4>" lost is similar to S* produced at each
depth of the hypolimnion. It should be noted that sulfide measured in this study is the total
sulfide (3 S(II)=H>S+HS+FeS), which is the sum of free sulfide (H>S, HS") and sulfide-
bearing colloids/larger particles (FeS).2* Free sulfide (H2S, HS") concentrations by

voltammetric analysis are generally one or two orders of magnitude less than total sulfide
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(>S(II)) concentrations.?'® Low sulfide concentrations and high dissolved Fe concentrations
indicate that interaction with free sulfide plays a minor role in Fe cycling in the water
column. In L.227, all geochemical profiles are similar during different stages of algal
succession and cyanobacterial bloom and between years (Table A1, Figure 2-3). In contrast
to a decreasing trend of sulfate in L227, the water column of L442 showed almost no change
in sulfate concentration across all depths (Figure 2-3, average: 19.8 = 1.3 uM), suggesting
that net sulfate reduction was almost absent in the hypolimnion.

Total dissolved phosphorus (TDP) was, in general, low in both fertilized L227 (range:
0.19 to 1.90 uM) and in pristine L442 (range: 0.03 to 0.10 uM; Table A1). The TDP was
much lower in the hypolimnia of both lakes than the dissolved Fe concentrations at the
corresponding depth. Suspended particulate P (SPP) concentrations were higher than those of
dissolved P and comparable with those of particulate Fe. The SPP concentrations in the
hypolimnion of L227 were much higher than in the epilimnion. The PON:SPP and POC:SPP
molar ratios in the hypolimnion were much lower than in the epilimnion and metalimnion of
L227. Collectively, these parameters suggest that POM in the hypolimnion of L227 is mostly
formed in situ rather than settling down from the epilimnion consistent with the 8'3C and
8!°N values of the particulate in comparison to the values of the particulate in the overlying
epilimnion.?!!

Continental weathering products transported by streams are the main Fe inputs to the
study lakes as groundwater inputs are minimal due to the relatively impervious granitic
bedrock of the boreal forest.?*® Subsurface inflow (e.g., lateral subterranean flow from
surrounding wetlands)?*” could potentially occur in L442 during early summer, but not in
L227 which is a perched and water-tight basin.?*® Contribution of Fe from atmospheric
deposition is minor.2*%- 24 These boreal streams have high DOC ranging from 13 to 64 mg C

250-252 and dissolved Fe

L! (Table A1), consistent with other boreal stream studies,
concentrations are also high (6 to 20 pM), supporting recent studies showing that organic-
rich rivers generally have high dissolved Fe concentrations.?**2>* Dissolved Fe
concentrations in these oxic streams greatly exceed inorganic solubility and generally
increase with DOC concentrations (R? = 0.60, p < 0.0001), implying strong binding of Fe by
DOC (Figure 2-4A, Table A1). However, small variations in DOC versus Fe concentrations

are found among different streams (Figure 2-4A), and the DOC/Fe molar ratios in three
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inflows of Lake 239 [EIF (east inflow), NWIF (northwest inflow) and NEIF (northeast
inflow)] differ (143 £ 22,213 + 18, and 262 + 14, respectively; Table A1l). Differences in
DOC/Fe ratios in streams could reflect differences in DOC compositions, including variable
amounts of oxygen-containing functional groups (e.g., carboxylic, phenolic, and carbonyl),
which are thought to be the most reactive binding sites for organic Fe complexation.!* A
study of kinetic organic Fe complexation with dissolved organic matter (DOM) from
different sources in marine coastal waters showed that the rate constant of Fe-DOC binding
can change by several orders of magnitude among different DOM composition.!? Spatial
variations in DOC and Fe concentrations in IISD-ELA streams may reflect different DOC
compositions involved in organic Fe complexation in these boreal streams, perhaps
associated with different hydrologic flowpaths and consistent with a previous study that
showed that the composition of DOC differs between upland and wetland streams at IISD-

ELA.2%
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Figure 2-4 Dissolved Fe versus DOC concentrations (A) and 5°°Fe versus dissolved Fe
or DOC concentrations (B) in Boreal Shield streams of the IISD-ELA.

The black line in panel (A) is the linear regression line for all stream samples. Error bars in panel
(B) represent the standard deviation calculated from two measurements. Error bars not visible are
contained within the symbols. EIF (East Inflow), NEIF (Northeast Inflow) and NWIF (Northwest
Inflow) are three inflows of Lake 239. U1, U8 and BO (bedrock overflow) are ephemeral streams
near Lake 302. L114 IF and L661 IF are inflows for Lake 114 and Lake 661, respectively. Both
NEIF and NWIF are wetland streams. U1, U8, and BO are upland streams.

2.3.2. Iron isotopic compositions in boreal streams in upland and wetland
catchments

The dissolved 8°¢Fe in [ISD-ELA stream waters span a large range of —0.19 to
+0.62%o [average 5°°Fe = +0.13 + 0.43%o, 26, n = 18] (Table Al). Positive 3°°Fe values are
contrary to early findings of isotopically negative riverine dissolved Fe, yet are consistent
with more recent reports that, in tropical and temperate rivers, dissolved Fe associated with
colloids and organic matter is isotopically more positive than the suspended load, which is
enriched in Fe minerals.??% 235257 The isotope systematics associated with Fe mobilization
with natural DOC are largely unknown but may be dependent on colloidal size and
characteristics of the organic matter. Organic matter complexation can fractionate Fe
isotopes, but only a few studies with natural DOC have quantified this effect. For example,
Fe bound to siderophores displays a more positive isotopic composition than inorganically
bound Fe, with an average equilibrium fractionation factor at 25°C of +0.60 + 0.15%o.'8®
Systematic studies of Fe isotope compositions in different size fractions of boreal organic-
rich surface waters (e.g., rivers, streams, and lakes) have further shown that small-size, C-
rich colloids exhibit strong enrichment in the heavy isotope whereas large-size Fe particles
are isotopically more negative,?® and this effect was attributed to greater strength of Fe-O-C
bonds in Fe-OC complexes than Fe-O-Fe bonds in Fe oxyhydroxides. A recent study about
the impact of Fe-DOC complexation on the Fe isotopic composition of solutions of temperate
wetland soil demonstrates that Fe binding to large biologically derived organic compounds
causes Fe-DOC colloids (less than 0.2 pm) to be isotopically heavy in soil solution.?*® Thus,
the observed positive values for dissolved Fe in our high DOC stream waters likely reflect
the net effect of processes involved in DOC mobilization of Fe in these boreal streams.

However, the 8°°Fe is not predictable from either Fe or DOC concentrations for a given site,
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and there is no relationship for 8°°Fe with Fe or DOC concentrations within a site or between
sites (Figure 2-4B), implicating involvement of other processes.

Dissolved 8°¢Fe also varies seasonally within a single stream. Streams have higher
DOC and dissolved Fe concentrations in early fall (September 2016) compared to early
summer (June 2016), with seasonal variations of >0.17%o in 8°°Fe between fall (September
2016) and summer (June 2016) observed in several boreal streams (NWIF, NEIF, EIF, US;
Figure 2-5, Table A1). September streamflows are, in general, lower than early summer
streamflows, and the change in °°Fe may be due to a higher contribution from deeper
hydrologic flowpaths. Two studies on podzolic and cambisolic soil profiles showed that bulk
Fe and poorly crystalline Fe oxyhydroxides in the upper organic horizon were more
isotopically negative than Fe phases in the lower mineral horizon, respectively.?2%- 269
Biological processes (e.g., leaching of organic compounds, microbially mediated mineral

dissolution and plant uptake) can produce isotopically light Fe in dissolved form, which can

further enter into streams via porewater, 184 227- 261
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Figure 2-5 Iron isotope compositions of dissolved Fe in boreal streams sampled on
different dates.
Arrows indicate the observed seasonal variations within one year.
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2.3.3. Iron isotope composition in L227 and L442

Fe in the water columns of L227 and L442 exhibits a large range of 5°°Fe values
(—0.9 to +1.8%o) for both dissolved and particulate Fe, spanning almost half of the known

range (Figure 2-6).2%>23¢ Distinct 5°°Fe of dissolved and particulate Fe were observed in

different layers, but especially above and below the oxycline.
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Figure 2-6 Iron isotope compositions of dissolved (Feqis) and particulate Fe (Fespm), and
Fe isotope fractionations (A>Feqis-spm) for the water columns of 1227 (A, B) and L442
(C, D).
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Yellow bars indicate the approximate depth of the metalimnion. Red, blue and black horizontal
dashed lines in panel A indicate depths of 0.1 mg L' dissolved oxygen for June 2011, August
2011, and July 2014, respectively. In panel C, the grey bar indicates the transition zone between
the oxic and anoxic hypolimnion in L442 in June 2011. Blue vertical solid lines indicate 5°°Fe
values for epilimnetic sediments (light blue) and profundal sediments (dark blue). Green boxes
show the range of 8°°Fe values for stream waters.
Dissolved and particulate 5°Fe values in the epilimnia

Following stream input, Fe isotopes are further fractionated in the epilimnia of Boreal
Shield lakes. Dissolved Fe concentrations in the epilimnia of the lakes (0.7 to 0.9 uM) are a
factor of 10 to 30 lower than streams (6 to 20 uM) because of the greater influence of Fe
removal processes within lakes (Figures 2-3 and 2-4). In the epilimnion of L227, §°°Fe
spanned a larger range (—0.26 to 0.85%o) than stream input values (—0.19 to 0.62%o).
Dissolved Fe generally had more positive §°°Fe values than suspended particles, and isotopic
variation between dissolved and particulate Fe was observed under different conditions (i.e.,
development of cyanobacterial bloom in July 2014 versus post bloom in August 2011; Figure
2-2 and Figure 2-6, Table Al). In the epilimnion of L442, dissolved Fe had slightly more
positive 8°°Fe values than the suspended particles and 8°¢Fe values of dissolved and
particulate Fe were within stream input ranges, indicating that fewer in-lake processes
modified 8°¢Fe in the epilimnion of L442 compared to L227. The concentrations of
chlorophyll @ were >15-fold lower in the epilimnion of L442 compared to L227, implying
that the activity of oxygenic phototrophs was comparatively low in the epilimnion of L442
(Figure 2-7). Operational taxonomic units (OTUs) associated with cyanobacteria and
chloroplasts of eukaryotic algae also had lower diversity in the epilimnion of L442 compared
to L227 based on previous 16S rRNA gene sequencing data (Figure 2-7). These measures of
phototroph abundance and diversity support that fewer microbial processes that could

mediate iron fractionation were likely active in the epilimnion of L442 compared to L227.
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Figure 2-7 Microbial community data from the water columns of Lakes 227 and 442.
The bubble plot summarizes the major operational taxonomic units (OTUs) associated with
cyanobacteria and chloroplasts (e.g., of eukaryotic algae), based on previously published 16S
ribosomal RNA gene sequencing data,?!! in samples from L.227 and 1442 from multiple years.
The size of each bubble represents the percent relative abundance of an OTU compared to all 16S
rRNA gene sequences from a given sample. Any bubbles without a percent relative abundance
label had a relative abundance of <0.05%. Each sample, representing a depth of the lake water
column, is shown along the x-axis, and all cyanobacterial/chloroplast OTUs that had >0.3%
relative abundance in at least one sample are shown on the y-axis. The bar chart summarizes the
total relative abundances of all cyanobacterial and chloroplast OTUs in each sample

Major processes that may contribute to the variation in observed epilimnetic 3°°Fe
values in the open water season (Figure 2-8) include 1) changing 8°°Fe in streams with
season and/or flowpath, 2) uptake by or sorption onto biomass and loss to the benthic and
profundal sediments, 3) photolysis or microbial decomposition of Fe-DOC complexes, 4)
coagulation and sedimentation of Fe or Fe-DOC colloids, and 5) return flux of Fe complexed

to DOC from benthic sediments.
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Figure 2-8 Schematic diagram showing processes operating in L227 and L442 that
could impact the Fe isotope compositions of dissolved and particulate Fe.

Green positive and negative signs denote the relative magnitude of Fe isotopic values
associated with each fraction. The Fe isotopic values displayed for the water column are the
8°Fe of L227 measured in July 2014 (during bloom development). The values for streams
and sediments are the average 6°°Fe of streams and sediments, respectively.

Water residence times in small headwater lakes in this portion of the Boreal Shield in
Canada generally range from 4 to 26 years.?> 2% Seasonal variability in stream inputs is
muted on the annual cycle. Thus, stream Fe input with seasonal variation in 3°°Fe values is
not the major process contributing to the variable 3°°Fe values in the epilimnion of the lakes.

In eutrophic L.227, the development of an epilimnetic cyanobacterial bloom in
summer (July 2014) led to dissolved 3°°Fe values in the epilimnion outside the observed
range of terrestrial inputs. The isotopic fractionation (A>*Fegis-spm) between dissolved and
particulate Fe was 0.75 £ 0.24%o (20) (Figure 2-6A,B). In the metalimnion of L227 (4 m in
June 2011), the apparent A>Fegis-spm Was 0.38%o during the bloom peak. No such values were
observed in August 2011 (post bloom). Adsorption of Fe on solid surfaces can fractionate Fe
183, 193, 264

isotopes, and solid surfaces are known to preferentially adsorb the heavier isotope.

One study of Fe adsorption on phytoplankton showed an apparent Fe isotope fractionation
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factor ASFemedium-ceits of —0.7 to —1.8%o between the growth medium and cells.?®> Our results
that dissolved Fe is more positive by 0.4~1%o are contrary to these experimental values,
suggesting that the observed A%Fegis-spm fractionations in the epilimnion and metalimnion of
L227 are not caused by Fe adsorption. Previous studies of Fe isotope fractionation during
biological uptake show contradictory results. Two studies of biological uptake of Fe by
phytoplankton in the open ocean indicate a fractionation factor (A>Fegisre-phyto) Of 0.2%0
between dissolved Fe and phytoplankton at the chlorophyll maximum depth and a A>°Fegiske-
phyto OF 0.3%o to 1%o in the surface mixed layer during bloom conditions.??-23% In contrast,
two experimental studies of biological Fe uptake in growth medium shows A>Femedium-celis Of
—1.1%o for a diazotroph with Fe(III) sources and of —0.8 to —3.1%o for a phytoplankton with
Fe(I) sources.!®> 186 Our results imply that A>Fedis-spm fractionations of 1%o in the epilimnion
(during bloom development) and 0.4%o in the metalimnion (at peak bloom) in L227 are
possibly caused by the uptake of isotopically light Fe by cyanobacteria, in contrast to
observed values in laboratory cultures but similar to those of the open ocean (Figure 2-6A,B).
Particulates in the epilimnion and metalimnion of L227 were almost entirely composed of
cyanobacteria (peak bloom) or eukaryotic algae (development of bloom and post-bloom)
based on the low C/N molar ratios of 5.8 to 7.5 (Table A1), and this observation further
supports that biological uptake was the main contributor to the observed A%Feis-spm
fractionations in L227. Particulates in oligotrophic L442 have higher C/N molar ratios (9.1 to
12.9), similar to C/N ratios in IISD-ELA stream particulates (10.4 to 14.2),%6¢ which may
reflect allochthonous contributions (Table A1). The similarity between dissolved and
particulate 5°°Fe in L442 suggests that biological uptake or sorption by biomass plays a
minor role in affecting 8°°Fe of oligotrophic boreal lakes (Figure 2-6C,D).

Cyanobacteria could take up isotopically light Fe for growth and are thought to be
able to migrate to acquire Fe if Fe is limiting.?!° Given the different A>*Fegis-spm fractionations
in the epilimnion and metalimnion during bloom in L227, we speculate that cyanobacteria in
the metalimnion may migrate to the anoxic zone and utilize Fe when bioavailable Fe is
extremely limiting in the oxic zone. Distinct 8°°Fe of dissolved Fe in the epilimnion and
metalimnion of L227 might yield clues about the source of Fe used by cyanobacteria if the

fractionation factor were measured independently and is not dependant on Fe concentration.
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If Fe isotope fractionations using representative eukaryotic algae and cyanobacteria in
laboratory cultures are measured separately and are distinct, the 8°°Fe values of dissolved and
particulate Fe could also potentially serve as a diagnostic tool for the amount and source of
Fe uptake by cyanobacteria.

Other in-lake processes may also affect 5°°Fe but probably to a lesser and largely
unknown degree. Photolysis of dissolved Fe complexed to DOC could enrich the dissolved
phase in light Fe isotopes.?¢” In contrast, microbial decomposition of DOM followed by
intracellular Fe uptake could make dissolved 8°°Fe more positive.?” Our observed dissolved
8°°Fe in the epilimnion and metalimnion of L227 is consistent with the isotopic values of
microbial decomposition followed by intracellular uptake, but in contrast to the values of
photolysis. However, microbial decomposition rates in boreal lakes are extremely low and

268 Therefore,

biodegradation usually utilizes low molecular weight (LMW) photo-products.
photolysis and microbial decomposition of DOM are unlikely the major processes
contributing to the dissolved §°°Fe in L227. Coagulation, sorption, and/or selective
sedimentation of large terrestrial derived Fe-DOC colloids (i.e., less than 0.45 pm) could also
be a fractionating process, but even the direction of isotopic fractionation of this process has
not been reported previously. Returning Fe, diffusing from the epilimnetic sediments into the
water column, is either all complexed with DOC to stabilize the dissolved Fe, when the
epilimnetic sediment is under oxic conditions, or is composed of dissolved Fe(II) produced
by dissimilatory iron reduction (DIR) when episodic anoxia in epilimnetic sediments is
present at night.?%-27° However, no measures of fractionation associated with the return flux
from sediments have been reported previously.

Bulk sediments in the hypolimnion appear to provide a historical record for §°°Fe of
epilimnion particulates. Cores from the profundal region of L227 are laminated and have a
clear demarcation of sediments deposited before and after eutrophication. The laminae
become noticeably thicker in sediments layers that were deposited after eutrophication
presumably began. Profundal sediments in L227, after the start of experimental nutrient
additions, show a narrow range in 8°°Fe values (—0.09 to —0.03%o; Table A1, Figure 2-9),
similar to current particulate values for the epilimnion (0.00 £ 0.14%o, 26). The similarity
between §°°Fe of epilimnetic particulate and sediment in the profundal zone reflects the high

depositional flux of biomass from the epilimnion to bottom sediments that is fueled by

34



artificial nutrient additions (Figure 2-6, Table A1). In contrast, 5°°Fe of sediments at 25-26
cm, deposited approximately 50 years before the start of experimental nutrient additions,
were —0.22%o (Figure 2-9C). Sediment 8°°Fe values clearly record changes in lake anoxia
and Fe cycling related to experimental fertilization in L227. In L442, where phytoplankton
biomass is comparatively low, the surficial sediment from 17 m in the anoxic zone of the
hypolimnion showed a different Fe isotopic composition (+0.28%o) compared to epilimnetic
particulate Fe (+0.01%.), reflecting the combined contributions from the flux of particulate
Fe settling from the overlying oxic layer and in situ particulate Fe formed at the bottom
(Figure 2-6C, Table A1). In lakes where phytoplankton biomass is high and/or there is high

Fe depositional flux, 5°°Fe of lake sediments may serve as an archive for past changes in lake

Fe cycling.
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Figure 2-9 Unsupported >°Pb (A), 226Ra and ¥’Cs activities (B), and age (C) versus
depth profiles in a sediment core from L227 (March 2011).

Unsupported 2!°Pb activity was calculated as total 2!'°Pb minus supported 2!°Pb (background *?Ra
activity). Sedimentation rate (S) pre-eutrophication is 0.23 cm y™! based on 2!°Pb profile between
19 and 45 cm (gray zone in (A)). The alteration of 2!°Pb profile between 0 and 18 cm is due to the
addition of ?°Ra in 1970, making Pb-210 dating for post-eutrophication period challenging.
Dotted lines in (B) show the sediment depths of maximum activities of 2*’Ra and '*’Cs. Circled
points in (C) are the sediment samples analyzed for §°°Fe. Dashed line in (C) represents the
beginning of nutrient additions in 1969, which is marked visually in the core (~14.5 cm) by the

appearance of thicker laminae. Sedimentation rate of post-eutrophication is estimated as 0.35 cm
-1

y-.

Dissolved and particulate &5°Fe values in oxic hypolimnion of L442

Dissolved Fe had more positive °°Fe values than particulate Fe in the oxic
hypolimnion of L442, similar to the Fe isotope pattern in the epilimnion of L227 (Figure 2-
6). However, we propose that A>*Fegis-pm fractionations in the oxic hypolimnion of L442
were not primarily due to the uptake of Fe by cyanobacteria. Although we detected
cyanobacterial OTUs in oxic hypolimnion samples from L442 (Figure 2-7), the minimal light
intensity (<2 umol photons m s!, which is less than 1% of the surface light intensity)?!! and
low concentrations of chlorophyll a (<2 pg/L; Figure 2-10) in the oxic hypolimnion
suggested that the photosynthetic activity of cyanobacteria in this zone would be
comparatively low. The 8°°Fe of dissolved and particulate Fe in the oxic hypolimnion could
instead be due primarily to the complexation of Fe-DOC, which makes the dissolved Fe

bound to DOC more isotopically positive than inorganic Fe species.!'®8
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Figure 2-10 Chlorophyll a (chl a) profiles in the water column of L227 (06/28/2011) and
L442 (05/30/2011).

The concentration of chlorophyll a was measured by high performance liquid
chromatography (HPLC). Yellow bars indicate the approximate metalimnion depth. Gray bars
indicate transition zones between oxic and anoxic hypolimnia in L442.

Dissolved and particulate &5°Fe values in anoxic hypolimnia

Anoxia in the hypolimnia reversed the Fe isotope patterns in oxic waters, such that
dissolved 8°°Fe was significantly more negative than suspended particulates (Figure 2-6,
Table A1). The difference in 8°°Fe between dissolved and particulate Fe (A*°Fegis-spm) in the
anoxic zone was similar for the two lakes: —2.10 + 0.44%o (20) in 1442, —1.46 + 0.32%o in
L227 post-bloom, —1.29 £ 0.52%o in L.227 during bloom development, and —1.00 = 0.34%o in
L227 during peak bloom.

In the anoxic hypolimnia, the main Fe inputs to the water column are commonly Fe
flux from sediments and particulate Fe settling from the upper oxic layer (Figure 2-8). The Fe
flux from sediment is mainly a dissolved Fe flux rather than a particulate flux by sediment
remobilization, given the high dissolved Fe and low particulate Fe concentrations at the
bottom of the water column (Figure 2-3, Table A1) and the high porewater Fe concentration
in sediment cores at the deepest depth of L227%7! and L442 (unpublished data, average 331+
67 uM in L442). Three major redox-related processes can potentially fractionate Fe isotopes
in the anoxic layers of both lakes (Figure 2-8): 1) partial oxidation of Fe(Il) by O, at the
redox boundary, 2) dissimilatory iron reduction (DIR) of either particulate Fe(III)
oxyhydroxides formed in situ, or particulate Fe (i.e., DOC-Fe complexes or Fe(III)
oxyhydroxides) originating in the overlying oxic layer or profundal sediments, and 3)
oxidation of Fe(Il) by photoferrotrophs or microaerophilic Fe(Il)-oxidizing bacteria in the
anoxic water column. Because nitrate concentrations were below detection in these lakes,>’?
we predict that biological nitrate-reducing Fe(Il) oxidation is not quantitatively important.
The presence of Fe(Il) minerals such as mackinawite (FeS) and vivianite [Fe3(PO4)2] can be
predicted by saturation index (SI) (Table 2-1). The results show that both mackinawite and
vivianite are undersaturated in the hypolimnia of both lakes, indicating Fe(II) mineral
formation unlikely contributes to the observed A>*Fegis-spm fractionations in the hypolimnia of

the lakes.
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Table 2-1 Saturation indices of Fe(Il) minerals in the hypolimnia of L227 and L.442

Sample name Date ‘TAP dS1 Comment
Mackinawite (FeS)

aKsz 1 0-3.6

Lake 227 6 m-hypo 6/28/2011 2.16E-05 -1.02 undersaturated
Lake 227 8 m-hypo 6/28/2011 1.02E-04 -0.34 undersaturated
Lake 227 10 m-hypo  6/28/2011 8.77E-05 -0.41 undersaturated
Lake 227 4 m-hypo 8/24/2011 2.44E-05 -0.96 undersaturated
Lake 227 6 m-hypo 8/24/2011 1.82E-05 -1.09 undersaturated
Lake 227 8 m-hypo 8/24/2011 5.48E-05 -0.61 undersaturated

Lake 227 10 m-hypo  8/24/2011 9.86E-05 -0.36 undersaturated

Vivianite (Fe3(PO4)2)

bKsz 1 0-35.8

Lake 227 6 m-hypo 6/28/2011 4.49E-42 -5.55 undersaturated
Lake 227 8 m-hypo 6/28/2011 6.36E-40 -3.40 undersaturated
Lake 227 10 m-hypo  6/28/2011 8.77E-40 -3.26 undersaturated
Lake 227 4 m-hypo 8/24/2011 4.26E-43 -6.57 undersaturated
Lake 227 6 m-hypo 8/24/2011 4.05E-41 -4.59 undersaturated
Lake 227 8 m-hypo 8/24/2011 2.09E-39 -2.88 undersaturated
Lake 227 10 m-hypo  8/24/2011 2.08E-38 -1.88 undersaturated
Lake 442 13 m-hypo  6/27/2011 7.68E-46 -9.31 undersaturated
Lake 442 16.5 m-

hypo 6/27/2011 2.61E-41 -4.78 undersaturated

%K sp and PKp are the solubility product constants of Mackinawite (FeS) and Vivianite
(Fe3(PO4)2) respectively 2’3274
°IAP is the ion activity product of a specific mineral.
dSI is the saturation index defined by SI=log [IAP/Ksp].

When Fe(II) diffuses upwards from sediment, partial oxidation of Fe(II) can occur by
O., but only at the redox boundary in the water column, because vertical mixing in the
hypolimnion is extremely slow and at similar rates to diffusion.?’> The overall fractionation
between Fe(Il).q and Fe(IIl) oxyhydroxides caused by partial oxidation was approximately —1
to —2%o in both laboratory experiments and field settings,>** 27> equivalent to combining
equilibrium fractionation between Fe(Il).q and Fe(Ill).q and kinetic fractionation upon
precipitation of Fe(IIl) oxyhydroxides. Our observed fractionations between dissolved and
particulate Fe at the redox boundary in L227 and L442 were within the range of partial Fe(II)
oxidation with O; as the terminal electron acceptor. However, Fe(Il) oxidation by O; is most

likely complete at the redox boundary because dissolved Fe in the water column above the
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redox boundary is extremely low, much lower than in streams. Oxygenic phototrophs,
including cyanobacteria and eukaryotic algae, were generally detected throughout the oxic
layers of L227 and L442 according to microbial 16S rRNA gene data (Figure 2-7), and these
organism could contribute to rapid Oz-mediated Fe(II) oxidation. In addition, Fe(II) oxidation
by O; at the redox boundary is unlikely to produce the observed A’°Fegis-spm in the entire
anoxic hypolimnion due to extremely low rates of physical mixing.

Dissimilatory iron reduction (DIR) is expected to produce an equilibrium
fractionation A>°Fe of —3%o between Fe(Il)aq and Fe(IIl) oxyhydroxides based on studies
using model microorganisms and pure Fe(III) minerals.!”® 81182 The particulate Fe entering
the hypolimnion is comprised of (1) newly formed Fe(IIl) oxyhydroxides by oxidation of
dissolved Fe(Il) at the redox boundary when dissolved reduced Fe diffuses upward, and (2)
sinking particulate Fe (as DOC-Fe complexes or Fe(Ill) oxyhydroxides) from the overlying
oxic layer. Supported by high relative abundances of potential Fe(Ill)-reducing bacteria near
the redox boundaries of L227 and L442,%!!-276 we hypothesize that particulate Fe entering the
hypolimnion were completely reduced in the upper anoxic zone (i.e., multiple centimeters
below the redox boundary) and produced no isotopic fractionation, consistent with the
observed similarities between hypolimnetic dissolved 8°°Fe and epilimnetic particulate 5°°Fe
in 1227, and between anoxic hypolimnetic dissolved 8°¢Fe (at 16.5 m) and oxic hypolimnetic
particulate 5°°Fe in L442 (Figure 2-6A,C). Furthermore, the consistency between Fe isotope
compositions of dissolved Fe and bulk sediments in the anoxic hypolimnia of both lakes
further shows that DIR of sediments is complete and does not contribute to the observed Fe
isotope discrepancy between dissolved and particulate Fe in the anoxic water column.

The observed increase in A’>*Fegis-spm With depth in the hypolimnion of 1227 (Figure
2-6), together with the large isotope fractionation A>Fegis-spm in the hypolimnion of 1442,
suggest that additional active processes must have been operating below the redox boundary
and causing the large fractionation.

Previous analysis of 16S rRNA gene sequence data derived from anoxic hypolimnetic
POM samples of L227 showed the presence of green sulfur bacteria (GSB), affiliated with
the Chlorobium genus, with high 16S rRNA gene sequence identity to the known
photoferrotroph Chlorobium ferroxidans.?''-?"’ Furthermore, genome-resolved metagenome

sequence analysis was used previously for L227 samples to detect cyc2, a candidate gene for
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photoferrotrophy, in multiple Chlorobium-associated genome bins, indicating the possibility
of photoferrotrophy in L227, although further cultivation-based work is needed to confirm
this possibility.?’¢ Oxidation of Fe(II) by photoferrotrophs is expected to produce a A>Fe of
+1.5 £ 0.2%0 between the oxidation product hydrous ferric oxide (HFO) and aqueous Fe(Il)
(Fe(II)aq), under neutral pH conditions, based on laboratory cultures of Fe(Il)-oxidizing
photoautotrophic bacteria.!”” In addition, acidophilic Fe(Il)-oxidizing bacteria have been
shown to produce a +3.0%o equilibrium fractionation between Fe(I1l)aq and Fe(I)aq.'™*
Kinetic fractionation upon precipitation of Fe(Ill).q produced an overall fractionation less
than +3.0%o depending on precipitation rate and aggregate size.!”* The A%Fedis-spm values
reported in this study (+0.9 to +1.6%o) for the anoxic water column of L227 are consistent
with these fractionation factors derived from laboratory cultures. Furthermore, carbon and
nitrogen isotope values of POM and dissolved inorganic fractions in the hypolimnion of
L227 agree well with fractionation caused by photosynthesis, despite the low but measurable
light levels observed in the hypolimnion (0.01-1 umol photons m™ s1).2!! Collectively, this
evidence suggests the potential for in situ photoferrotrophic Fe(II) oxidation in the anoxic
water column of L227.

A cyc2-encoding genome bin classified to the Gallionella genus,?’® 27 which
includes microaerophilic Fe(I)-oxidizing bacteria such as Gallionella ferruginea, was
recovered from 442 metagenome data and was at high relative abundance in a L442 anoxic
hypolimnion metagenome.?’® Microaerophilic Fe(Il)-oxidizing bacteria are commonly

associated with micro-oxic or anoxic environmental conditions?8%- 281

and may outcompete
abiotic oxidation and produce large isotope fractionations at 13 and 16.5 m in L442 (—2.25%o
and —1.94%., respectively; Figure 2-6C,D). In L442, the significant offset between dissolved
8°°Fe at 13 m and 16.5 m is likely due to low dissolved Fe concentrations (9.8 uM at 13 m
versus 102.2 uM at 16.5 m; Table A1), such that Fe cycling processes (e.g., microaerophilic
Fe(II) oxidation) could cause a larger shift in §°°Fegis from source material. The water column
at 13 m in L442 likely developed anoxic conditions just prior to the time of sampling and
was transitioning from being dominated by suboxia- to anoxia-associated biogeochemical
processes.

Despite the detection of potential Fe(Ill)-reducing bacteria in anoxic layers of L227

and 1442, the signature of partial oxidation of Fe(II) by, for example, photoferrotrophs or
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microaerophilic Fe(Il)-oxidizing bacteria, was still evident in the particulates. We suspect
that some particulate Fe in the anoxic layer may be contained in cells or sorbed to other
particulates (i.e., as biogenic iron nanoparticles or organo-mineral aggregates)?> 28 that

block access by Fe(Ill)-reducing bacteria.

2.3.4. Comparison of 8°Fe profiles in 1227 and L442 to other lakes

Studies of Fe isotopes in lakes are rare. Within the chemocline of Lake Cadagno, a
permanently stratified euxinic lake with an anoxic monimolimnion,?** dissolved 8°°Fe within
the chemocline changed sharply from 0.75 to —0.61%o, while particulate Fe changed only
slightly, from —0.18 to 0.13%o. In Lake Pavin, a permanently stratified ferruginous lake with
an anoxic bottom layer, a similar sharp decrease of dissolved 8°°Fe was observed at the redox
boundary.?* The changes of dissolved 8°°Fe in both lakes were interpreted as resulting from
partial oxidation of Fe(II) at the redox boundaries, although the heavier dissolved §°°Fe along
with a peak of cyanobacterial concentration in the lower part of oxic mixolimnion in Lake
Cadagno suggested the possibility of biological uptake. In contrast, no dramatic change of
dissolved 8°°Fe was observed at the transition layer in L227, with the exception of the peak
cyanobacterial bloom period. The observed dissolved and particulate 3°°Fe in the anoxic
layer of Lake Cadagno were also distinct from L227. The A>Fepm-ais was small in Lake
Cadagno (0.25 + 0.10%o, 26). However, an increase in A>°Fespm-dis (+0.9 to +1.6%o) with
depth in the hypolimnion was observed in L227, implying there are active Fe processes
throughout the anoxic layer of L227. Additional distinction among the three lake systems lies
in their P and S content in the water column. Dissolved Fe concentrations in Lake Cadagno
were two orders of magnitude lower than in the anoxic hypolimnion of L227, while the
concentration of sulfide was two orders of magnitude higher. As a result, the formation of
mackinawite dominated the dissolved and particulate 5°°Fe in Lake Cadagno, producing a
constant A>Fegisspm fractionation of —0.2%o in the anoxic monimolimnion. The TDP
concentrations in Lake Pavin (up to 400 uM in the monimolimnion?%°) are more than two
orders of magnitude higher than that in both L227 and L442 (up to 2 uM in the
hypolimnion), making Fe phosphates the predominant phase of the particulate matter in the
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monimolimnion*** of Lake Pavin. Low concentrations of dissolved P and sulfide along with

41



the undersaturation of authigenic Fe(Il) minerals in L227 and L442 imply that formation of
Fe phosphates or Fe sulfide contributes negligibly to the observed 3°°Fe in this study.
Another distinction lies in the identification of microbial communities. Microbial profile data
support the existence of photoferrotrophic bacteria in Lake Cadagno?®> and 1227, whereas no
photoferrotrophic bacteria have been identified in the Lake Pavin.?%* The most abundant
purple and green sulfur bacteria were observed in chemocline of Lake Cadagno. In contrast,
potential photoferrotrophs were detected up to several meters below the top of the anoxic
hypolimnion of 1.227,2!! associated with an increase in magnitude of fractionation A’*Fegis-spm

with depth.
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Chapter 3
Fe isotopes reveal distinct Fe cycling pathways during cyanobacterial

blooms in Boreal Shield lakes

3.1. Introduction

Iron (Fe) redox transformations are closely linked to the biogeochemical cycles of
other elements, such as carbon, nitrogen and sulfur, in aquatic ecosystems.? The
biogeochemical cycle of Fe is mediated by abiotic and biotic processes. Abiotic processes are
regulated by chemical reactions between Fe and redox species of other elements such as O,
NO>", MnO,, various S species and organic C.?® These abiotic processes control the mobility,
solubility, and bioavailability of Fe for biotic processes.?*® The bioavailability of Fe plays a
critical role in primary productivity in the oceans,?®” and the biogenic Fe products are
omnipresent in natural environments.?%% 2% Fe has two main redox states in the environment:
Fe(IIT) and Fe(II). Fe(III), the oxidized form, is insoluble at circumneutral pH in the absence
of complexing organic matter, and Fe(II), the reduced form, is readily soluble in the absence
of 0,2 Fe is intimately associated with OM by strongly binding to organic ligands in natural

14, 290, 291 and

organic-rich environments. Organic matter forms strong complexes with ferrous
ferric Fe.2”2-2%* The binding of Fe-OM increases the solubility, mobility and thus
bioavailability of Fe in natural waters and wetland soils by preventing hydrolysis/oxidation.'*
Harmful algal blooms (HABs) in freshwater are a significant environmental problem
worldwide.?*>-27 Cyanobacterial blooms (CyanoHABs), the most common HABs, can
produce toxic compounds that can threaten the lives of animals and humans that drink

contaminated water. %1% 2% Recently, Fe was suggested to play a key role in controlling

harmful cyanobacterial blooms in lakes and reservoirs.?!’ The competitive ability of
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cyanobacteria over eukaryotic competitors may be regulated by the availability of ferrous
Fe 210

Natural Fe isotopes are useful tracers for biogeochemical processes involving Fe.
Stable Fe isotope compositions in natural environments span a range of up to 8%o in §°°Fe.?*>
236 Only a limited number of Fe isotope studies have been conducted on lakes.?%-20> One
recent study on the Fe isotope compositions of dissolved and particulate phases in the water
columns of two small boreal headwater lakes found that the onset of a cyanobacterial bloom
affected the Fe isotope signature in the water columns (Chapter 2).2°® However, the
mechanisms by which cyanobacteria blooms modify the biogeochemical cycle of Fe in
freshwater lakes remain poorly understood. In this study, the seasonal variations in Fe
speciation and Fe isotopic compositions of dissolved (DFe) and particulate Fe (PFe) in
freshwater lakes during two annual phytoplankton blooms are reported. The study presents
the concentrations of Fe(Il) and Fe(III) in dissolved (DFe) and particulate Fe (PFe) along
with the Fe isotope compositions of dissolved Fe, particulate Fe and total Fe in the water
column of two small dimictic boreal headwater lakes: a eutrophic lake that has two blooms
each summer and a reference oligotrophic lake. This study aims to (1) explore the potential
biogeochemical Fe processes associated with Fe isotope fractionation during annual
phytoplankton blooms; (2) use Fe isotope and speciation data to track the sources of Fe used
by cyanobacteria and identify the relative importance of Fe sources; (3) assess the hypothesis
that under Fe-limited conditions, cyanobacteria could migrate to anoxic zone where sufficient

dissolved Fe(Il) is available.
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3.2. Methods
3.2.1. Study site

Lake 227 (L227) and Lake 442 (L442) are small boreal headwater lakes located in the
[ISD Experimental Lakes Area (IISD-ELA) in northwestern Ontario, Canada.?*®2% 1.227 is a
eutrophic lake that has been fertilized with nutrients for over 50 years. L227 has a surface
area of 5 ha, a mean depth of 4.4 m and a maximum depth of 10 m, while L442 is an
oligotrophic lake with a surface area of 16 ha, a mean depth of 9.6 m and a maximum depth
of 17.8 m. No defined stream enters L227 apart from ephemeral streams that feed the lakes
during snowmelt or heavy rainstorms. L227 outflow typically ceases in late spring. L.442 has
a lake outflow on the southeastern side and an inflowing stream in the northern basin. The
ELA area lies within the Precambrian Shield on a massive batholith of pink granodiorite.?*8
The surrounding watersheds are typical boreal forests, mostly jack pine and black spruce.
Both lakes do not have significant groundwater recharge or discharge because of shallow
soils and impermeable granitic bedrock. Data on the physico-chemical conditions of lakes,
along with the hydrology and meteorology of the ELA area, have been collected for over 50
years.

L227 and L442 are dimictic lakes that are stratified in summer and winter and water
column mixing occurs in spring and fall. The thermal stratification of small dimictic lakes in
ELA typically occurs in early to mid May, shortly after the ice off, and lasts until late
September, but sometimes as late as early November. During stratification, two distinct
layers are formed within the water column: an epilimnion and a hypolimnion, separated by a

narrow thermocline, metalimnion. According to the IISD-ELA procedure, the bottom of the

epilimnion is defined as the depth where the water temperature changes by greater than
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1°C/m and the bottom of the metalimnion is marked at the depth where 1% surface

photosynthetically active radiation (PAR) is reached.
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Figure 3-1 Phytoplankton biomass in the epilimnion (panel A) and metalimnion (panel
B) of L227 in 2018.

Dash lines indicate 4 sampling events: May 15 was before bloom, June 26 was during the peak of
the first bloom, Aug 21 was during the second bloom and Sept 11 was during the post bloom.

L227 is the site of long-term whole lake experimental eutrophication where nutrients
(N, P) have been added in various ratios since 1969.2°7 The regime of initial fertilization was
a molar N:P ratio of 29:1 from 1969 to 1974. Then, the ratio decreased to 11:1 after 1975. In

1990, N additions were stopped, and L227 has been fertilized with P alone since then.
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Oligotrophic L442 has not been manipulated in any way. L227 has two annual phytoplankton
blooms in response to nutrient additions, and the bloom pattern is quite repeatable each year.
The first bloom has a peak in Late June and declines sharply. The second bloom has a lower
peak and a long period over late summer (late July to early September). N-fixing
cyanobacteria dominate the first bloom, and the second bloom is co-dominated by
cyanobacteria (ca. 60%) and chlorophytes (ca. 40%). The relationship between the timing of
phytoplankton biomass bloom and sampling dates in 2018 is shown in Figure 3-1. The
sampling events of May 15, June 26, August 21 and September 17 were before the bloom,
during the peak of the first bloom, during the second bloom and during the post bloom,

respectively.

3.2.2. Sample collection

Water column sampling campaigns were carried out in 2018. Sampling in L227
occurred on May 15, June 26, August 21 and September 17 and on June 2, July 5 and
September 8 in L442. Profiles of temperature (T), dissolved oxygen (DO), pH, chlorophyll a
(chl-a) and specific conductivity were collected in situ with a multi-parameter pre-calibrated
YSI EXO2 sonde (YSI Inc., Yellow Springs, OH) at the time of sampling and every week
between June and Sept. Light profiles were collected using a LI-192 underwater quantum
sensor connected with a LI-250 light meter (LI-COR Biosciences, Lincoln, NE) at the time of
sampling.

Lake water column samples were collected along a vertical profile from the centre of
the lakes using a gear pump connected with calibrated tubing. The tubing was pre-flushed
with lake water at a specific depth prior to sampling. Unfiltered water samples for dissolved

inorganic carbon (DIC) and methane (CH4) were collected without headspace in 60 mL glass

47



serum bottles and preserved with 300 pL of 100% ZnCl> (w/v). Dissolved samples were
filtered by pumping water directly through an inline 0.45 pm filter. Filtered water samples
for dissolved organic carbon (DOC), total dissolved nitrogen (TDN) and total dissolved
phosphorus (TDP) were collected in 40 mL glass serum bottles and stored at 4 °C until
analysis. Dissolved samples for sulfate (SO4%), dissolved total sulfide (£S*) and ammonium
(NH4") were collected in 30 mL HDPE bottles (Nalgene) and kept frozen prior to analysis.
0.3 mL 20% zinc acetate was added to HDPE bottles prior to sampling of dissolved total
sulfide. Particular attention was paid to avoiding artificial oxidation during dissolved Fe
(DFe) sampling. DFe samples were collected in 160 mL glass serum bottles capped by blue
butyl rubber stoppers (Bellco Glass, Vineland, NY). The empty glass serum bottles were
acid-cleaned, vacuumed, and filled with N> gas. Before sampling, 15 mL 6 M trace-metal
grade hydrochloric acid (degassed with nitrogen) was pre-injected into glass serum bottles
using a needle to acidify the water samples to a final concentration of 0.5 M. Filtered water
samples were injected directly into acidified glass serum bottles using a needle connected to
pump tubing. Particulate Fe (PFe) samples were collected on the inline 0.45 pm membrane
filters at various water depths. In addition, at the same depths, particulate organic matter
(POM) for particulate organic nitrogen (PON), particulate organic carbon (POC) and
suspended particulate phosphorous (SPP) samples were collected on a Whatman QM-A
filters (Sigma-Aldrich, St. Louis, MI), which were pre-baked at 550 °C to remove any
organic material. The PFe samples were sealed, stored on ice in the field, and frozen until
analysis. Samples for microbial community analysis were collected using sterilized 0.22 pm

Sterivex polyvinylidene fluoride filters, which were frozen after collection.
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3.2.3. Chemical analyses

TDP concentrations were analyzed by a UV-Visible Spectrophotometer (Shimadzu,
Kyoto, Japan) at the IISD-ELA Analytical Laboratory within 24 hours of sampling. DOC and
TDN concentrations were measured by Total Organic Carbon (TOC-L) Analyzer (Shimadzu,
Kyoto, Japan). NH4" concentration analysis was performed on a Discrete Wet Chemistry
Analyzer (Westco Scientific Instruments, Brookfield, CT). SO4* concentrations were
measured by Dionex ICS2100 Iron Chromatography (Thermo Fisher Scientific, Waltham,
MA). DIC and CH4 concentrations were analyzed by GC-CF-IRMS using an IsoPrime
isotope ratio mass spectrometer (Elementar UK Ltd, Manchester, UK) equipped with an
Agilent 6890 gas chromatograph (Thermo Fisher Scientific, Waltham, MA). Dissolved total
sulfide (£S?°) and dissolved Fe(II)/Fe(III) concentrations in the water column were measured
spectrophotometrically by the methylene blue method® (detection limit: 0.25 uM) and the
ferrozine method?*’ (detection limit: 0.5 uM) respectively. The concentrations of POC and
PON on the POM filters were analyzed by CE-440 Elemental Analyzer (Exeter Analytical,
Coventry, UK), and SPP was analyzed by spectrophotometer (Cole-Parmer, Montreal, CA) at
IISD-Experimental Lakes Area Analytical Laboratory.

The filters for PFe were cut in half in an anaerobic chamber. The first half was
dissolved in 6M HCI under anoxic conditions and then preserved in 0.5 M HCI solution for
Fe(IT)/Fe(III) concentrations by the ferrozine method (detection limit: 0.5 uM). The second
half was digested using an acid digestion protocol. Briefly, the filters were thawed, cut into
pieces and placed in 22 mL Teflon vials (Savillex, Eden Prairie, MN). Then 4 mL
concentrated HNO; and 0.8 mL concentrated HF were added to the Teflon vials. The Teflon

vials were capped and heated at 110 °C for 12 hours. The mixture was evaporated to dryness.
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Then 1 mL concentrated HNO; and 3 mL concentrated HCI were added to the vials. The
vials were sealed and heated at 110 °C for 12 hours. After that, the mixture solutions were
evaporated to dryness. Finally, particulate stock solutions were obtained by adding 5 mL 6 M
HCl into the vials. In addition, blank filters were also digested following the same protocol.
Stock solutions of particulate were diluted in 2% HNQO3, and the trace element
concentrations were determined by an Agilent 8800 triple quadrupole inductively coupled
plasma mass spectrometer (QQQ-ICP-MS) in the Metal Isotope Geochemistry Laboratory at
the University of Waterloo. The HISS-1 (National Research Council of Canada) and BHVO-
2 (U.S. Geological Survey) were also digested with particulate samples to check instrument
accuracy (within 10%).3°!:392 The blank filter contained 479411 ng Fe, which is neglectable

compared to the amount of Fe on the sample filters (avg. 62 pg).

3.2.4. Lake water column geochemical profiles

The geochemical profiles in L227 and L442 are generally similar from late spring to
early fall.2!! In 2018, the temperature in L227 and L1442 decreased from ~15-23 °C in the
epilimnion to 4 °C in the hypolimnion during thermal stratification (Figure 3-2). The
epilimnia of the two lakes were well oxygenated. Oxygen concentrations declined and
became depleted (<O>=0.1 mg/L) in the hypolimnia of L227 (Figure 3-2). In L442, the redox
boundary (0.=0.1 mg/L) was located between 10 and 13 m, separating the hypolimnion into
oxic and anoxic zones. pH values in two lakes ranged from 6 to 9, with low pH at the bottom
and high pH at the surface (Figure 3-2). In L227, the pH at the surface layer can be as high as
9 during the bloom period. In L227 and L442, SO4> concentrations decreased from ~7-14
UM in oxic layers to ~3-5 uM in anoxic layers, accompanied by an increase in total dissolved

sulfide (£S*=H>S+HS+S%) from 1 uM in oxic layers to ~5-9 uM at the bottom of lakes
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(Figure 3-2). TDP concentrations in L442 were ~1-10 pg/L, showing an increasing trend with
depth. In L227, the enhanced anoxia over time significantly increased the TDP concentration
(~80 pg/L) at the bottom of the lake. During the peak of the first bloom, the TDP
concentration was 40 pg/L at 4 m depth, much higher than the bottom of the lake (24 pg/L).
Both lakes showed increased DIC concentrations with increasing depth, ranging from 15 uM
to 2000 uM (Figure 3-2). DOC, TDN and CH4 concentrations were relatively constant in
oxic layers and increased with depth in the anoxic hypolimnia of two lakes with some
exceptions (Figure 3-2). The TDN concentrations were constant across all depths of L442 in
July 2018. POC, PON and SPP concentrations in L442 and L.227 during the pre-bloom
period generally increased with depth (Figure 3-2). After the onset of bloom, both epilimnion

and metalimnion samples had higher POC, PON and SPP concentrations than the

hypolimnion in L227.
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Figure 3-2 Water column depth profiles of (A, G) dissolved oxygen (DO) and
temperature (T); (B, H) pH and conductivity; (C, I) total dissolved sulfide (XS*) and
sulfate (SO.>) (D, J) Dissolved inorganic carbon (DIC) and dissolved organic carbon
(DOC); (E, K) total dissolved nitrogen (TDN), ammonium (NH,*) and total dissolved
phosphorus (TDP); (F, L) particulate organic carbon (POC) and suspended particulate
phosphorus (SPP) in L227 (upper panel) and L442 (lower panel) during 2018.

3.2.5. Iron isotope analyses

Iron isotope compositions were determined for DFe samples and PFe samples. Prior
to Fe isotope analysis, Fe in the samples was quantitatively purified using anion exchange
chromatography.?** The recovery of Fe following chemical purification for all samples was
95 £ 5 %, as determined by the ferrozine method. To test the accuracy of Fe isotope analyses
(e.g., matrix effect, fractionation during purification), test solutions were prepared by adding
a certain amount of High Purity Standard (HPS Fe, in-house standard; Delta Scientific
Laboratory Products Ltd) to synthetic samples, which contain the same concentrations of
major ions (K*, Ca**, Na*, Mg?* CI, SO4>") as DFe and PFe samples. The amount of HPS Fe
added to the test solutions matched the range of Fe concentrations of the lake samples to be
measured. Test solutions were passed through anion-exchange columns using the same
procedure as all lake samples. In addition, five rock standards (SGR-1b, HISS-1, AGV-2,
CRPG-GA, BHVO-2) representing different lithologies were carried through digestion and
anion exchange chromatography to evaluate the accuracy of chemical separation and isotopic
measurement. Iron isotope compositions were measured by a multi-collector, inductively
coupled plasma mass spectrometer (MC-ICP-MS; Nu Plasma II) in the Metal Isotope
Geochemistry Laboratory, University of Waterloo, using the standard-sample-standard
bracketing technique. All Fe isotope data are reported as 5°°Fe values relative to the IRMM-
634 (the international standard replacing IRMM-014; Institute for Reference Materials and

Measurements), in units of per mil (%o):
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5°¢Fe=[(>°Fe/>*Fesample)/(>°Fe/**Feirmmesa) - 1] x 103

The average 5°°Fe of test solutions was 0.15 + 0.05%o (26, n=8), which was within

error of the average 8°¢Fe of pure HPS Fe (0.15 £ 0.10%o, 26, n=55). The average §°°Fe value

of HISS-1 was reported for the first time at 0.19 £+ 0.03%o (26; n=6). The §°°Fe value of

SGR-1b, AGV-2, CRPG-GA and BHVO-2 were 0.06 + 0.03%o (20; n=3), 0.11 £ 0.01%o0 (20,

n=3), 0.11 £ 0.04%o (26, n=3), 0.10 £ 0.02%0 (25, n=3) respectively, which were consistent

with literature values for these rock standards (0.04 £ 0.02%o for SGR-1b,% 0.11 + 0.04%o

for AGV-2,%0.11 £ 0.03%o for CRPG-GA,** 0.11 £ 0.03%0 for BHVO-23%). The &°°Fe

values of rock standards, test solutions and lake samples were correlated to 8°’Fe values on a

mass fractionation line with a 8°’Fe/3°°Fe slope of 1.495+ 0.022 (26, n=232, p<0.0001),

closed to the theoretical mass-dependent fractionation slope of 1.47 (Figure 3-3).

y=1.495x+0.002
R?=0.989

5%"%*Fe (%)

BHVO-2
AGV-2
CRPG-A-GA
SGR-1b
HISS-1

Test solution
Lake samples

Figure 3-3 5°°Fe vs 6°'Fe for all lake samples, together with rock standards and test

solutions.
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All values obtained in this study follow on a mass fractionation line with a slope close to
theoretical mass-dependent fractionation value (1.47).

3.3. Results and Discussion

3.3.1. Biogeochemical cycling in the oxic layers of L227 and 1.442

One significant distinction between the oxic layers of the two lakes is the occurrence
of phytoplankton blooms that occur twice each year during the ice-free season in L227 as a
result of the nutrient addition. Four distinct stages associated with the annual phytoplankton
blooms in the oxic layers of L227 are identified and compared to L442 in order to discern the
effects of bloom dynamics on Fe cycling and stable Fe isotopes.
Fe redox speciation in L227 before the bloom (Stage I): The effect of photochemical
reduction and abiotic precipitation

Before the bloom (May 15, Stage 1), Fe speciation of DFe and PFe in the sunlit oxic
layers of L227 is regulated primarily by photochemical reduction and abiotic precipitation.
The phytoplankton biomass (1.6 £ 0.1 mg/L; Table 3-1) and chlorophyll a concentrations in
the epilimnion and metalimnion of L227 (21.0 + 17.1 pg/L; Figure 3-4) were much lower
than during the bloom. DFe concentration was around 5-13 pM, and 40-90% of DFe was
dissolved Fe(Il) (Figure 3-5). PFe concentration was relatively constant (1-3 M), and the
particulate Fe(III) represented over 90% of PFe (Figure 3-5), suggesting that PFe is likely
controlled by abiotic Fe precipitates, which comprise a mixture of lithogenic minerals and
authigenic particles. Despite the fact that Fe(Il) is thermodynamically favorable in
oxygenated water, the relatively high dissolved Fe(Il) concentrations in the oxic water
column (40% to 90% of dissolved Fe) are consistent with the observations in other studies

that a significant dissolved Fe(Il) fraction is present in the oxic layers of circumneutral
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lakes 24,306-308

This prevalence of dissolved Fe(II) is possibly due to the photochemical
reduction of Fe(II1)*° and the complexation of dissolved Fe(Il) with dissolved organic
matter(DOM) in the lake.!® Photochemical reduction of Fe(III) has been shown to produce
measurable Fe(Il) concentration under oxygenated circumneutral pH conditions, both in

24,31, 399 and natural surface aquatic systems.?!%3!! In addition to

experimental studies
temperature and pH, the rate of photochemical reduction of Fe(IIl) depends on the light
intensity, which generally decreases exponentially with depth due to absorption by light-
absorbing components in lake water.*° In the oxic layer of 1227, the ratios of dissolved Fe(II)
to DFe (Fe(Il)ais/DFe) exhibited a decreasing trend with depth (from 0.91 at 0 m to 0.40 at 4
m), reflecting a positive correlation between light intensity and Fe(Il)ais/DFe ratios. This
observation further supports that the persistence of dissolved Fe(Il) in oxic water could be
mediated by the photochemical reduction of Fe(IIl). Complexation of Fe(II) with DOM
following photochemical reduction of organically complexed Fe(III) could stabilize
dissolved Fe(Il) in the oxic layer of L227; otherwise, the photoproduced inorganic dissolved
Fe(IT) would have been rapidly oxidized back to dissolved Fe(IIl) by oxidants at the pH of
L.227.3!2 Previous studies on the effect of Fe(I)-DOM complexation on the oxidation rates of
Fe(IT) showed that the presence of aromatic humic substances, tannic acids, gallic acid and
pyrogallol could significantly inhibit the oxidation rate of Fe(II) and stabilize dissolved Fe(II)
in oxic water.!®!® It should be noted that Fe(II) binding to DOM also accelerates®!* 34 or has
no effect’!> on the rate of Fe(II) oxidation, and the variable effects depend on the molecular
composition of DOM and experimental system.!”

While DFe and PFe concentrations in the oxic layers of L442 (0-5 uM and 0.1-1.0

uM, respectively) were generally lower than those in L227, a similar pattern of Fe speciation
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was observed in the water column of L442 compared to L227 before the bloom (Figure 3-5).
Particulate Fe(II) represented over 80% of PFe in the oxic layers of L442 similar to L.227.
Although dissolved Fe(II) represented 65-70% of DFe in the oxic epilimnion and
metalimnion of L442, no dissolved Fe(Il) was observed in the oxic hypolimnion of 1442
(Figure 3-5), suggesting that there is a lack of photochemical reduction of Fe(IIl) in the
hypolimnion, likely due to the limited light intensity in this zone (<2 pumol photons m2 s!;
1% of the surface radiation).?!! The prevalence of dissolved Fe(II) and particulate Fe(III) in
the surface oxic layers of L227 and L 442 implies that photochemical reduction of Fe(IIl) and
precipitation of Fe(IIl) oxyhydroxides play substantial roles in the Fe cycling in the oxic

layers before the bloom.

Table 3-1 Phytoplankton biomass (mg/L) and cell density (10° cell/mL) in the
epilimnion and metalimnion of L227 during 2018

) Total Total
vates  Layers Cyanobacteria Chlorophyte Chrysophyte biomass density
me/L 108 me/L 108 me/L 100 me/L 108
cell/mL cell/mL cell/mL cell/mL
May 15 Epi 0.01 0.04 1.16 1.42 0.54 0.54 1.71 2.01
Meta | 0.01 0.05 0.93 1.30 0.61 0.81 1.55 2.16
June 26 Epi 20.31 117.03 0.98 1.35 0.01 0.02 21.30 118.39
Meta | 1793 11478 0.73 1.39 0.04 0.06 18.69 116.23
Aug 21 Epi 4.53 26.06 2.13  10.33 0.00 0.00 6.67 36.39
Meta | 5.41 32.27 1.85 12.75 0.01 0.01 7.26 45.03
Epi 3.71 22.02 2.08 1561 0.01 0.02 5.81 37.65
sept 1l Meta | 2.65 17.02 225 1730 0.03 0.04 4.93 34.37
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Figure 3-4 Depth profiles of (A) Fe/Al molar ratio of suspended particulates and
particulate Fe concentrations, and (B) chl a concentrations in L227 during 2018.
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Figure 3-5 Dissolved Fe, particulate Fe, and total Fe concentrations in L227 (A-E) and
L442 (F-J) during 2018.

Yellow bars indicate approximate depth of metalimnion. The thickness and depth of metalimnion
may vary seasonally. Black, red, blue, purple horizontal dotted lanes represent the depth of 0.1
mg/L dissolved oxygen (redox boundaries) for May 15, June 26, August 21 and September 11,
respectively, in L227. Black, red and blue horizontal dotted lanes represent the depth of 0.1 mg/L
dissolved oxygen (redox boundaries) for May 01, July 05 and September 08, respectively, in
L442.

Dissolved and particulate 3°Fe in oxic layers of L227 before the bloom (Stage I)
During Stage I, dissolved 8°°Fe was slightly more positive than particulate 5°°Fe in
the epilimnion and metalimnion of L227 given the 0.05%0 measured external precision. The
isotopic fractionation between DFe and PFe (A*$Fegis_part) was small (0.13 + 0.03%o, 2c;
Figure 3-6). The 8°°Fe values of DFe and PFe in the epilimnion and metalimnion of L442
were similar to those observed in L227. Furthermore, the fractionation A%Fedis part in the
epilimnion and metalimnion of L442 was 0.06 + 0.09%o (26), similar to the A’°Feqis-part
observed in the oxic layers of L227 before the bloom. Collectively, this evidence indicates

similar Fe processes in L442 and L227 before the bloom.
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Figure 3-6 Iron isotope compositions (3°°Fe) of dissolved and particulate Fe in the water
column of L227 (A, B) and L442 (C, D).

Yellow bars indicate approximate depth of metalimnion. The thickness and depth of metalimnion
may vary seasonally due to the changing climate. Horizontal dotted lanes represent the depth of
0.1 mg/L dissolved oxygen (redox boundaries) in each lake at the time of sampling. Iron isotope
fractionation, A>°Fe, is defined as the difference between dissolved 8°°Fe and particulate 3°°Fe.

Potential in-lake processes that could modify 8°¢Fe in the epilimnion and

metalimnion of L442 and L227 before the bloom include (1) complexation of DFe with
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DOM, (2) precipitation of Fe(Ill) oxyhydroxides, (3) photochemical reduction of particulate
Fe(III), and (4) photolysis or microbial decomposition of organic Fe complexes.

The observation that DFe is slightly enriched in heavy Fe isotopes suggests that §°°Fe
of DFe and PFe in the oxic layers of L.442 and L.227 before the bloom are likely modified by
a combination of multiple processes, which counteract each other and produce the observed
small A>®Fegispart fractionations in the epilimnion and metalimnion of L442 and 1227 (Figure
3-6). In oxic water, 99% or more of DFe is complexed to organic ligands.?* 2* The
complexation of DFe with DOM can make organically complexed DFe enriched in heavy
isotopes. An experimental study of dissolved Fe(III) binding to siderophores showed an
equilibrium fractionation A>°Fe of 0.60 = 0.15%o0 between dissolved organic Fe(III)
complexes and dissolved inorganic Fe(III).!®® The latter would precipitate as Fe
oxyhydroxides under circumneutral conditions and the isotope fractionation A>°Feuis Fe(1r)-ferric
oxide between dissolved inorganic Fe(IIl) and Fe oxyhydroxides tends to be 0%o if the

precipitation is rapid and complete,>!'

which is likely the case in natural oxic systems
considering the abundant oxygen and extremely low amount of dissolved inorganic Fe(III).2%
24 The kinetic fractionation A*°Feqis re(111)-ferric oxide, hOWever, can be variable from 0.2%o to
1.5%o depending on the precipitation rate (moderately fast to slow).!”*3!7 Furthermore, a
previous study of Fe isotope fractionation between colloidal Fe and PFe in boreal organic-
rich water found that 8°°Fe of different Fe pools increased with decreasing particle size, and
the dissolved Fe-DOM complexes in the <0.4 um fractions were enriched in heavy Fe
isotopes by 0.30%o0 compared to the PFe in the >0.4 pm fractions.?>® In contrast, the

photochemical reduction of particulate Fe(Ill), producing a significant amount of dissolved

Fe(Il) in the oxic layers of L442 and L.227 before the bloom, is known to produce dissolved
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Fe(Il) enriched in light Fe isotopes. One experimental study of the photochemical reduction
of Fe oxides observed an apparent Fe isotope fractionation A>Fegis gocth 0f —1.7%0 between
DFe and goethite.?'® Photolysis and microbial decomposition of organic Fe complexes can
also fractionate Fe isotopes. Microbial decomposition of organic Fe complexes could make
dissolved 8°°Fe more positive. A previous study on the biodegradation of DOM using boreal
humic water with heterotrophic bacteria found that the DFe became isotopically heavier
(~0.3%0) due to a combination of the breakdown of Fe-DOC complex, Fe adsorption and
assimilation by live cells.?¢” In contrast, photolysis of DFe complexed to DOM could make
the dissolved phase isotopically more negative. DFe associated with DOM is isotopically
more positive than inorganic Fe species!®®. A partial breakdown of the Fe-DOM complex
followed by the removal of Fe by precipitation of Fe oxyhydroxides from the water column
could make the dissolved phase isotopically more negative. An experimental study on the
photodegradation of DOM in boreal humic water showed that the dissolved phase decreased
in 8°%Fe during photodegradation followed by precipitation of Fe.?®” At present, given the
conflicting results of various but limited studies, the relative contributions of those processes
to the Fe isotope signatures of DFe and PFe cannot be disentangled. Instead, it is likely that
all these processes combine to produce the observed A*Fegis_part fractionations in the
epilimnion and metalimnion of L442 and L227.
Dissolved and particulate 3°Fe and relationship to Fe speciation during the peak of the
first bloom (Stage II)

Both Fe speciation and isotopic values of DFe and PFe in the oxic layers of L227 are
altered by the onset of the cyanobacterial bloom. The peak of the first bloom (June 26, Stage

1), characterized by high phytoplankton biomass concentration (20.0 + 1.8 mg/L; Table 3-1)
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and chlorophyll a concentration (maximum: 336 pg/L; Figure 3-4), is dominated by
diazotrophic cyanobacteria (>95% of total biomass; Figure 3-1), primarily Aphanizomenon
schindlerii. A drawdown of DFe and an increase in PFe were observed in the oxic epilimnion
and metalimnion during Stage Il compared to Stage I (Figure 3-5). DFe concentration in the
oxic layers of L227 during the first bloom was around 1-3 uM, much lower than DFe
concentration before the bloom. In contrast, PFe concentration (1-5 uM) in the oxic layers of
L227 was higher during the peak of the first bloom compared to PFe concentration before the
bloom. Almost all of DFe (over 94%) was dissolved Fe(IIl), and particulate Fe(II)
represented between 61% and 88% of PFe during the peak of the first bloom, in contrast to
Fe redox speciation observed before the bloom (Figure 3-5).

Diazotrophic cyanobacteria have the potential to affect Fe cycling. These organisms,
capable of N> fixation and oxygenic photosynthesis, have higher Fe requirements than other
microorganisms such as heterotrophic bacteria and eukaryotic algae.”! 7> 31° Excessive
growth of diazotrophic cyanobacteria could cause the depletion of DFe and an increase in
PFe due to intensive intracellular uptake of Fe, as well as Fe adsorption to the cell walls
(further details on Fe adsorption are provided in the following paragraphs). Previous studies
showed that the onset of a cyanobacterial bloom caused the drawdown of DFe in the surface
layer of eutrophic lakes**® and the open ocean.??%- 321322 One study on diurnal variation of
DFe during summer bloom in a boreal lake found that DFe concentration decreased during
daytime due to the assimilation by phytoplankton cells.??* One recent study of Fe cycling
during a phytoplankton bloom in the surface ocean showed that PFe concentrations increased
in the mixed layer during the development of the bloom.??* Furthermore, one study about the

effect of fertilization with Fe on the formation of bloom in coastal waters found that PFe
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concentration was higher in the bloom region than in the surrounding high-nutrient, low-
chlorophyll reference seawater.’?> Moreover, PFe generally increased in the oxic layers and
peaked at 7 uM at 4 m of L227 (Figure 3-4). The peak of PFe coincided with the peak of
chlorophyll a concentration (Figure 3-4), further supporting the suggestion that uptake by
cyanobacteria causes an increase in PFe and a decrease in DFe at all depths from 0 to 4 m
during the peak of the first bloom in L227. Furthermore, total Fe concentrations (TFe=DFe +
PFe) in the oxic layers of L227 during the first bloom also decreased compared to TFe before
the bloom (Figure 3-5), suggesting a removal of Fe after onset of the cyanobacterial bloom.
DFe concentrations in the oxic layers of L442 noticeably increased from early June to
early July and remained relatively constant until September (Figure 3-5). Meanwhile, PFe
concentrations in the oxic layers of Lake 442 remained relatively constant from early June to
early September (Figure 3-5). Collectively, these observations support the idea that the
drawdown of DFe and the increase in PFe in L227 during the peak of the first bloom are
likely caused by biological processes associated with cyanobacteria, possibly involving
intracellular uptake of Fe by cyanobacteria. Furthermore, total Fe concentration in the oxic
layers of L442 considerably increased from early June to early July (Figure 3-5), likely
resulting from terrestrial Fe input; this observation supports that changes in TFe
concentration in the oxic layers of L227 during the bloom are likely attributed to the removal
of Fe associated with the cyanobacterial bloom, rather than abiotic aggregation and
precipitation of DOC-Fe. The onset of the cyanobacterial bloom in the epilimnion and
metalimnion of L227 modifies biogeochemical Fe cycling, causing changes in DFe, PFe and

TFe pools.
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The occurrence of diazotrophic cyanobacteria can alter Fe speciation of DFe and PFe.
Phytoplankton in high density could cause elevated dissolved Fe(Il) in oxygenated water,
both in lakes and experimental studies.*?”- 3% 326 During the cyanobacterial bloom, dissolved
inorganic Fe(II) can be produced by photochemical reduction of Fe(IlI) and extracellular
reduction of Fe(IIl) by cyanobacteria. Cyanobacteria reduce Fe(III) to dissolved inorganic

Fe(Il) on the plasma membrane (or in the periplasm) prior to transport into the cell, > 8% %

or
generate superoxide to reduce Fe(III) to dissolved inorganic Fe(Il) extracellularly under oxic
conditions.”® ! Furthermore, cellular secretions from phytoplankton decrease Fe(IT)
oxidation rates substantially.??”-32® A recent study investigating the effect of phytoplankton
on Fe reduction and oxidation rates under simulated experimental conditions showed that a
high density of phytoplankton could slow Fe(Il) oxidation rates, possibly due to the weak
complexation between dissolved Fe(Il) and organic compounds excreted by
phytoplankton.3® Nevertheless, there was no dissolved Fe(Il) detected in the epilimnion and
metalimnion of L227 during the bloom (Figure 3-5). The severe depletion of newly reduced
dissolved Fe(Il) during the peak of the first bloom is speculated to be caused by the uptake of
dissolved Fe(Il) by cyanobacteria.

Cyanobacteria can take up dissolved Fe(Il) via porin-mediated Fe uptake and
reductive Fe uptake.” 808284 The newly produced dissolved inorganic Fe(Il) by
photochemical reduction can be transported directly through the outer membrane of
cyanobacteria by porins, which are not permeable to organically complexed Fe.?3 3% One
study investigating the effect of light on Fe uptake by cyanobacteria found that dissolved

inorganic Fe(Il) produced by photochemical reduction dramatically promoted the uptake rate

of Fe by cyanobacteria, suggesting that photochemically produced inorganic dissolved Fe(II)
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is more assimilable by cyanobacteria than organically complexed Fe.3? Furthermore, one
study on the bioavailability of Fe to cyanobacteria found that dissolved inorganic Fe is the
most bioavailable form in terms of Fe acquisition by cyanobacteria.®? An alternative pathway
of Fe acquisition that has been studied extensively in cyanobacteria and eukaryotic algae is
reductive Fe uptake, which involves the reduction of Fe(III) before the transport of Fe into
cells.”® 3% Dissolved Fe(IT) produced by extracellular reduction of Fe(III) can be subsequently
transported through the plasma membrane during Fe acquisition.®? The prevalence of Fe(II)
in the particulate phase during the peak of first bloom in L227 (Figure 3-5) implies that these
particulate Fe(Il) particles are likely intracellular Fe(Il) assimilated by cyanobacteria (and
extracellular Fe(II) by adsorption; details are given below), lending support to the dominance
of dissolved Fe(Il) transport in Fe acquisition of cyanobacteria in L227. The dissolved Fe(III)
fraction observed in the oxic layer of L227 during the bloom is possibly bound to high-
molecular-weight (HMW) ligands, which cannot be readily reduced to dissolved Fe(II)** or
directly transported into cells by siderophore mediated transport,®*° due to the low
bioavailability of Fe bound to HMW ligands.*3! Another explanation for the presence of
dissolved Fe(III) in the oxic layer of L227 during the bloom is that Fe is not limited in L227.
As a result, siderophore mediated Fe(III) transport is not initiated in the cyanobacterial cells.
Despite the fact that siderophore mediated Fe(III) transport has been well
characterized in both cyanobacteria and eukaryotic algae under Fe starvation,-87 this Fe-
uptake mechanism is unlikely to be the dominant pathway in the cyanobacterial strains of
L227, considering the prevalence of particulate Fe(Il) in L227, as mentioned previously, as
well as the Fe isotope results (see further details in the following paragraphs). A recent study

that successfully suppressed a cyanobacterial bloom in L227 by adding oxine implied that
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cyanobacterial strains in L.227 mainly transport Fe(II), not Fe(Ill), into the cell, and the
availability of dissolved Fe(Il) might regulate the formation of the cyanobacterial bloom,
ruling out the dominance of siderophore mediated Fe(IIT) transport in £L227.2% 1t is likely that
the siderophore mediated Fe(III) transport in the cyanobacteria in L227 is either not initiated
because the concentration of DFe is still “sufficient” for the growth of cyanobacteria or, if
initiated, it contributes at a very low rate. Cyanobacteria can utilize siderophore mediated
Fe(III) transport when subjected to extreme Fe limitation. One study on siderophore
production by cyanobacteria found that siderophore was not produced until DFe
concentrations drastically decreased to 10"!° M.>3? Furthermore, the uptake rate of
siderophore mediated Fe(III) transport is 10* times lower than the rate of inorganic Fe
transport in cyanobacteria.’?

In the oxic epilimnion and metalimnion of L442, Fe speciation of DFe and PFe shows
no seasonal variation from early June to early September, with a consistent dominance of
dissolved Fe(Il) and particulate Fe(III), respectively. This observation in 1442 further
suggests that the depletion of dissolved Fe(Il) and the prevalence of particulate Fe(Il) during
the peak of the first bloom in L.227 are likely caused by the uptake of dissolved Fe(Il) by
cyanobacteria. Furthermore, the interpretation that the dominance of dissolved Fe(II)
transport over siderophore-mediated Fe(III) transport in cyanobacterial stains in L227 is
consistent with other studies showing that non-siderophore mediated Fe uptake (i.e., porin-
mediated Fe uptake and reductive Fe uptake) is dominant in Fe acquisition in freshwater
cyanobacteria (e.g., Microcystis and Anabaena sp.). 331333334

The change in Fe speciation in the epilimnion and metalimnion during the bloom in

1227 was accompanied by a diagnostic change in 5°°Fe values of DFe and PFe. During the
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peak of the first bloom, dissolved Fe was low and dissolved 8°°Fe was significantly more
positive than particulate °°Fe in the epilimnion and metalimnion of L227 (Figure 3-6). The
A>$Fedis part in the epilimnion and metalimnion of L227 during the bloom was 1.02 £ 0.33%o
(26), much larger than that in L227 before the bloom (0.13 £ 0.03%., 20) (Figure 3-6).
Furthermore, the 8°°Fe values of DFe and PFe in the epilimnion and metalimnion of 1442
remained constant from early June to early September, with the A>°Fegis—part 0f 0.06 % 0.09%o0
(26), much smaller than A°*Feis part in the epilimnion and metalimnion of L227 during the
bloom. Collectively, this evidence suggests that the 5°°Fe values of DFe and PFe in L227 are
likely modified by biological processes associated with the cyanobacterial bloom.

Uptake of isotopically light Fe by cyanobacteria during the peak bloom caused the
PFe to be more isotopically negative and the remaining DFe more positive. Dissolved 8°°Fe
is more positive than particulate §°°Fe by 0.9-1.3%o during the peak of cyanobacterial bloom
(Figure 3-6), consistent with the reported values (A>®Fegispart 0f 0.2 to 1%o between dissolved

229,230 and freshwater

Fe and particulate Fe) of biological uptake in both open ocean
systems.??8 Laboratory studies on the Fe isotope fractionation during biological uptake,
however, yield opposite results. Uptake by a diazotroph in a culture study using Fe-citrate
enriched the cells with AS°Fecelis-medium 0f +1.1%0 compared to the growth medium.'®® The
author implied that enrichment of heavy Fe isotopes in cells was possibly due to uptake of
isotopically heavy siderophore Fe(IlI), which was produced during Fe transport and modified
by the equilibrium isotope effect between siderophore bounded Fe(IIl) and Fe-citrate in
growth medium. Another study on the biological uptake by phytoplankton using two algal

species and Fe(II) sources in a culture observed a A>Fecelis-medium 0f 0.8 to 3.1%o between

cells and growth medium.'® The author suggested that oxidation of adsorbed Fe(II) and
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subsequent transport of adsorbed Fe(III) into cells likely led to the isotopically heavy
intracellular Fe. In L227, the Fe uptake mechanism in the cyanobacteria is quite different
from the proposed mechanisms of these two experimental studies. Cyanobacteria in L227
appear to mainly utilize dissolved inorganic Fe(Il), which is likely produced by the
photochemical reduction of Fe(IIl) and the extracellular reduction of Fe(IlI). Photochemical
reduction of Fe(III) is known to produce dissolved Fe(Il) enriched in light Fe isotopes.®!®
Although the fractionation during extracellular reduction of Fe(III) remains unclear, this
process is likely to produce isotopically light dissolved Fe(II), similar to the photochemical
reduction®'® or biotic Fe(II) reductions (e.g., dissimilatory iron reduction).!®! Therefore, the
uptake of bio- and photo-reduced isotopically light dissolved Fe(Il) leads to the enrichment
of light Fe isotopes in cells. Another explanation for the isotopically light intracellular Fe in
1227 is a kinetic isotope effect whereby light Fe isotopes have relatively faster rates than
heavy Fe isotopes during the biological uptake. Further isotope work is needed to constrain
the isotope fractionation mechanism during the uptake of Fe by the diazotrophic
cyanobacteria, Aphanizomenon schindlerii.

Other processes that could potentially affect Fe cycling and Fe isotopic values in the
oxic layer of L227 during the peak of the first bloom include (1) Fe adsorption on
cyanobacteria, (2) oxidative precipitation of Fe oxyhydroxides and formation of Fe(II)
minerals and (3) hydraulic flushing via lake inflow/outflow and seasonal variation in 5°°Fe
from stream inputs.

Adsorption of Fe on cyanobacterial biomass could cause the drawdown of DFe and
an increase of PFe (Figure 3-5). Both dissolved Fe(Il) and Fe(III) can adsorb on

cyanobacteria, contributing to the particulate Fe(II) and Fe(III) pools. As adsorbed Fe(Il) is
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readily oxidized to Fe(IIl) under oxygenated circumneutral pH conditions,?® the particulate
Fe(Il) fraction contributed from Fe(II) adsorption might be relatively small compared to the
fraction from intracellular uptake of dissolved Fe(Il). At this stage, the intracellular Fe(II)
and extracellular Fe(Il) in the particulate Fe(Il) pool cannot be distinguished. The particulate
Fe(IT) pool is likely composed of intracellular Fe(I) and extracellular Fe(Il). Fe adsorption is
unlikely to dominate, however, because the presence of Fe adsorption is not supported by Fe
isotope results. Sorption of Fe to a solid surface is known to favor the heavier isotope in
sorbed phase, leaving DFe isotopically light, 133 193.264 which is in direct contradiction with
the isotope results presented in this study. Two studies of Fe isotope fractionation during Fe
adsorption on cyanobacteria showed that adsorbed Fe was isotopically heavier than the
growth medium by >0.70%o..!7% 2> Therefore, Fe adsorption might occur in 1227 and affect
the observed fractionation, but it is not the major process producing the observed isotope
fractionation A3®Fegis_part in the epilimnion and metalimnion of L227.

Oxidative precipitation of Fe(III) oxyhydroxides and formation of Fe(Il) minerals
could account for DFe loss and PFe accumulation in the epilimnion and metalimnion of
L227. Specifically, Fe(II) minerals could contribute to the particulate Fe(Il) pool. However,
the saturation index (SI) of potential Fe(Il) minerals, mackinawite (FeS) and vivianite
(Fes(PO4), indicated that these Fe(Il) minerals were highly undersaturated in the epilimnion
and metalimnion of L227 and thus unlikely to contribute to the particulate Fe(II) pool.
Therefore, precipitation of inorganic Fe minerals is likely dominated by Fe oxyhydroxides
and would contribute to the particulate Fe(III) pool. Fe(II) oxidation and subsequent
precipitation of Fe oxyhydroxides are known to produce isotopically heavy Fe oxides and

hydroxides. The Fe isotope fractionation arising from oxidation-precipitation is thought to be
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a net isotope fractionation resulting from an equilibrium fractionation between aqueous
Fe(Il) and aqueous Fe(IIl) and a kinetic fractionation between Fe(Ill) oxides and aqueous
Fe(IIT).!> Experimental studies report that the equilibrium fractionation A>Fere(i)re(im
between aqueous Fe(Il) and aqueous Fe(III) is —3.01 %o at 22 °C!> and the equilibrium
fractionation A>®Fere(in)-ferrinydrite between aqueous Fe(Il) and ferrihydrite is up to —3.2%o
reflecting differences in Fe-O bonds.!%® Recent experimental studies on the fractionation
between aqueous Fe(Il) and Fe(II1) minerals show that the A3Fere(in-goethite fractionation of
up to —1.22%0'%” and the A>Fere(i)-hematite fractionation of up to —3.14%o..'%° The sign of the
Fe isotope fractionations during Fe(II) oxidation and subsequent precipitation is opposite to
the observed A>®Fegis—part fractionation (1.02 + 0.33%o) (Figure 3-6), indicating that observed
A>$Fedis part fractionation cannot be produced by oxidative precipitation of Fe(III)
oxyhydroxides.

Hydraulic flushing via lake inflow and outflow can dilute Fe concentrations,
decreasing DFe in the surface layer of lakes. However, this process is not the major process
contributing to the observed changes in DFe in the oxic layers of L227 because no such trend
was observed in the nearby reference L442 during lake stratification. In addition, considering
water residence times of L227 and 1442 (3-4 years),*®® seasonal variation in 3°°Fe of stream
inflow is likely muted in the lake water column, consistent with the observation that no
seasonal variation in 5°°Fe of DFe and PFe was observed in the oxic layers of nearby
reference L442 during lake stratification.

For the first time, a drawdown of DFe and an increase in PFe during a cyanobacterial
bloom in the freshwater system (Figure 3-5) are reported, possibly due to the uptake of DFe

by cyanobacteria. This is also the first time that in sifu Fe speciation of both DFe and PFe
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associated with cyanobacteria is determined during the bloom in freshwater. The uptake of
dissolved Fe(II) by cyanobacteria is potentially facilitated through porin-mediated Fe uptake
and reductive Fe uptake. Furthermore, this is the first time that Fe isotopes were analyzed in
conjunction with these key measurements. One important finding is that the particulate Fe(II)
pool (60-90% of PFe pool) is comprised of intracellular Fe(II) and extracellular Fe(Il), which
are associated with living cells, organic debris and fecal pellets. The depletion and
enrichment of Fe(Il) in dissolved and particulate phases, respectively, together with the large
Fe isotope fractionation between DFe and PFe (A>°Feqispart) (Figures 3-5 and 3-6) clearly
show that uptake of dissolved Fe(II) by cyanobacteria plays a major role in regulating the Fe
cycling in the oxic layers of L227 during the peak of the first bloom. The uptake of dissolved
Fe(II) that is isotopically light by cyanobacteria during the bloom led to a conversion from
DFe to PFe, a shift in the speciation of PFe from particulate Fe(III) to particulate Fe(II) and a
diagnostic change in the 8°°Fe values of both DFe and PFe.

Large shifts in dissolved and particulate 5°°Fe in the oxic layers of L227 during the
second bloom (Stage IIT)

Biological uptake during the second bloom continues to further modify Fe cycling
and Fe isotopes, resulting in similar Fe speciation of DFe and PFe, similar DFe
concentrations but lower PFe and TFe concentrations compared to those observed during the
first bloom. The second bloom was co-dominated by diazotrophic cyanobacteria (ca. 60%; A.
schindlerii) and chlorophytes (ca. 40%; Dictyosphaerium pulchellum and Spondylosium
planum). In the oxic layers of L227, Chlorophyll a concentration during the second bloom
(August 21, Stage IIT) was similar to chlorophyll a concentration during the first bloom, with

a maximum value of 400 pg/L, while the phytoplankton biomass concentration during the
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second bloom was lower than the concentration during the first bloom, with a maximum of
7.3 mg/L (Table 3-1 and Figure 3-4). Lower PFe and TFe concentrations during the second
bloom compared to the first bloom reflect the decreased biogenic PFe due to the decreased
concentration of phytoplankton biomass. Fe(IlI) and Fe(II) dominated dissolved and
particulate phases, respectively, in the epilimnion and metalimnion of L227 during the
second bloom (Figure 3-5). The similarity in Fe speciation during the first and second
blooms suggests that chlorophytes in L227 mainly transport dissolved Fe(II) into cells,
similar to the Fe -uptake mechanism of diazotrophic cyanobacteria. This interpretations are
consistent with other studies, which have demonstrated that reductive Fe uptake (reduction of
Fe(III) prior to transporting) is a common strategy amongst eukaryotic phytoplankton.®? 33>
Collectively, the results suggested that uptake of dissolved Fe(II) by cyanobacteria and
chlorophytes, along with Fe adsorption, continually regulates Fe cycling in oxic layers of
L227 during the second bloom in both the epilimnion and metalimnion.

In contrast to the similarity in Fe speciation of the two blooms, dissolved 8°°Fe and
particulate 5°°Fe differed between the first and second blooms (Figure 3-6). The A’°Fegis—part

between DFe and PFe in the epilimnion of L227 during the second bloom was 0.56 + 0.05%o,
smaller than A>®Fegis—part during the first bloom (1.02 + 0.33%o) (Figure 3-6). The difference
between A>°Fegis part of the first bloom and second bloom suggests that the uptake of Fe by
chlorophytes might produce distinct Fe isotope fractionation compared to diazotrophic
cyanobacteria. Despite the fact that both cyanobacteria and chlorophytes in L227 likely
utilized dissolved Fe(Il), the specific Fe-uptake mechanisms in cyanobacteria and eukaryotic
algae might be different.’*¢ Furthermore, as mentioned previously, diazotrophic

cyanobacteria have a higher Fe requirement (>10-fold higher) than eukaryotic algae.”® 72319
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A recent study on the uptake rate of cyanobacteria found that the surface-area-normalized
uptake rate and metabolic Fe use efficiency in picocyanobacteria (Synechococcus) were
lower than those in diatom (Thalassiosira), suggesting that eukaryotic algae have higher Fe
uptake efficiency than cyanobacteria.’*® The different uptake kinetics between cyanobacteria
and eukaryotic algae might lead to different Fe isotope fractionations during biological
uptake. The change in dissolved 8°°Fe and particulate °°Fe during phytoplankton succession
from cyanobacteria dominance to co-dominance of cyanobacteria and eukaryotic algae
suggests that Fe isotope fractionation produced by cyanobacteria is distinct from that
produced by eukaryotic algae, likely due to the differences in their uptake kinetics, the
specific Fe-uptake mechanisms and associated enzymatic processes. However, it should be
noted that the difference between A>°Fegis part of the first bloom and A3Fegis—part of the second
bloom might also result from the different balance of Fe processes between these two
blooms. Further experimental studies are necessary to measure the Fe isotope fractionation
during biological uptake at different uptake rates for representative cyanobacteria and
eukaryotic algae separately and constrain the isotope fractionation mechanism.

Dissolved and particulate 3°°Fe in the oxic layers of L227 during the post bloom (Stage
1V)

During the post-bloom period, the bloom collapsed gradually. The phytoplankton
biomass declined during the post bloom but values were still relatively high (5.4 £ 0.6 mg/L)
(Table 3-1). The chlorophyll a concentration decreased during the post bloom, with a
maximum value of 200 pg/L (Figure 3-4). Fe concentrations and speciation are similar to
those measured during the bloom period, with some exceptions (Figure 3-5). Particulate

Fe(IIT) was the dominant species in the particulate phase during the post bloom, as opposed

73



to the prevalence of particulate Fe(Il) during the bloom period. The dominance of particulate
Fe(IIT) during the post bloom suggests that uptake of dissolved Fe(Il) by phytoplankton no
longer dominated the Fe cycling during the decline of the bloom. The particulate Fe(III) pool
during the post bloom was likely composed of Fe(IIT) oxyhydroxides and bioaggregates.’?®
During the post bloom, dissolved §°°Fe and particulate 8°°Fe in the epilimnion of L227 were
identical, with A’*Fedis part between DFe and PFe of 0.03 + 0.05%o (20) (Figure 3-6).
Adsorption of isotopically heavier Fe on bioaggregates can make the PFe pool isotopically
more positive, counterbalancing the isotopic effect induced by biological uptake,!83 193. 264
Furthermore, the degradation of organic debris and fecal pellets could release intracellular
Fe(Il) into the water column. Oxidation of dissolved Fe(II) followed by precipitation can
produce isotopically positive Fe(Ill) oxyhydroxides, counterbalancing the isotopic signals
produced by biological uptake.'®® The dominance of particulate Fe(II), along with the
identical 3°°Fe of DFe and PFe, likely reflects that release of Fe from decaying cells, Fe
adsorption on bioaggregates and precipitation of Fe(IIl) oxyhydroxide dominated the Fe
cycling during the post bloom, muting the expression of the enrichment of isotopically light

PFe during the biological uptake.

3.3.2. Feisotope fractionations between dissolved and particulate Fe near the
redox boundary of 1227 during the second bloom (Stage III) and the post bloom
(Stage IV)

The 8°¢Fe of DFe and PFe at the redox boundary could be modified by partial
oxidation and subsequent precipitation of Fe oxyhydroxides (oxidation-precipitation). During
the second bloom and the post bloom, the redox boundary was located at ~ 4 m in L227. The

change in dissolved 8°°Fe between 6 m and 4 m during the second bloom and during the post
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bloom (from —0.17%o at 6 m to —1.20%o at 4 m and from —0.18%0 to —0.90%., respectively;
Figure 3-6) is consistent with isotope variation of dissolved 8°Fe observed in the redox
transition zone of Lac Pavin (—0.31%o to —2.14%o), where such variation is interpreted to
result from partial oxidation of dissolved Fe(II) diffusing upward from the anoxic layer and
subsequent precipitation of Fe oxyhydroxides.?*® Coupled to the shift in dissolved 8°°Fe is
the decrease in DFe concentrations between 6 m and 4 m in L227, suggesting that the
isotopically negative dissolved 8°°Fe at 4 m is likely produced by partial oxidation. However,
it should be noted that, in L227, partial oxidation could only occur in the uppermost part of
the anoxic hypolimnion (i.e., multiple millimeters or centimeters below the redox boundary).
Given the abundant oxygen above the redox boundary and high concentrations of Fe
oxidizers at the redox boundary,?!! partial oxidation is likely complete above the redox
boundary in L227 with the result that there would be no isotopic fractionation. The lack of
fractionation effects finds support in the observation that, in L227 before the bloom,
dissolved 8°°Fe in the anoxic hypolimnion is similar to both dissolved and particulate §°°Fe
in the oxic metalimnion (Figure 3-6). During the second bloom and post bloom, the water
column at 4 m is likely the uppermost part of the hypolimnion under microoxic conditions,
where abiotic Fe oxidation competes with dissimilatory iron reduction, resulting in partial
oxidation that makes dissolved Fe at 4 m isotopically negative. Thus the difference between
the early part of the season (pre-bloom and first bloom) compared to the second bloom and
post-bloom are due to the fact that the same discrete depths were sampled at each sampling
date whereas the precise location of the redox boundary had shifted (Figure 3-6).

Oxidation of dissolved Fe(Il) followed by precipitation can make the remaining

dissolved Fe(II) highly isotopically negative when the extent of oxidation is high. During the
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second bloom and the post bloom, the DFe concentration at 4 m was 10 times lower than that
at 6 m, suggesting that approximately 90% of DFe was oxidized, under the assumption that
there were no other Fe sources contributing to the DFe pool at 4 m. Additional potential
sources contributing to the DFe pool at 4 m may include the flux of Fe from sediments at this
depth and the decomposition of settling particulate Fe from the epilimnion,. The input of Fe
from epilimnetic sediments, consisting of the escaped porewater Fe by diffusion and newly
produced dissolved Fe by reductive dissolution at the sediment-water interface (SWI), was
severely retarded, considering the oxygenated overlying water in the epilimnion. Oxygen can
penetrate sediments to a depth of a few millimetres to a few centimeters.?> Porewater Fe
concentration in the topmost of the epilimnetic sediment core was extremely low (3 pM),
reflecting that oxygen near the sediment-water interface (SWI) acts as a barrier to prevent the
diffusion of porewater Fe(Il) into the overlying water. The dissolved Fe produced by the
reductive dissolution at the SWI is also likely to be immobilized to Fe oxyhydroxide in the
presence of oxygen. Particulate Fe settling down from the epilimnion is most likely
composed of cyanobacterial biomass considering the high concentrations of phycocyanin and
chl-a at this depth (Figure 3-9). Although the decomposition of cyanobacterial biomass could
release the Fe into the dissolved phase, the highly negative 5°°Fe values of dissolved Fe at 4
m and the dissimilarity between dissolved 8°°Fe at 4 m and particulate 5°°Fe at 1-3 m during
the second bloom and the post bloom preclude the significant contribution of decomposition
of cyanobacterial biomass to the DFe pool at 4m. Collectively, this evidence suggests that
dissolved Fe pool at 4 m during the second bloom and post bloom is mainly controlled by
partial oxidation of dissolved Fe(II) diffusing from the anoxic hypolimnion. It should be

noticed that, during the second bloom, the uptake of dissolved Fe(II) by phytoplankton
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during the post bloom might also modify DFe and PFe. However, this process is unlikely to
be the dominant process considering the dissimilarity in dissolved 8°°Fe at 4 m and 3 m, and

the more negative dissolved 5°°Fe at 4 m compared to particulate 5°°Fe at 4 m.
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Figure 3-7 The effect of oxidation-precipitation on dissolved Fe concentration and
dissolved 5Fe.

Black curves shown here are the best-fit Rayleigh curves to observed data at 4m and 6m of L227
during the second bloom and the post bloom, with o ox= 1.0004 (i.e. A>Fere(n) ox-dis Fe(y =
0.40%o0). Red curve and orange curve are the Rayleigh curves with o ox inferred from other lake
studies. Model presented here is a closed system Rayleigh fractionation model using the
fOHOWil’lg equations: 856Fedissolved= 856Feinitial + 1000 x ((1 oxX — 1) X In, f ; &F Cparticulate, instantaneous —
856Fedissolved+ 1000 x ((X ox _1), 656Fepaniculate, integrated = 856Fedissolved - ln(f)/(l-f) x 1000 x ((1 ox — 1)

A closed system Rayleigh fractionation model was used to fit the observed data and
estimate the fractionation factor (o) between Fe(Ill) oxyhydroxides and dissolved Fe(II)
during oxidation-precipitation. The fraction factor (o) associated with the best-fit curve is
1.004 (i.e. A’°Fere(n) ox—dis Feary = 0.40%o, Figure 3-7), compatible but smaller than the
fractionation factors of oxidation-precipitation deduced in Lac Pavin and Lake Cadagno

(1.009 and 1.006, respectively).2%4 337 It should be noted that the fractionation factor deduced
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by the Rayleigh fractionation model might be subject to substantial uncertainty due to the
limited number of observed data (N=4). The slight offset of dissolved 8°°Fe at 4 m during the
second bloom is possibly due to the modification by the uptake of Fe by phytoplankton.
TheAFegis—part fractionation (0.40%o) observed at 4 m during the post bloom likely reflects a
net fractionation arising from oxidation-precipitation, whereas the observed A3°Fedis-part
fractionation (0.19%o) at 4 m during the second bloom is much smaller, implying that
dissolved 8°°Fe and particulate 8°6Fe result from a combination of oxidation-precipitation

and biological uptake during the second bloom (Figures 3-6 and 3-7).

3.3.3. Effect of phytoplankton blooms on settling flux of particulate Fe in L.227

Phytoplankton blooms affect the settling flux of particulate Fe. In the water column,
large particulates, a mixture of allochthonous and autochthonous particles, are constantly lost
to underlying sediments through sinking. The sinking rates of particulates depend on many
factors, including physico-chemical parameters of the water column, particle aggregation and
disaggregation, and interaction with the microbial community.3?> Before the bloom, PFe is
likely dominated by aggregates of Fe with DOM and some degree of precipitated Fe(III)
oxyhydroxides, considering the high DOC concentration (Figure 3-2). During the blooms,
PFe is dominated by Fe associated with cyanobacterial biomass, occurring as intracellular Fe
and extracellular Fe adsorbed on organic debris.

The settling flux of particulate Fe is facilitated during the early development of the
cyanobacterial bloom. TFe concentration decreased from May 15 (before the bloom) to June
26 (during the peak of the first bloom) in the oxic layers of L227 as opposed to L442, where

TFe concentration increased during this period (Figure 3-5), suggesting that a significant net
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settling flux of particulate Fe occurred after the onset of the cyanobacterial bloom in L227.
Furthermore, the sinking rates of particulates during the early development of the
cyanobacterial bloom (June 2-15) was 0.9 g m2 d*!, which is two times higher than the rate
during the subsequent bloom period (June 28-August 9),>® suggesting that this significant
settling flux of particulate Fe occurred during early development of bloom rather than the
entire bloom period. The isotopic composition of total Fe (TFe) can be calculated from the
following mass balance equation (Figure 3-8):

3°0Ferre= 8°°Fepre X Xpre +0°°Fepre X Xpre
Where Xpre and Xpr. represent the mole fractions of DFe and PFe, respectively. In contrast to
the decrease in TFe concentration, 8°°Ferr. in the oxic layers of L227 remained constant
from pre-bloom (May 15) to the peak of the first bloom (June 26), suggesting that the
significant settling flux of particulate Fe during the early development of the cyanobacterial
bloom did not affect the 3°°Ferre values(Figure 3-8). Several explanations can account for
this lack of change in 8°°Ferr. between pre-bloom and the peak of the first bloom period. The
settling particulate Fe during the early development of the cyanobacterial bloom might
primarily consist of aggregates of Fe-DOM, which are not isotopically fractionated upon
precipitation. Additionally, the settling particulate Fe could be composed of isotopically light
biomass Fe, but the adsorption of Fe on the cyanobacterial biomass may suppress the
expression of isotopically light biomass Fe. An alternative explanation is that terrestrial input
may counterbalance the effect of settling particulate Fe, contributing to the constant 8°*Ferr.
in the oxic layers of L227. The observation that TFe concentration decreased and 8°°Ferre
remained constant in the oxic layers of L227 (Figures 3-5 and 3-8) suggests that, during the

early development of the cyanobacterial bloom, there is some combination of processes to
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counteract the fractionation arising from biological uptake of Fe, suppressing the effect of

settling particulate Fe on the 8°°Ferr. in the oxic layers.
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Figure 3-8 Iron isotope compositions of total Fe (8°Ferr.) in the water column of L227.
Yellow bars indicate approximate depth of metalimnion. The thickness and depth of metalimnion
may vary seasonally due to the changing climate. Horizontal dotted lanes represent the depth of
0.1 mg/L dissolved oxygen (redox boundaries) at the time of sampling.

Despite being limited, the settling flux of particulate Fe during two blooms affects
8°°Ferre in the oxic layers of L227. Lower PFe and TFe concentrations, along with lower
biomass concentrations, during the second bloom compared to the peak of the first bloom

suggest a considerable removal of Fe by settling biomass in the oxic layers of L227 (Figure
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3-5 and Table 3-1). Furthermore, in the oxic layers, 8°°Ferre during the second bloom is
0.1%o more positive than 8°°Ferre during the first bloom, indicating that isotopically light
biomass Fe sinks to sediments, leaving remaining DFe isotopically more positive (Figure 3-
8). However, the difference is relatively small considering the fractionation A>®Fegis-part f
0.56 £ 0.05%o during the second bloom (Figure 3-6). The sinking rates of particulates during
the first and second blooms are 0.5 g m d'!, much lower than those during the early stage, as
described previously.?*® It is likely that while certain PFe particles sink to the underlying
sediment, causing a shift in 8°°Ferre, a significant portion of PFe is either intercellular Fe
retained in phytoplankton cells or bioaggregate Fe associated with organic debris, avoiding
sinking out of the water column. Under Fe limited conditions, most PFe is recycled in situ
through multiple biogeochemical processes (e.g., biological uptake vs. degradation of organic
debris and fecal pellets, and biologically mediated dissolution vs. precipitation of
bioaggregates)*?* during the blooms. The speculation is consistent with previous studies
where the residence time of biogenic PFe during subtropical phytoplankton bloom in the
ocean was >10-fold longer than lithogenic PFe, suggesting that biological uptake by
phytoplankton strongly retains PFe in the water column 324 339 340

When the bloom begins to collapse, a settling flux of biomass to profundal sediment
resulting from the coagulation/loss of biogenic particles (e.g., organic debris) is expected. In
1227, the sinking particulate flux during the post-bloom (3.1 g m? d!) is six times higher

than that during the blooms,*8 34!

suggesting that settling flux of particulate Fe may have a
greater effect on 8°°Ferre. Indeed, the §°°Ferre in the epilimnion of L227 during the post

bloom was more isotopically positive than 8°°Ferr. in the epilimnion during other periods

(before the bloom, during two blooms), suggesting that isotopically light particulate Fe(II)
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associated with biomass sinks to profundal sediment during the decline of the bloom, leaving

the remaining TFe pool of the epilimnion more isotopically positive (Figure 3-8).

3.3.4. Migration of cyanobacteria for the uptake of dissolved Fe(II) during the
peak of the first bloom

The vertical changes in Fe species, TFe and 8°6Ferr. together allow us to identify Fe
sources and distribution among different pools associated with processes. Before the bloom
(stage I), 3>°Ferre in the epilimnion (1 and 3 m) and metalimnion (4 m) of L227 decreases
slightly with depth from 0.15%o to 0.07%o and the average 8°°Ferre is 0.11 + 0.07%o (20)
(Figure 3-8). During the peak of the first bloom (stage II), 3>*Ferre in the epilimnion (1 and 3
m) is 0.10 + 0.06%o, similar to the average 8°*Ferr. in pre-bloom (stage I). However, 8°°Ferre
in the metalimnion (4 m) is —0.24%o, more isotopically negative than 5°°Ferr. in the
epilimnion. TFe concentrationd increase with depth from 1 m to 4 m, suggesting that the
more negative values of §°°Ferr. observed in the metalimnion (4 m) during the peak of the
first bloom (stage II) result from the contribution of an additional source of isotopically light
Fe rather than the loss of isotopically heavy Fe at 4 m. Furthermore, contrasting with
relatively constant dissolved 8°°Fe values in the epilimnion and metalimnion (0.91 £ 0.05%o,
26), particulate 8°°Fe in the metalimnion is more negative by 0.4 %o than particulate 5°°Fe in
the epilimnion, resulting in considerably larger A>®Fegispart fractionations of 1.25%o in the
metalimnion compared to the value in the epilimnion (0.91 £ 0.05%o, 26) (Figure 3-6).
Particulate Fe increases in the metalimnion (4 m), predominantly in the form of Fe(II), while
dissolved Fe remains relatively constant between 3 m and 4 m, and is only present in the

form of Fe(Il). These observations further suggest that this isotopically light Fe source
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mainly contributes to the PFe pool rather than DFe in the metalimnion (4 m). Two potential
Fe sources could contribute to the PFe pool in the metalimnion (4 m): (1) the oxidation of
dissolved Fe(II) diffusing from the anoxic layer and subsequent precipitation of Fe
oxyhydroxides above the redox boundary and (2) vertical migration of cyanobacteria for the
uptake of dissolved Fe(II). The possibility of oxidation is ruled out since the concentrations
of particulate Fe(III) at 3 and 4 m were similar, and the concentration of particulate Fe(III) at
3 m decreases during the bloom period compared to the pre-bloom period (Figure 3-5). In
addition, considering that this depth is above the redox boundary during the peak of the first
bloom, the oxidation of dissolved Fe(Il) is likely complete at 4 m, producing no fractionation
between dissolved Fe and particulate Fe. Therefore, the oxidation of dissolved Fe(II) cannot
contribute to the isotopically light particulate Fe at 4 m during the peak of the first bloom.
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Figure 3-9 Weekly concentration profiles of phycocyanin and chlorophyll  in the water
column of L227 during ice-free season of 2018.

Phycocyanin is a marker pigment for cyanobacteria. Chlorophyll a is a proxy for phytoplankton.
The green solid line indicates depth of 0.1 mg/L dissolved oxygen (redox boundary).
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Cyanobacteria can migrate vertically for optimal growth from the nutrient-exhausted
epilimnion to epilimnetic sediments, metalimnion or hypolimnion, locations where nutrients
have higher concentrations in stratified lakes. The concentration of phycocyanin, a pigment
contained in freshwater cyanobacteria for harvesting sunlight for photosynthesis, **% 343 is
shown in Figure 3-9 as a marker for cyanobacterial biomass. An important observation is that
particulate Fe(Il) (biogenic Fe(Il) including intracellular and extracellular Fe(Il)) at 4 m was
2 times higher than those at 3 m even though the concentrations of phycocyanin (as well as
cyanobacteria cell density) at 3 and 4 m were almost the same (Figures 3-5 and 3-9; Table 3-
1). The Fe adsorption unlikely contributed to particulate Fe(II) elevation at 4 m because DFe
concentrations, DOC concentration, the cyanobacteria cell densities and other water column
chemistry (e.g., pH, T) at 3 and 4 m remained relatively constant (Figures 3-2 and 3-5 and
Table 3-1). Therefore, individual cyanobacteria cells at 4 m had higher intracellular Fe
content than cells at 3 m, possibly due to different Fe limitations during Fe acquisition. It is
important to note that the dominant cyanobacterial species at 3 m and 4 m arre the same
(Aphanizomenon skujae), precluding the possibility of contributions from different species.
One recent experimental study on the effect of Fe limitation on the uptake by cyanobacteria
has shown that Fe-limited cyanobacteria cells have lower Fe content than Fe-replete cells.>**
Cyanobacteria at 4 m can upregulate Fe acquisition to alleviate Fe-limited conditions and
facilitate dissolved Fe(II) uptake compared to cyanobacteria at 3 m. There are two potential
strategies for the upregulation of Fe acquisitions: (1) increasing the rate of in situ Fe uptake
by resident cyanobacteria and (2) use of alternative Fe sources via vertical migration.

Cyanobacteria have been shown to increase the uptake rate to meet the Fe requirement under
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Fe-limited conditions.343: 346

If this is the case, the enhanced rate of Fe uptake at 4 m should
cause more depletion of DFe at 4 m compared to DFe at 3 m. However, DFe concentration
remained relatively constant with depths in the oxic layers of L227 during the bloom and
dissolved Fe(Il), the required form of Fe for cyanobacteria, is below the detection limit,
suggesting that in situ enhanced Fe uptake unlikely contributed to the elevated intracellular
Fe content in the metalimnion of L227 (Figure 3-5). Given the isotopically lighter PFe pool
and total Fe pool, larger A>Fegis par fractionation and elevated intracellular Fe content in the
metalimnion (4 m) compared to epilimnion (Figures 3-5, 3-6 and 3-8), it is postulated that
cyanobacteria at 4 m could potentially further migrate to the top of the anoxic zone to take up
abundant dissolved Fe(II) and then rise through buoyancy regulation.

A simple isotopic mass balance modeling can be used to explore the effect of vertical
migration of cyanobacteria on the Fe isotope composition of PFe in the metalimnion of L227
and identify the potential depth in the hypolimnion where cyanobacteria migrate to uptake
Fe. The particulate 8°°Fe at 4 m is the net isotopic composition of migrating cyanobacteria
and non-migrating cyanobacteria, using the following mass balance equation:

8’ Fepre 4m = 8°°F€ pre migration X XPFe migration + 8°°F€ PFe non-migration X XPFe non-migration

where Xpre migration and XpFe non-migration represent the mole fractions of intracellular Fe in
migrating cyanobacteria and non-migrating cyanobacteria at 4 m, respectively; 8°°Fepre
migration aNd 8> Fepre non-migration are the Fe isotope compositions of non-migrating cyanobacteria
and migrating cyanobacteria particles at 4 m, respectively. For simplicity, all PFe in the
epilimnion and metalimnion is assumed to be intracellular Fe. This assumption excludes the
effect of adsorbed Fe, and abiotic Fe precipitates on the Fe isotope composition of PFe in the

oxic layers of L227 (See Appendix A for justification).
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Figure 3-10 Modelling of integrated intracellular particulate 33°Fe at 4m contributed
from non-migrating cyanobacteria and migrating cyanobacteria.
The y-axis is traveling distance between the original depth (4 m) and the depth where
cyanobacteria migrate to utilize Fe. We assume that migrating cyanobacteria return to 4 m after
the uptake. Different model curves were computed using different ratios of in situ intracellular Fe
to migrating intracellular Fe at 4 m, indicated by the values beside each curve. The vertical
dashed line is the observed particulate 3°°Fe (—0.72 %o) at 4m. See Appendix A for model details.
The calculated particulate 3°°Fe at 4 m, contributed from both non-migrating and
migrating cyanobacteria, ranges from —0.54 %o to —1.96 %o, depending on the specific depth
where cyanobacteria migrate to utilize Fe and the relative proportion of non-migrating and
migrating cyanobacteria at 4 m (Figure 3-10). DFe concentration and dissolved 8°°Fe in the
upper anoxic zone of hypolimnion (i.e., multiple centimeters below redox boundary) are

likely modified by partial oxidation, as suggested by the profiles of Fe concentration and Fe

isotope compositions during the post bloom (Sept 2018; Figures 3-5 and 3-6). Therefore, the
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uptake of Fe in this upper anoxic zone tends to produce more negative particulate 5°Fe. The
observed particulate 8°°Fe at 4 m is —0.72%o (Figure 3-6), within the range of calculated
particulate 5°°Fe. Although the specific depth where cyanobacteria migrated to utilize Fe
during the peak of the first bloom cannot be identified due to the unknown relative
proportion of non-migrating and migrating cyanobacteria at 4 m, the modeling results
suggested that a smaller proportion of migrating cyanobacteria at 4 m would require
cyanobacteria to have migrated to deeper depths to produce the observed particulate 5°°Fe at
4 m (—0.72%o) (Figure 3-10). Assuming that the excess of PFe at 4 m compared to 3 m comes
from migrating cyanobacteria, the ratio of non-migrating to migrating cyanobacteria at 4 m is
around 1:1 (Figure 3-5). With this assumption, the modeling results suggest that
cyanobacteria may migrate down to 6 m for the uptake of Fe (Figure 3-10). Depending on the
proportion of migrating cyanobacteria and how far cyanobacteria can migrate downward in
anoxic water column, the Fe isotope composition of particulate Fe in the metalimnion would
yield a range of values that are likely more negative than particulate 8°°Fe in the epilimnion
(Figure 3-10). Distinct particulate °°Fe in the epilimnion and metalimnion of L227 can be
used to probe the source of Fe used by cyanobacteria if the isotope fractionation factor of
uptake can be measured under controlled laboratory conditions and the dependence on the Fe
concentration is known.

8°°Fe of DFe and PFe, along with Fe speciation, was used to track the vertical
migration of cyanobacteria. The results presented in this study clearly demonstrate that
isotopically light PFe and total Fe measured in the metalimnion during the peak of the first
bloom are best explained by the migration of cyanobacteria below the redox boundary for the

uptake of dissolved Fe(II).
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3.4. Conclusion

Phytoplankton blooms alter the cycling of Fe and the Fe isotope signatures in the oxic
epilimnion and metalimnion of L227. The cycling of Fe before the bloom is likely modified
by a combination of multiple processes, including the complexation of DFe with DOM,
precipitation of Fe(IIl), photochemical reduction of particulate Fe(III), photolysis and
microbial decomposition of organic Fe complexes, resulting in the prevalence of Fe(Il) in
dissolved Fe, the dominance of Fe(Ill) in particulate Fe and a relatively small positive
fractionation A>®Fegis-part between dissolved and particulate Fe. The onset of cyanobacteria
bloom leads to a conversion from DFe to PFe, a shift in Fe speciation from dissolved Fe(II)
to particulate Fe(Il) and an increase in the magnitude of the A3®Fegis-part fractionation. This is
the first time that changes in Fe concentration, Fe speciation and conjunction Fe isotope
compositions associated with the progression of phytoplankton blooms are reported in a
freshwater system. The most plausible explanation for the depletion of dissolved Fe(II), the
enrichment of particulate Fe(II) and the more negative 8°°Fe values of particulate Fe
compared to dissolved Fe is the uptake of isotopically light dissolved Fe(II) by
cyanobacteria. This is the first time that the uptake of dissolved Fe(II) by cyanobacteria has
been proposed in natural environments, which was previously confirmed only in
experimental studies. The similar Fe speciation, Fe concentrations, but distinct A>Feais-part
fractionation between the first bloom and second bloom indicate that while both
cyanobacteria and chlorophytes utilize the dissolved Fe(Il), they might produce distinct Fe
isotope fractionation, likely due to differences in uptake kinetics. During the first bloom, a

larger A>Feuis-part fractionation in the metalimnion compared to that in the epilimnion is most
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plausibly explained by the migration of metalimnetic cyanobacteria below the redox

boundary for Fe acquisition.
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Chapter 4
Fe isotopes track microbial Fe cycling in the water column and sediments

of Boreal Shield lakes

4.1. Introduction

Biogeochemical cycling of Fe plays diverse and essential roles in freshwater
environments. Fe redox transformations are tightly coupled to other biogeochemical cycles
such as C, N, O and S**7-3%8 and can influence the fate and biological availability of many
nutrients (e.g., P) and contaminants (e.g., As and Cd) by changing the mobility of these
substances.” 10-349

Fe redox transformations can be mediated by both iron-reducing and iron-oxidizing
bacteria, especially in redox transition and anoxic zones,? 3233 but abiotic reactions are also
important. Dissimilatory iron-reducing bacteria (DIRB) can combine the oxidation of Hz or
organic matter (OM) with the reduction of Fe(IIl) oxyhydroxides and use the energy
produced during this process to maintain cellular activities.”? Conversely, photoferrotrophs
can oxidize Fe(Il) and use light energy to fix bicarbonate into organic carbon.*’
Microaerophilic iron-oxidizing bacteria can harvest energy from chemical reactions when
utilizing Fe(II) as an electron donor and a trace level of O; as an electron acceptor.®*
Similarly, nitrate-reducing iron-oxidizing bacteria can couple the oxidation of Fe(II) with the
reduction of nitrate in the presence of organic co-substrate.** Finally, oxidation of Fe(Il) in
oxic waters is relatively fast in the pH range of most freshwater aquatic environments.

Fe cycling plays a crucial role in regulating microbial and chemical evolution of the
ocean throughout Earth’s history.”* !*® The chemistry of the Archaean ocean (3.8-2.5 billion

years ago, Ga) is commonly thought to have been anoxic and ferruginous, with abundant
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dissolved Fe(I) and exceptionally low concentrations of sulfate.”® % 138 It is generally agreed
that the Great Oxidation Event (GOE) occurred between 2.4 and 2.2 Ga, transferring the
atmosphere from almost no oxygen to oxygenated.”” 3°° Banded iron formations (BIFs) are
layered chemical sedimentary rocks that contain Fe oxide, Fe carbonate and Fe silicate
minerals. The deposition of BIF extends over a long geologic time (3.8 to 0.55 Ga), with the
majority of BIF in the Archean and early Paleoproterozoic successions, where the ocean was
under anoxic and ferruginous conditions.!!? 1! Tt is generally accepted that there are four Fe
oxidation mechanisms involved in the deposition of BIF in anoxic and ferruginous seawater:
(1) biotic (microaerophilic iron oxidation) or abiotic oxidation by O that is produced by
oxygenic photosynthesis, (2) abiotic photo-oxidation by UV, (3) photoferrotrophy, and (4)
nitrate-dependent Fe oxidation. Although there is still debate about the relative contribution
of these proposed mechanisms, many studies suggest that photoferrotrophy may have played

a paramount role in the deposition of BIF in anoxic and ferruginous Archaean oceans.!4 144

146, 148
Fe isotopes can help to elucidate biogeochemical Fe processes in a variety of
environments, including marine, soils, riverine and groundwater settings.!>® Large variations
in the Fe isotope composition of BIF are also reported in many studies and used to infer the

unique Fe cycling in early Earth. In contrast, there is limited Fe isotope work on lake
systems. Most of them are carried out in low sulfate meromictic lakes, which are commonly
considered to be scarce globally.?°-2%% This study presents the seasonal variations in Fe
isotope fractionation between dissolved Fe and particulate Fe in the anoxic hypolimnia of
four Boreal Shield lakes and the Fe isotope compositions of porewater Fe and bulk sediment

Fe in sediment cores collected from the bottom of three lakes. This study aims to (1) use Fe
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isotopes and associated Fe isotope fractionations to determine the contribution of
biogeochemical Fe processes to Fe cycling in the anoxic water column and investigate the
occurrence of microbial Fe oxidation, especially photoferrotrophy, in this zone; (2) evaluate
predominant processes responsible for sediment Fe release; (3) use Fe isotope data to
constrain diagenetic processes in sediments; (4) estimate the role of sediment in supplying Fe

to the overlying hypolimnetic water column.

4.2. Methods

4.2.1. Study site

Lake 221 (L221), Lake 227 (L227), Lake 304 (L304) and Lake 442 (L442) are small
boreal headwater lakes located in the IISD Experimental Lakes Area (IISD-ELA) in
northwestern Ontario, Canada (Figure 4-1).23%2% 1.221, L304 and 1442 are oligotrophic
lakes, while L227 is an experimentally eutrophic lake. The morphometric characteristics of
each lake are presented in Table 4-1. While L221 and L442 have both an inflow stream and
an outlet, L227 and L304 have only outflows that typically cease in late spring (Figure 4-1).
There was no significant groundwater recharge or discharge due to the underlying
impermeable Precambrian granodiorite.?*® Whole-lake experiments were manipulated in
some ELA lakes over the last 40 years. L221 had a biomanipulation experiment by
introducing piscivores in 1987 to study the effect of top predators on water chemistry and
phytoplankton. However, no nutrients or other substances have been added to the lake.*>!
Since 1969, L.227 has been subject to ongoing whole lake experimental eutrophication

through nutrient additions (N and P or only P), resulting in annual summer phytoplankton

blooms.?” 1304 was fertilized (N, P and C) from 1971-1976 for the experimental study of
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lake eutrophication and acidification, and the lake recovered rapidly after nutrient addition

was stopped.?>% 333 Oligotrophic L442 has not been manipulated in any way.

Table 4-1 Morphological characteristics and trophic state of ELA lakes

Surface

Lake area Mean depth Max depth Trophic state Hydrological flow
(ha) (m) (m)
1221 9.0 2.1 5.7 oligotrophic ~ ©One Inflow stream; one
outflow stream
no inflow stream; one
L227 5.0 4.4 10.0 eutrophic outflow ceases in late
spring
. ; ]
1304 3.6 3.2 6.7 oligotrophic no inflow stream; one
outflow stream
L442 16.0 9.0 17.8 oligotrophic ~ ON€ Inflow stream and one

outflow stream

L221, 1227, 1304 and L442 are small dimictic lakes that undergo turnover in spring
and fall. Typically beginning in early to mid-May, dimictic lakes in ELA develop two
distinct layers until late September-late October: an upper well-mixed epilimnion and a
deeper hypolimnion, separated by a thermocline known as metalimnion. The boundaries of
epilimnion and hypolimnion in this chapter follow the IISD-ELA procedure, whereby the
bottom of the epilimnion is defined as the depth at which the water temperature changes by
more than 1°C/m and the bottom of the metalimnion is determined at the depth where 1%
surface photosynthetically active radiation (PAR) is attained. These four small dimictic
headwater lakes are ideal modern natural laboratories to study internal Fe cycling associated

with microbial metabolic processes of boreal lakes underlain by Precambrian Shield geology.
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Figure 4-1 Location of the study lakes in the Sustainable Development - Experimental
Lake Area (IISD-ELA) and the bathymetry of Lake 227, L304 and L442.
Yellow stars indicate the locations of sediment cores.

4.2.2. Water sample collection

Water samples were collected during summer stratification in 2018. Sampling in

L227 occurred on May 15, June 26, August 21 and September 11 and on June 2, July 5 and
September 8 in L442. Sampling in L221 and L304 occurred on July 30 and 26, respectively.
Water sample collection was previously described in Chapter 3. In brief, physicochemical
profiles and light profiles were collected in sifu using a multi-parameter YSI EXO2 sonde
(YSI Inc., Yellow Springs, OH) and a LI-192 underwater quantum sensor connected with a
LI-250 light meter (LI-COR Biosciences, Lincoln, NE), respectively. Water samples were
taken from various depths at the centre of the lakes. Unfiltered water samples were collected

for dissolved inorganic carbon (DIC) and methane (CHs). Filtered water samples were
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obtained through an inline filter (0.45 pum membrane filter; Advantec, Dublin, CA) for
dissolved organic carbon (DOC), total dissolved nitrogen (TDN) and total dissolved
phosphorus (TDP), sulfate (SO4%"), dissolved total sulfide (£S%), ammonium (NH4") and
dissolved Fe (DFe). The inline 0.45 pm membrane filters were collected for particulate Fe
(PFe). Particular attention was given to avoiding artificial oxidation during the collection of
dissolved Fe and particulate Fe samples. Particulate organic matter (POM) was collected on
Whatman QM-A filters (Sigma-Aldrich, St. Louis, MI) for particulate organic nitrogen
(PON), particulate organic carbon (POC) and suspended particulate phosphorus (SPP).
Sterivex filters (0.22 pm polyvinylidene fluoride filters) were also collected for microbial

community analysis.

4.2.3. Sediment cores and porewater collection

Lake sediment cores were collected from two sampling campaigns. Two sediment
cores were collected by a freeze corer from the deepest depth of L227 and L 442 (10.6 m and
17.8 m, respectively) during the ice cover period in March 2018 following a modified
procedure (Figure 4-1).23° The L227 sediment core was then sectioned while frozen into 0.5
cm (to a depth of 3cm) or 1 cm slices (after the depth of 3 cm) using a band saw. The L442
sediment core was sectioned into 1 cm slices. The sectioned sediment samples were sealed in
Whirl-Pak bags and frozen until analysis. Porewater samples were obtained by centrifugation
(5000 rpm, 20 mins) and filtration (0.2 um syringe filter; Whatman) under anoxic conditions.
The porewater samples were immediately acidified with trace-metal grade HCI (degassed
with N») in an anaerobic chamber. The sediment samples were freeze-dried and stored under
anoxic conditions until analysis. During the second campaign in July 2018, one sediment

core was collected by gravity corers at the deepest depth of L304 (6.3m) (Figure 4-1). One
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sediment core collected by the Uwitec corer was dedicated to porewater sampling, and
another was collected by the NLA corer for sediment samples. The porewater samples were
obtained by Rhizon samplers (Rhizosphere RP, Wageningen, Netherlands) on shore
immediately after collection to avoid any disturbances. An aliquot (1 mL) of porewater was
collected directly into HDPE bottles pre-filled with zinc acetate for sulfide measurement. The
rest of the porewater was collected in vacuum glass serum bottles capped with blue butyl
rubber stoppers. The vacuum glass serum glass bottles were pre-acidified with degassed
trace-metal grade HCl prior to sampling to preserve porewater in 0.5M HCI. The sediment
cores collected by NLA corer were transferred into the glove bag under 100% N> condition
within two hours after collection. It was sectioned into 0.5 cm scale fractions to a depth of 3
cm and then at 1 cm interval after the depth of 3 cm in the glove bag. Porewater samples for
sulfide measurement were frozen prior to analysis. Porewater samples for Fe measurement
were stored at 4 °C until analysis. The sediment samples were sealed in Whirl-Pak bags and

frozen until freeze-drying.

4.2.4. Chemical analysis

Chemical analysis procedures for water column samples were previously described in
Chapter 3. Importantly, particulate Fe on the 0.45 pm filters was dissolved in 6M HCI and
preserved in 0.5 M HCI under anoxic conditions. Fe concentrations (Fe(II) and Fe(III)) for
dissolved Fe, particulate Fe and porewater Fe samples were determined
spectrophotometrically using the ferrozine method (detection limit: 0.5 uM).2*’ Dissolved
total sulfide (2S*°) concentrations for water samples and porewater samples were measured

spectrophotometrically by the methylene blue method (detection limit: 0.25 uM).3%
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Sediment samples were digested using an acid digestion protocol.>>* 33> Briefly, 100
mg of freeze-dried sediment was placed in a 550 °C oven for 24 hours to remove organic
matter. Then, the samples were dissolved by concentrated HF-HNO3-HCI, with the final
sediment stock solutions preserved in 6M HCI. The concentrations of various trace elements
were measured by an Agilent 8800 triple quadrupole inductively coupled plasma mass
spectrometer (QQQ-ICP-MS) in the Metal Isotope Geochemistry Laboratory at the
University of Waterloo. Two rock standards (HISS-1 from the National Research Council of
Canada and BHVO-2 from the U.S. Geological Survey) was used as secondary reference

standards to test the accuracy (within 10%).3!-302

4.2.5. Iron isotope analyses

Iron isotope compositions were determined on water column samples (dissolved and
particulate Fe), porewater and bulk sediments. Fe was purified using ion-exchange
chromatography before Fe isotope analysis.?** Iron isotope compositions of dissolved Fe,
particulate Fe, porewater Fe and sediment Fe were measured by a multi-collector, inductively
coupled plasma mass spectrometer (MC-ICP-MS; Nu Plasma II) in the Metal Isotope
Geochemistry Laboratory, University of Waterloo, using the standard-sample-standard
bracketing technique. All Fe isotope data are reported as 5°°Fe values relative to the IRMM-
634 (the international standard replacing IRMM-014; Institute for Reference Materials and
Measurements), in units of per mil (%eo):

5°¢Fe=[(>°Fe/>*Fesample)/ (>°Fe/>*Feirmmess) - 1] x 103

Test solutions and five rock standards were used to test the precision and accuracy of Fe

isotope analysis. The detailed protocol and results are given in Chapter 3.
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4.2.6. Lake water column geochemical profiles

The temperature remained relatively constant in the epilimnia of all four lakes, then
decreased to 4 °C in the hypolimnia of L227 and L442 and 7 °C in the hypolimnia of L221 and L304
(Figure 4-2). In L.221, L.227 and L304, oxygen concentrations declined sharply in the metalimnion
and were below the detection limit (O,=0.1 mg/L) in the hypolimnion, while in L442, the
metalimnion and the upper part of hypolimnion remained well oxygenated with the depletion of
oxygen occurring between 10m and 13m (Figure 4-2). pH values in four lakes ranged from 6 to 9,
indicating the prevalence of circumneutral conditions. In L227, L304 and L442, a decrease in SO4*
concentrations with depth (from 7-14 uM to 3-5 uM) was coupled with an increase in dissolved total
sulfide (1 uM to 5-9 uM), indicating sulfate reduction in the hypolimnia (Figure 4-2). In contrast,
SO4* concentrations and £S” concentrations remained relatively constant with depth in L221 (average
of SO4*: 12.5 + 0.9 pM; average of £S%: 1.7 + 0.5 uM). TDP concentrations showed an increase with
depth, with maximum values of 10 pg/L in L304 and L442 and 70 pg/L in L227 (Figure 4-2). In
addition, an increase in SPP concentrations was observed with depth, with maximum values of 30
pg/L in L304 and L442 and 108 pg/L in L227 (Figure 4-2). It should be noted that a second peak of
SPP concentrations was observed at 4 m in L227, possibly due to the contribution of phytoplankton
biomass during the blooms. NH," concentrations remained relatively constant in the oxic layers and
increased abruptly in anoxic hypolimnia, with maximum values of 1391 pg/L in 221, 5509 pg/L in
L227, 604 pg/L in L304 and 623 pg/L in 1442 (Figure 4-2). DOC concentrations were high in all
lakes, with average values of 912, 810, 720 and 570 uM in L.221, L.227, L.304 and 1442, respectively
(Figure 4-2). A significant increase in DIC concentrations was observed with depth, with maximum

values of 620 pM in 221, 1950 uM in L227, 750 uM in L304 and 960 uM in L.442 (Figure 4-2).
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Figure 4-2 Water column depth profiles of (A-C) dissolved oxygen (DO) and
temperature (T); (D-F) pH and conductivity; (G-I) total dissolved sulfide (XS*) and
sulfate (SO.>); (J-L) Dissolved inorganic carbon (DIC) and dissolved organic carbon
(DOC); (M-O) total dissolved nitrogen (TDN), ammonium (NH,*) and total dissolved
phosphorus (TDP); (P-R) particulate organic carbon (POC) and suspended particulate
phosphorus (SPP) in L227 (upper panel), L442 (middle panel) and L221& L.304 (lower
panel) during 2018.

4.3. Results and Discussion

Dissolved Fe and particulate Fe in the water column of four lakes have §°°Fe values
that range from —1.2 to 1.8%o (Figure 4-4), spanning nearly half of the total known range of
aquatic environments worldwide. The largest difference between dissolved Fe and particulate
Fe was observed in eutrophic lake 227, which likely indicates increased aquatic biological
cycling in this lake as discussed in Chapters 2 and 3. Furthermore, for each lake, distinctive

dissolved 8°°Fe and particulate 8°°Fe were exhibited in different layers and patterns in Fe
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isotopes were similarly reversed from oxic epilimnia to anoxic hypolimnia (Figure 4-4),

suggesting that different Fe processes occur between the oxic and anoxic layers.

Depth (m)

Depth (m)

Figure 4-3 Profiles of dissolved Fe and particulate Fe in 1.227 (a, b), L442 (¢, d), L221
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represent the depth of 0.1 mg/L dissolved oxygen (redox boundaries) in each lake at the time
of sampling. Error bars represent 1-standard deviation for duplicate samples. Error bars not
visible are contained within the symbols. Note that, in anoxic hypolimnion, most of dissolved

Fe (>92%) and particulate Fe (>90%) are Fe(Il) and Fe(IIl), respectively.
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Figure 4-4 Iron isotope compositions (3°°Fe) of dissolved and particulate Fe in water
column of L227 (A, B), L442 (D, D), L221 (E, F) and L304 (G, H).
Yellow bars indicate approximate depth of metalimnion. The thickness and depth of
metalimnion may vary seasonally due to the changing climate. Horizontal dashed lanes
represent the depth of 0.1 mg/L dissolved oxygen (redox boundaries) in each lake at the time
of sampling. Iron isotope fractionation, A>°Fegis-part, is defined as the difference between
dissolved 8°°Fe and particulate §°°Fe.

4.3.1. Fe concentrations in the water column

The water column profiles of Fe concentrations exhibited similar patterns in all lakes,

reflecting large semi-annual fluxes in the internal Fe cycle. Dissolved Fe concentrations were

relatively low and constant in the oxic layers (2.6 + 3.5 uM) of all lakes (Figure 4-3). For

each lake, a substantial fraction of Fe(Il) was observed in dissolved Fe, with a higher fraction

(70-100% of dissolved Fe) observed in the sunlit surface oxic water and a lower fraction (30-

60%) in deeper oxic water. The prevalence of dissolved Fe(II) in the sunlit oxic water of

these DOC-rich boreal lakes likely results from the photochemical reduction of Fe(III) and

the complexation of Fe(II)-DOM, as inferred in one recent study (Chapter 3). In the anoxic
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layers, dissolved Fe increased significantly with depth, with the highest values at the bottom
of lakes (179 £ 39 uM for L227, 107 £ 17 uM for L442, 71 uM for L221 and 143 uM for
L304; Figure 4-3), reflecting the intensive Fe internal loading from anoxic sediment. Most of
the dissolved Fe (>96%) was Fe(Il) in the anoxic layers of all lakes. The increase in
dissolved Fe concentrations with depth in the anoxic layers of four lakes is similar to what is
observed in other lakes.?%2°! In the anoxic layers of Lake Nyos?°! and Lac Pavin,?*’ an
increase in Fe concentrations is coupled with an increase in dissolved 8°°Fe, indicating that
the variation of dissolved Fe concentration with depth results from either partial oxidation of
upward diffusing dissolved Fe or microbial reduction of settling particulate Fe. However,
dissolved 8°°Fe is relatively constant in the anoxic layers of lakes (Figure 4-4), suggesting
that this increase in dissolved Fe concentration with depth in anoxic layers is due to the more
accumulation of dissolved Fe(Il) fuelled by a high flux of Fe(II) from the sediments,
supported by the observation that there is much more sediment in contact with deep water
column than shallow water column.?3® Particulate Fe concentrations were relatively constant
through the water column, with a distinct localized peak occurring near the redox boundary
in all lakes (Figure 4-3). Fe(Ill) dominated particulate Fe (over 95% of particulate Fe) in the
oxic layers of all lakes, with some exceptions in L227, where the onset of bloom led to the
dominance of particulate Fe(Il). Therefore, in L221, L442 and L227 before the bloom, the
peak of particulate Fe near the redox boundary and the dominance of particulate Fe(III)
suggest that dissolved Fe(Il) in the anoxic layer diffuses upwards to the redox boundary,
rapidly oxidizing to form Fe oxyhydroxides (Figure 4-3). In contrast, in L227 during the
blooms, the peak of particulate Fe mainly derived from intracellular Fe(II) uptake (Chapter

3). Furthermore, in all lakes, dissolved Fe(II) concentrations at the redox boundary were
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extremely low (a few uM), comparable to dissolved Fe concentrations in the epilimnia,
suggesting that diffusing dissolved Fe(II) is completely oxidized at and above the redox
boundary (Figure 4-3). The strong concentration gradients of dissolved Fe between the oxic
layers and anoxic layers, along with the peak of particulate Fe near the redox boundary,
reflect that in these boreal lakes, sediments supply dissolved Fe(II) to the anoxic water
column, whereby the dissolved Fe(Il) diffuses upwards and is almost quantitatively oxidized

at the redox boundary.

4.3.2. Fe isotopic compositions and associated Fe isotope fractionations in the
oxic layers

Dissolved 8°°Fe was generally more positive than particulate 8°Fe in the oxic
epilimnia and metalimnia of four lakes, with some exceptions in the metalimnion of L.227
(Figure 4-4). In the epilimnia and metalimnia of L442 and L221, and in the epilimnia of
L304, the A>*Fegis-part fractionations were relatively small, with the values of 0.06 = 0.09%o
(26), 0.30 £ 0.08%o0 (20), 0.14 + 0.08%o (20), respectively. The dissolved and particulate
8°°Fe in the epilimnia and metalimnia of L442, 1221, and in the epilimnion of L304 is likely
governed by a combination of multiple processes, including photochemical reduction of
particulate Fe(IIl), complexation of dissolved Fe-DOM, photolysis and microbial
decomposition whereby the isotopic effects induced by each process may be opposite and
counteracting with each other, as inferred in one recent study (Chapter 3). In contrast,
dissolved and particulate °°Fe in the epilimnion and metalimnion of L227 showed more
variations, corresponding to the progression of bloom over the open water season (Figure 4-
4). While A*$Fegis-pare fractionation in the epilimnion and metalimnion of L227 before the

bloom was relatively small (0.13 = 0.04%o (25)), biological uptake of isotopically light Fe(II)
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during the blooms fractionated Fe isotopes, resulting in A>°Fegis-part fractionations of 1.02 +
0.33%0(20) in the epilimnion and metalimnion during the first bloom and 0.56 + 0.07%o(20)
in the epilimnion during the second bloom. It should be noted that the A3®Feais-part
fractionation of 0.59+ 0.02%0(20) in the metalimnion of L.304 (Figure 4-4) is also likely
produced by biological uptake by phytoplankton, supported by the observation that
chlorophyll a concentrations peak at 50 pg/L at 4 m (Figure 4-5). Moreover, the opposite
sign of A>®Fegis-part fractionations at 4 m depth in L227 during the second bloom and the post-
bloom period, compared to A*Fegis.part fractionations observed in the metalimnia of 1442,
L221, L304 and L227 before the bloom and during the peak of the first bloom (Figure 4-4),
was likely modified by partial oxidation within the microoxic zone of hypolimnion, as redox

boundary was located at ~4 m in L227 at the time of sampling (Chapter 3).

Chl a (pg/L)
0 20 40 60
0 1 1
1-
24
E
£ 37
o
a
42 e
54
6

Figure 4-5 Depth profile of chlorophyll a (chl @) concentrations in L.304 on July 26 2018.
The horizontal dashed line indicates the depth of the maximum chl a concentration.

In the oxic hypolimnion of 1442, dissolved 8°°Fe was more positive than particulate

8°°Fe, consistent with the trend in the epilimnion and metalimnion of L442, despite the lack
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of vertical mixing within the layer (Figure 4-4). However, isotope fractionation A>Feis-par in
the oxic hypolimnion was 0.48 + 0.17%o (25), much larger than A>®Fegis-part (0.06 + 0.09%o,
20) in the epilimnion and metalimnion, possibly reflecting the expression of the isotope
fractionation arising from complexation of dissolved Fe-DOM due to the absence of
photolysis in the oxic hypolimnion. The complexation of dissolved Fe-DOM accompanied by
rapid precipitation of dissolved inorganic Fe can lead to the enrichment of heavier isotopes in
dissolved organic Fe relative to particulate Fe in the organic-rich oxic water column (Chapter
3).188.258 Conversely, the photolysis of Fe-DOC complexes could make dissolved Fe
isotopically light by breaking Fe-DOM complexes and removing the isotopically heavy Fe
from water column via precipitation.?$” In the epilimnion and metalimnion of L1442, the
expression of the isotope fractionation arising from complexation of dissolved Fe-DOM is
probably suppressed by the photolysis, resulting in relatively small A’>*Fegis-part (0.06 +
0.09%o, 20; Figure 4-4). In contrast, in the oxic hypolimnion where the photolysis is likely
inhibited due to the very low light intensities (~<1 pmol photons m s'!),3¢ the complexation
of dissolved Fe-DOM could cause dissolved Fe more positive, resulting in A>°Fegis-part 0f 0.48
+ 0.17%o. It should be noted that biological uptake by phytoplankton could also contributed
to the fractionation A>Feis-parc in the oxic hypolimnion. Deep chlorophyll maximum (DCM),
which is an indicator for phytoplankton in deep water column, have been observed in
oligotrophic boreal lakes.?>”-5® Chlorophyll a profile in L442 exhibit a peak concentration of

3.7 ug/L at 8m within the oxic hypolimnion,*>’

suggesting that Fe acquisition by
phytoplankton might contribute to the observed A>Fegis.part in the oxic hypolimnion.

In the oxic layers of four lakes, biological uptake, photochemical reduction,

complexation of dissolved Fe-DOM, photolysis and microbial decomposition combine to
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modify the 8°°Fe of dissolved and particulate Fe, producing systematically positive A’*Feais.
part in all lakes. The large A>*Fegis.part Observed in the oxic layers is attributed to biological
uptake, whereas small A>Fegispart is observed in surface sunlit water when biological uptake

1s absent.

4.3.3. Fe isotopic compositions and associated Fe isotope fractionations in anoxic
hypolimnia

In contrast to the trend observed in the epilimnia and metalimnia, dissolved 8°°Fe was
more negative than the particulate 8°°Fe in the anoxic hypolimnia of all four lakes with
A>%Fegis-part fractionations of —0.91 + 0.58%o (20) in L221, —0.87 £ 0.81%o (20) in L.227,
—1.06 £ 0.26%o (20) in L304 and —0.72 + 0.25%o (20) in L442 (Figure 4-4). Furthermore,
particulate 5°°Fe in the anoxic hypolimnia differed from particulate 5°°Fe in the oxic layers
by > 0.3%o in all lakes (Figure 4-4). Similarly, §°°Fe of dissolved Fe in the anoxic hypolimnia
differed from 8°°Fe of dissolved Fe in the oxic layers by >0.2%o. Thus, neither the particulate
8°Fe nor dissolved 8°°Fe nor the sign of the isotope fractionation is the same between the
oxic layers and anoxic hypolimnion. Fe isotopes elucidate the importance of novel Fe cycling
pathways in the hypolimnia of small boreal lakes.

Fe redox processes near redox boundaries

Particulate Fe is lost from the overlying oxic layers to the anoxic hypolimnia and this
input could modify the dissolved and particulate 8°°Fe in the anoxic hypolimnia. Particulate
Fe originating from overlying oxic layers comprises biogenic Fe, flocculating DOM-Fe
complexes, authigenic Fe minerals (68 £+ 11%, see Appendix A) and some degree of

lithogenic minerals. Biogenic Fe likely dominates the particulate phase in eutrophic L227
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(see further details in the following paragraphs) while authigenic Fe minerals and
flocculating DOM-Fe complexes could predominantly contribute to particulate phase in
oligotrophic L221, L304 and L442. In these oligotrophic lakes, the sinking particulate Fe
could be later reduced by a combination of diagenesis and dissimilatory iron reduction (DIR)
in the anoxic hypolimnion after sinking through the redox boundary. Experimental studies
using microorganisms and different ferric substances (ferrihydrite, hematite or goethite)
found that the equilibrium fractionation A>°Fe of ~—3%o between enzymatically-produced
Fe(Il)aq and Fe(IIT) oxyhydroxides can be produced by dissimilatory iron reduction.!”3: 181, 182
Considering the abundant Fe reducers detected in the upper anoxic hypolimnion,?'!-276 these
sinking inorganic Fe particulates or flocculating Fe-DOM complexes that are not protected
by organic coatings are speculated to be completely reduced to dissolved Fe(Il) in the
uppermost part of the anoxic hypolimnion (i.e., multiple centimeters below the redox
boundary). This process produces no isotopic fractionation, supported by the observation that
particulate 5°°Fe in the overlying oxic layers was similar to the dissolved 8°°Fe in the anoxic
layers of four lakes except for L227 during the blooms and post-bloom periods (Figure 4-4).
Contrasting with the dominance of authigenic Fe(III) oxyhydroxides and flocculating
DOM-Fe complexes in the oxic layers of other lakes, the particulate Fe in the oxic layers of
L227 during the blooms and post-bloom periods is mainly of biogenic origin, as most of PFe
is either intracellular Fe retained in cells or extracellular Fe associated with organic debris
(Chapter 3). Particulate Fe pool, dominated by Fe(II) fraction (60%~90%), shows enrichment
in light isotopes in the oxic layers of L227 during the bloom, possibly due to the uptake of
isotopically light Fe(Il) by cyanobacteria. A settling flux of biomass associated with

isotopically light particulate Fe(II) is expected to settle down from an oxic to anoxic layer
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during the bloom, and in particular, during the post bloom where bloom collapsed gradually,
modifying the particulate §°°Fe in the anoxic hypolimnion. However, there was no significant
Fe(Il) fraction (<10%) observed in particulate Fe in the anoxic hypolimnion during the
bloom and post-bloom periods, suggesting that particulate Fe measured in the anoxic
hypolimnion is more likely to be suspended particulate Fe formed in situ rather than sinking
bioaggregates originating from oxic layers. As a result, the sinking biogenic particulate Fe
originating from the overlying oxic layers during the bloom and post-bloom periods is
unlikely to affect particulate 5°°Fe measured in the anoxic hypolimnion. This is consistent
with the observation that the 8'3C and 8'°N of the particulate matter in the hypolimnion
differs substantially from the biogenic particulates in the epilimnion.?!!

Dissolved Fe(Il) in the anoxic hypolimnia can diffuse upwards and be oxidized by
oxygen at the redox boundaries. The net fractionation between aqueous Fe(II) and Fe(III)
oxyhydroxides during partial oxidation has been reported to be —1 to —2%o, arising from the
combination of an equilibrium fractionation between aqueous Fe(II) and Fe(III) and a kinetic
fractionation between aqueous Fe(IIl) and Fe(III) oxyhydroxides, in both experimental
studies and natural aquatic systems.?** 27359 The isotope fractionation A>*Feais-part between
dissolved Fe and particulate Fe at 4m in L227 during the second bloom and the post bloom
(Figure 4-4) likely resulted from partial oxidation within the uppermost microoxic zone of
hypolimnion, as described previously. However, the signal of dissolved 8°°Fe and particulate
8°Fe produced by partial oxidation was unlikely carried into the anoxic hypolimnion as
these freshly in situ formed Fe(III) oxyhydroxides were likely reduced completely by DIR
near the redox boundary (i.e., multiple centimeters below redox boundary) due to extremely

low mixing rate and abundant Fe reducers in the anoxic hypolimnion.'!: 276 Therefore, partial
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oxidation is unlikely to result in the observed fractionation in the anoxic hypolimnia or
contribute to the 8°¢Fe of the dissolved and particulate Fe in the epilimnia.
Water column biogeochemical Fe processes throughout anoxic hypolimnia

Particulate Fe originating from the epilimnia can be dissolved completely through
reductive dissolution, contributing to the §°°Fe of dissolved Fe in the hypolimnion as the
particulate 5°°Fe in the epilimnion and dissolved 8°°Fe in the hypolimnion is similar (Figure
4-4). However, in the anoxic hypolimnia of all sampled lakes, the highly positive °°Fe
values of particulate Fe and the distinct difference between dissolved 3°°Fe and particulate
8°°Fe cannot be supported by any input of Fe from the epilimnia or Fe processes near the
redox boundaries of these lakes (Figure 4-4). The large isotope fractionation between
dissolved and particulate Fe in the anoxic hypolimnia indicates active Fe cycling in the
anoxic hypolimnia of four lakes where dissolved Fe concentrations are high. We hypothesize
that the observed magnitude of Fe isotope fractionation in the anoxic hypolimnion results
from the Fe processes occurring in situ throughout the anoxic hypolimnion. Possible in situ
processes that could modify the dissolved and particulate 5°°Fe include (1) Fe adsorption, (2)
formation of Fe(II) minerals and (3) microbial Fe oxidation.

Sorption of Fe(Il) on Fe oxides is known to favor heavy isotopes on the solid surface
and produce ~—0.9%o of A3°Fere(inaq-Fe(insory fractionation between aqueous Fe(IT) and sorbed
Fe(II).168, 181, 187, 264 Sorption of dissolved Fe(IT) onto particulate Fe could occur in situ
considering the range of pH (5.7 to 6.6) in anoxic hypolimnia of four lakes *** and the
A>Fere(inaq-Fe(insord fractionation is similar to the observed A%Fegis-part fractionation (Figure 4-

4). However, considering the very low fraction of Fe(Il) in particulate Fe in the anoxic

109



hypolimnion, the extent of Fe adsorption is likely limited, and this process cannot produce

the observed A>®Fegis-part fractionation (Figure 4-4).
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Figure 4-6 Eh versus pH diagram for species of Fe at 4.5°C.

The pressure was set at 1 bar. The Fe concentration was set at 150 pM, phosphate was set at
0.2 uM, sulfate/sulfide was set at 0.1 pM and bicarbonate was set at 0.8 mM. These values
are representative of physico chemical parameters in the hypolimnia of four lakes. The grey
zone represent the pH range in anoxic hypolimnia of four lakes.

Precipitation of Fe(Il) minerals can fractionate Fe isotopes in anoxic hypolimnia. The
possible common Fe(Il) minerals in the water column of lakes are Fe sulfides (e.g.,
mackinawite), siderite (FeCO3) and vivianite (Fe3(POa)2). Despite the fact that dissolved Fe
concentrations are much higher than dissolved sulfide concentrations, an increase in
dissolved sulfide concentrations with depth coupled with a decrease in dissolved sulfate
highlights that Fe sulfide formation may have a strong effect on 8°°Fe of dissolved and

particulate Fe, as inferred by other studies.??% 24 Experimental studies have shown that
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mackinawite is the dominant Fe sulfide in the presence of sulfate reducing bacteria, which
are abundant in the anoxic hypolimnia of four lakes.?’® The A>®Fere(inag-mackinawite fractionation
between aqueous Fe(II) and mackinawite could be driven by kinetic isotope effects with
variable values of 0.34~0.85%o at low pH (pH=4),'°!- 192 but at near-neutral pH, the
A®Fere(inag-mackinawite fractionation yields an equilibrium value of —0.32+0.29 %o (at 20 °C).!"°
Given the fact that dissolved Fe(II) concentration is two orders of magnitude higher than
dissolved sulfide concentration in the anoxic hypolimnia under circumneutral pH conditions,
the mackinawite, if it is being formed, is probably in isotopic equilibrium with dissolved
Fe(II) in the anoxic hypolimnia of four lakes, leading to negative A>°Fere(inag-mackinawite
fractionations. Based on the Eh-pH diagram, Fe sulfide minerals are the stable solid

inorganic phase in the anoxic hypolimnia of four lakes considering the pH range (5.7~6.6)

(Figure 4-6). Furthermore, the presence of Fe sulfide minerals can be assessed by saturation

indices (SI) given by
SI =log [11,{419]

where [AP is the observed ion activity product and Ksp is the solubility product of Fe sulfide
(Table A2). Based on these calculations, Fe sulfide is undersaturated and unlikely formed in
the anoxic hypolimnia of four lakes. Despite current limited knowledge of Fe isotope
fractionation A>®Fere(inag-vivianite between aqueous Fe(IT) and vivianite (~—0.3%o), the
formation of vivianite is thought to cause the enrichment of heavy isotopes in the solid

177 consistent with the sign of observed A%*Fegis-part in the anoxic hypolimnia (Figure 4-

phase,
4). However, calculation of saturation indices for vivianite formation shows that vivianite is

undersaturated and unlikely formed in the anoxic hypolimnia of four lakes (Table A2). One

experimental study has reported that Fe isotope fractionation A>Fere(inag-siderite between
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aqueous Fe and siderite under equilibrium control is +0.48 + 0.22%o,'%° which is opposite of
the observed A%®Fegis-part in the anoxic hypolimnia of four lakes (Figure 4-4). Therefore,
formation of Fe(II) minerals unlikely contribute to the observed A3®Fegis-part in the anoxic
hypolimnia of four lakes.

It is now well established that microbial Fe oxidation could cause the enrichment of
heavy isotopes in Fe(IIl) oxides relative to aqueous Fe(II). Acidophilic iron-oxidizing
bacteria are known to produce higher 3°°Fe of oxidized Fe (mainly aqueous Fe(IIl) at acidic
pH) compared to co-existing aqueous Fe(II) under oxic conditions and at low pH (<3), with
an equilibrium A3>®Feaq Fe(in)-aq Fe(iny fractionation of ~—3%o between aqueous Fe(I) and
aqueous Fe(IIT)!" but this process is ruled out based on the pH range of 5.9-6.4 and lack of
oxygen in the anoxic hypolimnia. Moreover, one experimental study using nitrate-reducing
Fe(Il) oxidizing bacteria, Acidovorax sp. strain BoFeN1, has shown that biological nitrate-
reducing Fe(Il) oxidation at circumneutral pH can produce an apparent A>Fere(inaq-Fe(it) oxide
fractionation of 2-3%o0 between aqueous Fe(Il) and Fe(III) oxides, which is in agreement with
observed A*Fegis-part in the anoxic hypolimnion (Figure 4-4). However, biological nitrate-
reducing Fe(II) oxidation is unlikely to contribute the observedA3®Fegis.part in the anoxic
hypolimnion, considering that the concentration of nitrate was very low (i.e., on the order of
<1 uM) and the nitrate-reducing Fe(II) oxidizing bacteria (e.g., Acidovorax, Thiobacillus
denitrificans and Pseudogulbenkiania) have not been identified in the hypolimnion.?”6: 36!

Experimental studies on photoferrotrophy using anoxygenic photosynthetic
microorganisms (both freshwater strains and marine strains) show that photoferrotrophy can

produce a A>°Fere(inag-Fe(in) oxide fractionation of —1 to —3%o between aqueous Fe(Il) and

Fe(IIT) oxides.!”718% The observed A>Fegispart in the anoxic hypolimnia is consistent with
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those A>Fere(inag-Fe(i) oxide values deduced from photoferrotrophy experiments (Figure 4-4).
Furthermore, 16S rRNA gene sequence data confirmed the presence of Chlorobi, which is
close to the known photoferrotroph Chlorobium ferroxidans, among the most abundant
operational taxonomic units in the anoxic zones of L221, L304 and L.227.27¢ The following
genome-resolved metagenome sequence data showed that the cyc2 gene, a candidate gene for
photoferrotrophy, was detected in the chlorobi genome bins,?’® highlighting the possibility of
photoferrotrophy in the anoxic zones of L221, L304 and L227. Moreover, photoferrotrophy
can adapt to very low light intensities, and light saturation observed in photoferrotrophy
incubation experiments using freshwater Chlorobium ferrooxidans strain KoFox was less
than 50 lux (~1.2umol photons m2 s'1).4> The light intensities exceed 0.4 umol photons m= s°
Iat the bottom of L221 and L304 and 8m of L227 (Figure 4-7), comparable to light
intensities (0.2-1.0 umol photons m? s!) observed at the certain depth of other lakes where
green sulfur bacteria (GSB) that potentially regulate anoxygenic photosynthesis were
detected %2 133 and rates of photoferrotrophy were measured.'*!> 13° Collectively, this
evidence suggests that the photoferrotrophy might occur in the anoxic hypolimnia of L221,
L304 and L.227, producing the observed A’*Fegispari. However, it should be noted that
Chlorobi were not detected at the bottom of L227 (10 m),*! where light intensities were very
low (~0.02 pmol photons m s°!; Figure 4-7). A decrease in A’*Fegis-part fractionation coupled
with the disappearance of Chlorobi at 10 m of L227 suggested the lack of photoferrotrophy,
precluding the contribution of photoferrotrophy to the A>Fegis-part at 10m (Figure 4-4).
Rather, the observed A*Fegis.part at 10 m probably results from the formation of FeS and the

abiotic oxidation by O produced by phytoplankton. The calculation of SI for FeS shows that

FeS is near saturated at 10 m (Table A2), possibly contributing to the observed A%Fegis-part.
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Furthermore, 16S rRNA gene sequence data and microscopy image analysis show that three
genera of cyanobacteria (Dolichospermum sp., Planktothrix sp. and Phormidium sp.) were
the most abundant organisms detected on the surface sediments at 10 m (Figure 4-8). Despite
the very low light intensities at this depth (0.02 pmol photons m™ s!; Figure 4-7),
cyanobacteria could be producing minimal amounts of Oa. This cryptic Oz cycling has the
potential to abiotically oxidize Fe(II), contributing to the observed A>®Fegis-part at 10m in the

water column of L227 (Figure 4-4).
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Figure 4-7 Light profiles of the water column of L227, 1.221 and L304 in 2018.
Detection limit is 0.01 pmol photons mZs
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Figure 4-8 Microscopy images showing longitudinal sections of cyanobacterial cells in
the surface sediment of one sediment core collected at the bottom of L.227.

An increase in the magnitude of A>Fegis-part fractionation with depth was observed in
the anoxic hypolimnia of L221, L.227 and L304, with the maximum value observed at the
bottoms of L221 and L304 and 8 m of L.227 (Figure 4-4). The increase in the magnitude of
A>*Fedis-part fractionation with depth is speculated to reflects different in situ oxidation rates of
photoferrotrophy at different depths. Dissolved Fe concentrations increased with depth and
were two orders of magnitude higher than particulate Fe concentrations in the anoxic
hypolimnia (Figure 4-3), suggesting a significant Fe input flux from the sediments. The
constancy of the dissolved 3°°Fe with depth further supports that there is substantial
accumulating dissolved Fe compared to in situ precipitated particulate Fe (Figure 4-4).

Particulate Fe concentration also increased with depth in the anoxic hypolimnia (Figure 4-3).
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The increasing 5°°Fe values of particulate Fe with depth concurrently with the increase in
particulate Fe concentrations indicate that biological Fe oxidation, likely photoferrotrophy,
contributes to the variation in particulate 5°°Fe (Figure 4-4). Collectively, this evidence
suggests that anoxic hypolimnion is an open system for Fe behavior where dissolved Fe is
dominated by Fe input from sediments and particulate Fe is modified by in sifu processes.
Fractionation factors A%°Fere(inaq-Fe() oxide deduced from different photoferrotrophy

159 showed a variation corresponding to the oxidation rate,

experiments in a recent study study
with a smaller AS°Fere(inag-Fe(in oxide Value of —1.5%o for the slower oxidation rate and a larger
value of —2.5%o for the rapid oxidation rate. AS°Fere(inag-Fe(im) oxide fractionation during
photoferrotrophy is thought to reflect an initial 3%o equilibrium fractionation between
aqueous Fe(III) and aqueous Fe(Il) overprinted by a kinetic fractionation during the
precipitation.!”’-!”” Higher oxidation rates of photoferrotrophy tend to induce smaller kinetic
fractionation during precipitation and thus result in an overall larger A’’Fere(inag-Fe(In) oxide
fractionation.!>® In the anoxic hypolimnia of L221, L304 and 1227, particulate Fe
concentrations were relatively higher at deeper depth compared to shallow depth, suggesting
that photoferrotrophy has a larger oxidation rate than shallow depth (Figure 4-3). If this is the
case, then larger A’°Fegispart fractionation should be observed at deeper depths of anoxic
hypolimnia, which is consistent with the observation that an increase in the magnitude of
A>%Fegis-part fractionation with depth was observed, further supporting that spatial variation of
A>$Fedis-part fractionation in the anoxic hypolimnia is likely due to the increased oxidation
rates of photoferrotrophy with depth (Figure 4-4).

It has been demonstrated that the oxidation rate of photoferrotrophy is dependent on

Fe concentration, light intensity, temperature and pH.>¢?-36> The narrow range of pH and
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temperature in the anoxic hypolimnia of L221, L304 and L227 preclude their influence on
differences in the oxidation rate of photoferrotrophy (Figure 4-2). One study on the Fe
oxidation rate mediated by freshwater photoferrotrophs found that both the increased
dissolved Fe(II) concentration (up to ~15 mM) and the increased light intensity (~light
saturation< 1.2umol photons m? s!) can facilitate Fe oxidation rate under anaerobic
conditions.*? In the anoxic hypolimnia of L221, L304 and L.227, a substantial increase in
dissolved Fe(II) concentration (40-220 pM) with depth might result in a higher Fe oxidation
rate at deeper depth compared to shallower depth while a decrease in light intensities with
depth likely lead to lower Fe oxidation rate at deeper depth (Figure 4-3). The higher
oxidation rate at deeper depths inferred from the Fe concentration and isotope data suggests
that photoferrotrophs are able to live deeper in the anoxic hypolimnia with higher Fe
concentration and lower light intensity and still sustain a relatively high level of metabolic
activity by lowering their requirements for light, which is proposed as an adaptation
mechanism of photoferrotrophs to optimize metabolic activities in recent studies.*> 43

Time-dependent variations in A>Fegis-part fractionations were also observed in the
anoxic hypolimnion of L227, whereby an increase in A’°Fegispart fractionation was observed
at 6 m and 8 m throughout the stratification period (Figure 4-4). Dissolved Fe(II)
concentration at the same depth in anoxic layers increased over the May to September period
due to the accumulation of dissolved Fe(II) fueled by a high flux of Fe(II) from the sediment
(Figure 4-3). Increased Fe concentrations can facilitate the Fe oxidation rate over the
stratified time. This is further supported by the observation that particulate Fe concentration
at 6 m and 8 m increased over the stratification period (Figure 4-3). Therefore, seasonal

variation in A%Fegis-part fractionations observed in the anoxic hypolimnion of L227 over
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stratified time is likely caused by the increased Fe oxidation rate of photoferrotrophy (Figure
4-4).

Spatial and temporal variations in A>Fegis-part fractionations were observed in the
anoxic hypolimnia of Boreal Shield lakes where Chlorobi were found among the most
abundant operational taxonomic units with cyc2 genes is detected. These A*°Fegis-part
fractionations are likely produced by photoferrotrophy, and variations in A>Feais-part
fractionations were possibly due to different oxidation rates of photoferrotrophy. The
A>$Fedis-part fractionations under varying environmental conditions help better understand Fe
cycling under anoxic conditions in modern and ancient settings. If inferences that the
observed A*Fegis-part fractionation is related to photoferrotrophy are correct, then the wide
range of A%Feugis-part fractionation might suggest that, in natural environments,
photoferrotrophs must cope with environmental conditions that change spatially or
temporally, thus producing distinct A>Feais-par fractionation patterns. Furthermore,
photoferrotrophs are thought to live under strictly anoxic and phototrophic conditions,
whereby the former requires them to live deep in the water column and the latter requires
them to stay close to the surface. The larger oxidation rate inferred at deeper depths where
higher Fe concentrations but lower light intensities are observed suggests that
photoferrotrophy can live deeper to meet the strictly anoxic conditions and still sustain a
relatively high oxidation rate, probably by lowering their requirement for light. This is in
good agreement with the general observation that green-sulfur bacteria have a very low light

requirement compared to purple sulfur bacteria.*>*

Moreover, the large Fe isotope
fractionation observed in the anoxic hypolimnion, possibly arising from photoferrotrophy,

suggests that photoferrotrophs could thrive in the ferruginous deep water with limited light
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intensity, lending support to the possibility of active photoferrotrophy occurring in deep
layers of the Precambrian ocean.!** Highly variable and positive Fe isotope composition of
Fe oxyhydroxides that range from 0.3%o to 1.8%o in the anoxic hypolimnia is in good
agreement with Fe isotope variations of Fe oxides minerals in BIF that deposited between
3.0-3.8 Ga,!46: 366,367 gupporting the hypothesis that photoferrotrophy plays a substantial role

in the production of ferric Fe during the formation of BIF in the Archean ocean 40 118, 144. 368

4.3.4. Fe cycling pathways in the profundal sediments at the bottom of lakes

In L227, newly deposited Fe in the profundal sediments includes biomass Fe(II)
associated with phytoplankton, aggregates of Fe(Ill) and DOM, terrestrial inorganic Fe
particles and autochthonous Fe(IIl) oxyhydroxides. The sediments in L227 are highly
enriched in organic matter, with an average organic matter content of 62 + 7 dwt.%. The Fe
concentrations in bulk sediments in L227 are 3.6 + 0.5 dwt.%. Mdssbauer and XANES
spectroscopies on a sediment core from the bottom of L.227 have implied that over 76% of
sediment Fe is organic complexed Fe(III) (in the form of ferrihydrite associated with organic
matter and organic complexed Fe(I11)) and 24% of sediment Fe is low-spin Fe(II),**® which
was inferred as pyrite but could also be some organic Fe(II) complexes. During the bloom
and post bloom periods, the phytoplankton biomass associated with Fe(II) and the aggregates
of Fe(Ill) and DOM, originating from the epilimnion and metalimnion, can sink to profundal
sediments. During the fall and spring overturn, some terrestrial inorganic Fe particles likely
composed of Fe(IIl) oxyhydroxides and other crystalline Fe minerals can transit through the
entire water column without being reduced. Fe(Ill) oxyhydroxides in the overlying water
column that precipitates due to the oxidation of dissolved Fe(II) during the overturn can also

sink to the profundal sediments.
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In L227, most newly deposited Fe is recycled back to the water column at the
sediment-water interface (SWI). Much of newly deposited phytoplankton biomass Fe(II) is
quickly decomposed at SWI and recycled back to the water column, supported by the
observation that 95% of the C and N in settling phytoplankton biomass is released back to the
hypolimnion through decomposition in the sediment within one year after settling down.
Fe(IIT) oxyhydroxides generated at overturn are also likely reduced to Fe(Il) very quickly at
the SWI by reductive dissolution as the dissolved Fe concentration quickly builds up in the
anoxic hypolimnion of L227 in May shortly after spring overturn (Figure 4-3). Some
phytoplankton biomass Fe(II) and organic Fe(IlI) complexes are buried annually in the
sediments as the sedimentation rate in the profundal sediment doubles after fertilization.?*®
This buried organic bound Fe (both Fe(Il) and Fe(IIl)) can be released to porewater in the
form of Fe(Il) by decomposition and subsequent dissimilatory iron reduction. Excess Fe(III)
oxyhydroxides that cannot be reduced at the SWI could also be buried in the sediment and

later reduced to porewater Fe(Il) by dissimilatory iron reduction.
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Figure 4-9 Average Fe concentrations of porewater (A) and average Fe/Al molar ratios
of bulk sediment (B) in each sediment core versus the depth of the sediment core in
L227, L304 and L442.

Error bas represent 1-standard deviation for each sediment core. Error bars not visible are
contained within the symbols. In panel (B), the grey zone represents the range of Fe/Al ratios
(0.05 to 0.19) for Canadian Precambrian Shield (the bedrock of ELA).
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Figure 4-10 Fe concentrations of porewater and bulk sediments in the sediment core of
L227 (A), L304 (B) and L442 (C).

Error bars represent 2-SD errors of all replicates and duplicates. Error bars not visible are
contained within the symbols.

The high porewater Fe concentration observed in L227 was generated by a
combination of dissimilatory iron reduction and the decomposition of organic Fe complexes.
Porewater Fe concentrations in the sediment core of L227 steadily increased within the
uppermost sediments (~0-3 cm) and remained constant in the sediments below, with average
values of 633 £ 114 uM (Figures 4-9 and 4-10). Almost all porewater Fe in the L.227 is Fe(II)
(98+2%; Figure 4-10). Dissimilatory iron reduction (DIR) is one of the most important

193, 370

anaerobic pathways for the oxidation of organic carbon in sediments, and it can

generate high Fe(II) concentrations (several mM) in the porewater of freshwater lakes.2%% 37!

As ferrihydrite and organic matter serve as an electron acceptor and an electron donor for

DIR respectively,>? the high ferrihydrite abundances®®® and the significant organic matter
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content in the profundal sediments of L227 probably offer a continuous supply of substrates
for DIR in the sediment of L227, in agreement with earlier findings that active DIR is
observed in the organic- and Fe oxides-rich sediments.>’>7* Furthermore, a previous study
on the sediment Fe speciation of one sediment core from the bottom of L227 using sequential
chemical extraction demonstrates that carbonate-associated minerals, likely siderite or
ankerite, made up 20% of total reactive Fe in the sediments.’® As the formation of siderite in
the overlying water column has been ruled out, as described previously, the siderite present
in the sediment likely formed in situ during the early diagenesis. The relatively high
abundance of siderite, which is the common end product of DIR when reduction of poorly
crystalline Fe(III) oxide is coupled with oxidation of organic carbon,’% 173375 further suggests
that DIR is active in the sediment of L227. However, previous experimental studies on
cultivating iron-reducing bacteria with ferrihydrite have demonstrated the anticipated
formation of goethite or magnetite, depending on whether the flux of Fe(II) is low or high,
respectively.>>>7- 37 Given the high concentration of porewater Fe(II) (Figures 4-9 and 4-10)
and high abundance of ferrihydrite,*® the presence of magnetite would be expected in the
sediments of L227. However, previous investigation by spectroscopic techniques
((Mossbauer and XANES) showed that crystalline Fe minerals such as hematite, goethite and
magnetite are not detected in the sediment core,*® suggesting a lack of diagenetic reactions
between porewater Fe(Il) and ferrihydrite. The porewater Fe(Il) cannot react with the
ferrihydrite, possibly due to the adsorption of organic matter on the surface of ferrihydrite or
aggregation of ferrihydrite and OM, supported by the observation that almost all ferrihydrite
is associated with OM.*%° The coating of OM on ferrihydrite could prevent the ferrihydrite

from reacting readily with aqueous Fe(Il) (e.g., inhibit the adsorption of aqueous Fe(Il)). It
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should be noted that the release of Fe(Il) by the decomposition of buried organic Fe(II)
complexes also significantly contributes to the porewater Fe(Il), considering the high settling
flux of phytoplankton biomass associated with Fe(Il) (Chapter 3) and elevated sedimentation

rate caused by the bloom.>*

The higher porewater Fe concentration in L227 compared to
L304 and L442 (Figure 4-10) further supports the significant contribution from the
decomposition of buried organic Fe(Il) complexes in L.227 (see the detail in the following
paragraph).

Fe cycling in the sediments of L304 and L442 are different from L227. Organic
matter content is 59 + 8 dwt.% and 39 + 5 dwt.%, and the concentrations of bulk Fe are 3.8 +
1.1 dwt.% and 2.7 £+ 0.3 in the sediment cores of L30 and L442, respectively, similar to what
was observed in the sediment core of L227. However, in L304 and L442, no significant flux
of settling biomass Fe(Il) was observed in the water column. As a result, newly deposited Fe
in the profundal sediments of L304 and L442 were likely dominated by Fe(III)
oxyhydroxides and aggregates of Fe(IIl) and organic matter. High porewater Fe
concentrations were observed in the sediment cores of L304 and L1442, with average values
of 259 + 63 and 331 + 67 uM, respectively (Figures 4-9 and 4-10). Fe(II) makes up over 98%
of porewater Fe in the sediment core of L304, whereas porewater Fe(Il) represents between
70 and 97% of porewater Fe in the L442 sediment core (Figure 4-10). The relatively high
concentrations of porewater Fe(III) (9 to 120 uM, Figure 4-10) in L442 were likely due to
oxidation artifacts during the sediment collection, despite the fact that a small fraction of
porewater Fe(IIl) may reflect true dissolved Fe(III) resulting from the dissolution of Fe(III)

oxidation followed by the complexation of Fe(III)-DOM.?”7-378 The high porewater Fe(II)

concentrations in L304 and L442 were likely dominated by extensive DIR in the sediments.
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Dissimilatory sulfate reduction (DSR) could also play an important role in the
degradation of organic carbon in sediments.>’® Porewater H>S generated by DSR could react
with both aqueous Fe and solid phase Fe to form a variety of Fe sulfide minerals, reducing
the availability of Fe for DIR.!”* However, given the fact that porewater sulfide
concentrations are two orders of magnitude lower as compared to porewater Fe concentration
in L227, 304 and L442 (Figure 4-10), decomposition of organic Fe(II) complexes and DIR
combine to dominate over DSR throughout the sediment cores of L227 and DIR dominated
in L304 and L442 in terms of Fe diagenesis, consistent with the observations in other

372,379,380 and microcosm studies.’!: 38! The extremely low concentration

freshwater sediments
of porewater sulfide indicates that the DSR-produced sulfide is consumed due to the
quantitative titration by a large flux of porewater Fe(Il).

Dissimilatory sulfate reduction can lead to the formation of Fe sulfides (FeS and
pyrite) through diagenetic processes. The porewater sulfate concentration profile of one
hypolimnetic sediment core of L227 measured in the previous study showed that sulfate
concentrations were relatively constant around 25-35 uM in the upper 8 cm but decreased
progressively to a minimum of 5 uM at a depth of 20 cm.*®® Consistent with this trend,

382 was

pyrite, whose formation in sediments requires a supply of reactive Fe and sulfide,
absent in the upper 4 cm of sediment core in L227, while it made up a maximum of 20% of
total reactive Fe in the 5-17 cm depth intervals of the sediment core.’® These multiple lines
of evidence suggest that DSR is absent in the first few cm of the sediment core in L227 and

occurs only in the deeper portion of the sediment, producing sulfide that reacts with reactive

Fe to form pyrite.
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In the seasonally stratified L227, L304 and L442, the Fe cycle in the anoxic
hypolimnion is driven by the “ferrous wheel”.247- 337 Fe(III) oxyhydroxides and aggregates of
Fe(III) and DOM, originating from terrestrial input and overlying water column, transit
through the entire water column and deposit in the anoxic sediments at the bottom of lakes,
especially during spring and fall overturn. When anoxia prevails in the deep layers of the
water column during the stratification, much of the newly deposited Fe(III) is reduced at SWI
and released back to the water column, while some Fe is lost to the sediment by burial and
undergoes diagenesis. In the sediment, DIR can slowly reduce Fe(III) and release Fe(II) into
porewater, leading to high porewater Fe(II) concentrations. Secondary minerals such as
siderite could be produced during DIR. Some porewater Fe(II) and solid Fe(II) phases can
react with other elements, such as sulfide produced by DSR, to form other Fe compounds
(e.g., FeS and pyrite). In eutrophic L227, blooms also deliver significant phytoplankton
biomass flux containing biogenic Fe(II) particles. Much of biogenic Fe(II) newly deposited
phytoplankton biomass Fe(Il) is quickly decomposed at the sediment-water interface (SWI)
and recycled back to the water column. Some biogenic Fe(Il) can be buried in the sediment
and subjected to diagenesis, which can decompose the organic matter and release Fe(Il) into
the porewater, producing higher porewater Fe(II) concentrations compared to L304 and
L442. In L227, L304 and L442, the Fe flux from sediment is composed of the diffusion of
porewater Fe(Il) and the release of dissolved Fe produced by reductive dissolution or
decomposition at SWI, the latter of which likely dominated the Fe flux. The dissolved Fe
accumulated in the hypolimnion is largely supplied by the bi-annual return of recently
deposited Fe in the “ferrous wheel” rather than by porewater diffusion. This ferrous wheel

plays an important role in regulating microbial activities related to Fe redox transformation.
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4.3.5. Fe isotope compositions of porewater Fe and bulk sediment Fe reflect
early diagenetic processes

Sediment 5°°Fe remains relatively constant throughout the sediment core while
porewater 3°°Fe varies with depth in both 1227 and L304. A narrow range of 3°°Fe values
was observed for the bulk sediment Fe of L304 from the top of the core to the bottom at
12¢m, with an average value of 0.13+0.15%o (20) (Figure 4-11). Although 8°°Fe values of
bulk sediment Fe in L227 were distinctly different between the 0-10 cm depth interval and
the 11-35¢m depth interval, the 3°°Fe values of bulk sediment Fe for each interval was
homogeneous, with average values of 0.14+0.13%0(20) and —0.17+0.09%0(25) respectively
(Figure 4-11). This distinctive pattern in bulk sediment 8°°Fe between 0-10 ¢cm depth interval
and 11-35 cm depth interval corresponds to the onset of the experimental fertilization in
L227 whereby Fe deposited after eutrophication is isotopically more positive than that
deposited before eutrophication.?’® The average §°°Fe values of bulk sediments in 1L.227 and
L304 are in agreement with those measured for other lake sediments that range from
—0.10£0.11%o to 0.11+0.20%0.2°% 372 In contrast to the isotopic homogeneity of bulk sediment
Fe, 8°°Fe values of porewater Fe(IT) in both L227 and L.304 increased progressively with
depth, from —0.47%o to 0.24%o0 and —0.45%o to 0.39%o, respectively (Figure 4-11). The
variation in porewater 8°°Fe in the sediment cores of L227 and L304 is probably due to the

diagenetic effect associated with organic matter diagenesis and Fe burial in lake sediments.
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Figure 4-11 Iron isotope composition of porewater and bulk sediments in the sediment
core of 227 (A), L.304 (B) and L442 (C).
Error bars represent 2-SD errors. Error bars not visible are contained within the symbols.

In the upper section of sediment cores in L227 and L304, porewater 5°°Fe was more
negative than sediment 8°°Fe, possibly modified by initial DIR followed by the formation of
siderite (Figure 4-11). DIR is known to produce aqueous Fe(II) that is enriched in light
isotopes by 1-3%o relative to the ferric substrate.!”> 181 182 The most negative 8°°Fe values of
porewater Fe(II) were observed in the uppermost sediments associated with high
concentrations of porewater Fe(Il) (Figures 4-10 and 4-11), suggesting that the isotopically
light porewater Fe(II) was produced by DIR, consistent with the observations in freshwater
sediments?%> 373 and marine sediments.*’* 38384 Partial oxidation in the near-surface
sediments can also produce isotopically light porewater Fe(II). However, it appears unlikely
that partial oxidation occurs in the sediment of L227 and L304 given the fact that the

hypolimnia of L227 and L304 are anoxic and the concentration of porewater NO3" is very
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low (<10 uM).*%° The most negative 8°°Fe values of porewater Fe(II) in L227 and L304
(—0.5 %o and —0.4%. respectively, Figure 4-11) are comparable but less negative than those
measured in DIR-dominated freshwater sediment (—1.1%o0)*”* or DIR-dominated marine
sediment (—3%o),3’* although in the latter case, the most negative values (—3%o) is likely due
to the combination of DIR and partial oxidation in the surface sediments. The 8°¢Fe values of
porewater Fe(Il) in L227 and L304 are plausibly explained by either smaller fractionation
factors during DIR attributed to differences in Fe bonding or the combined effect of DIR and
the formation of siderite (Figure 4-11). Sequential chemical extraction on the sediment core
from the bottom of L227 has shown that approximately 20% of the total reactive Fe is
composed of carbonate-associated minerals, most likely siderite or ankerite.*®® One
experimental study on Fe isotope fractionation during siderite precipitation has estimated an
equilibrium fractionation A>®Fere(iag-sideritc between aqueous Fe(1) and siderite of +0.48 +
0.22%o, at 20 °C.!% In addition, one experimental study on the Fe isotope fractionation
during the formation of siderite coupled with the microbial reduction of ferrihydrite
estimated an equilibrium fractionation of 0.9% between aqueous Fe(Il) and Ca-substituted
siderite.!”® The formation of siderite that is enriched in light isotopes can affect 8°°Fe values
of porewater Fe(II) in a direction opposite to the effect of DIR, driving the §°°Fe of porewater
Fe(Il) towards less negative values (Figure 4-11).

In L227, the decomposition of biomass Fe(II) also significantly contributes to
porewater Fe(IT). The Fe(II) released from the decomposition should have similar §°°Fe
values as the particulate Fe(II) in the epilimnion and metalimnion during the bloom, ranging

from —0.16%o to —0.72%o. Therefore, the isotopically light porewater 3°°Fe in the upper
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section of sediment cores in L227 is likely modified by the combination of DIR and the
decomposition of buried biomass Fe(II).

In the deeper portion of sediments in L227 (11-35 cm) and L304 (4-12 cm),
porewater Fe(IT) had positive §°°Fe values of 0.17+0.13%0(20) and 0.23+0.13%0(20)
respectively, isotopically heavier than corresponding bulk sediment Fe by 0.1~0.5%o (Figure
4-11). The positive 5°°Fe values of porewater Fe(Il) are probably caused by the precipitation
of Fe sulfides (FeS and pyrite), as observed in other organic-rich lake sediments where 5°Fe
values of 0.2~1%o in porewater Fe are attributed to the formation of Fe sulfides.®!-2% The
formation of FeS such as mackinawite cannot explain the positive 8°°Fe values of porewater
Fe(Il) in L227 and L304, as this process leads to the enrichment of light isotopes in aqueous
Fe(II) relative to FeS at near-neutral pH '*° and multiple spectroscopic techniques did not
identify the presence of FeS in the sediment core of L227.3%° As mentioned previously, pyrite
represented up to 20% of total reactive Fe in the deeper portion (5-17 cm) of sediment core in
L227. The formation of pyrite could lead to the enrichment of heavy isotopes in aqueous
Fe(Il) relative to pyrite. Experimental studies on the Fe isotope fractionation during the
formation of pyrite at low temperatures demonstrate that the kinetically controlled
fractionation A>°Fere(inag-pyrite between aqueous Fe(II) and pyrite varies from 0.5 to 2.2%o, in
which the magnitude of A>Fere(inaq-pyrite depends on the precipitation rates and the extent of
isotope exchange.*> 386 One recent study on the formation of pyrite in the euxinic water
column of the Black Sea estimate an Fe isotope fractionation factor A>Ferc(inag-pyrite between
aqueous Fe(II) and pyrite of 2.75+0.02%o.3%¢ Furthermore, another study on the marine

sulfide-rich sediment observed that the apparent fractionation between porewater Fe(Il) and
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pyrite was up to 1.5%o.37* Therefore, the positive 8°°Fe values of porewater Fe(IT) in the
deeper portion of sediment in L227 and L304 are likely caused by the precipitation of pyrite.
In L442, porewater Fe and bulk sediment Fe both displayed similar Fe isotope

patterns, with average values of 0.23+0.13%0(25) and 0.124+0.10%0(20), respectively (Figure
4-11). This similarity in 5°°Fe between porewater Fe and bulk sediment Fe suggests that
extensive DIR in L442 is near-complete, producing no change in 8°°Fe values of porewater
Fe, similar to what has been observed in other lake sediments.2%% 372 Despite the lack of
knowledge regarding sediment Fe speciation in L442, the slightly more positive 8°°Fe values
of porewater Fe compared to bulk sediment Fe are probably due to the formation of siderite

or pyrite, which could make aqueous Fe(II) isotopically more positive.

4.3.6. The flux of Fe from sediments in the hypolimnion of L227

The total flux of Fe from sediments is composed of the diffusion of porewater Fe(II)
and the release of dissolved Fe produced by the decomposition of biomass Fe(Il) and
reductive dissolution of Fe(Ill) oxyhydroxides at sediment-water interface. The high
porewater Fe(II) concentrations and the steep concentration gradient in the uppermost zone
of the sediment cores collected at the bottom of L227 (Figure 4-10) indicate a substantial Fe
flux through the diffusion of porewater. However, the diffusion flux is expected to be much
lower than Fe flux produced at SWI. Total sediment Fe flux is retarded during the turnover in
spring and fall, as the introduction of oxygen provides a barrier near the sediment-water
interface. Chemical oxidation rates of diffusing Fe(II) is fast at the pH of these lakes,

preventing porewater Fe from diffusing into the water column. During stratification, the
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onset of anoxia releases this constraint on the upward Fe flux from the sediments, leading to
accumulation of dissolved Fe in the hypolimnion of L227 (Figure 4-3).

Fe/Al molar ratio in sediments are commonly used to investigate authigenic Fe
enrichment. The Fe/Al molar ratio of the sediment core collected from the bottom of L227 is
0.38+0.06, lower than the Fe/Al molar ratio in particulate Fe in the water column
(0.54+0.15). The lower Fe/Al molar ratio in the sediments suggests that a significant portion
of newly deposited particulate Fe, including settling biogenic Fe (biomass and Fe-DOM
aggregates) and precipitated Fe(IlI) oxyhydroxides resulting from the oxidation of dissolved
Fe(II) during the fall and spring overturn, is subsequently released back into the hypolimnion
during stratification. Furthermore, this indicates that the sediments are effectively mined for
Fe by the Fe cycling processes in the lakes. This idea finds further support in the observation
that there is considerable sediment contact area between sediment and the hypolimnetic water
column (Figure 4-1).

Porewater 5°Fe at 0-1 cm of sediment core was more negative by 0.4%o as compared
to dissolved 6°°Fe at 10 m (Figures 4-4 and 4-11), suggesting that dissolved 8°°Fe produced
at the sediment-water interface produce dissolved Fe that is more positive than porewater
8°°Fe at the top of sediment core. The total flux of Fe from sediments could be estimated by
the accumulation of dissolved Fe mass in the hypolimnion during the stratification and the
contact area between sediment and hypolimnetic water column. The flux of porewater Fe
diffusion could be calculated by the concentration gradient of porewater Fe in the uppermost
sediment section. Additionally, the flux of dissolved Fe resulting from Fe released at

sediment-water interface could be estimate by the difference between total flux and the
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diffusing flux. The calculation of Fe flux from sediment will be the subject of further

research.

4.4. Conclusion

Fe isotopes provide valuable insights into the Fe cycling in the seasonally anoxic
Boreal Shield lakes. The Fe cycling in the oxic layers of four lakes is regulated by a
combination of multiple processes, including biological uptake, photochemical reduction of
particulate Fe(IIl), complexation of dissolved Fe and dissolved organic matter, photolysis
and microbial decomposition, which together produce systematically positive A’°Fegis-part
between dissolved Fe and particulate Fe. In the anoxic layers of four lakes, microbial Fe
oxidation, probably photoferrotrophy, modifies the 5°°Fe of particulate Fe, inducing large
negative A>*Fegis-part. Spatial and temporal changes in A3®Fegispart were observed in the anoxic
hypolimnion, likely caused by variations in the oxidation rate of photoferrotrophy. The
dissolved Fe pool in the anoxic hypolimnion is governed by the flux of Fe from sediments,
where DIR produces significant quantities of porewater Fe(II). During the water mixing in
spring and fall, Fe(III) oxyhydroxides precipitate from the oxidation of dissolved Fe(II) in the
water column and sink to underlying sediments. These newly deposited Fe(III)
oxyhydroxides are reduced by DIR in the presence of abundant organic matter, leading to
high porewater Fe(Il) in the sediment. During the stratification, anoxia prevails in the
hypolimnion, allowing a large portion of Fe in the sediment to escape into the anoxic
hypolimnion through the diffusion of porewater Fe and the release of dissolved Fe via

reductive dissolution at the sediment-water interface.
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Chapter 5

Conclusions and recommendations

5.1. Major conclusions with implications

The overall goal of this thesis research was to evaluate the use of Fe isotopes to track
the source of Fe for cyanobacteria and to investigate the Fe processes in water column and
sediments of stratified boreal lakes, providing valuable new insights into the Fe cycling in
modern and ancient environments. The key findings and their implications of each research
chapter are described below.

In Chapter 2, the first comprehensive data on Fe isotopes of stream inflows, dissolved
and particulate phases in the water column and bulk sediments of any freshwater lakes is
presented. There was a positive correlation between dissolved Fe concentrations and DOC
concentrations in boreal streams, implying a strong binding of Fe by DOC. Dissolved Fe in
boreal streams exhibit a larger range of §°°Fe (-0.2 to +0.6%o), with the positive values
reflecting the net effect of processes involved in DOM mobilization of Fe in these boreal
streams. Large variations of 8°°Fe observed in [ISD-ELA among boreal streams and with
season demonstrate the strong potential for Fe isotopic techniques to decipher sources of Fe
and seasonally variable Fe-DOC complexation in streams in order to understand the coupled
contributions of DOC and Fe to brownification of water in northern catchments worldwide.

A wide range in 3°°Fe (-0.9 to +1.8%o) is observed in the water column of two small
Boreal Shield lakes, spanning more than half the entire range of natural samples. Such
variation is likely induced by Fe isotope fractionation arising from Fe cycling processes,

reflecting the potential of Fe isotopes to track biogeochemical processes in Boreal Shield
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lakes. One of the novel and notable findings is that two water column layers with distinctive
and contrasting isotope fractionations between dissolved and particulate Fe were observed in
two boreal lakes despite large differences in their trophic states. Uptake of isotopically light
Fe by cyanobacteria likely fractionates Fe, leading to fractionation A’*Fegis-spm Of 1%o0
between dissolved and particulate Fe in the epilimnion. This is the first time that Fe isotope
fractionation arising from cyanobacterial uptake is observed in freshwater, which can be used
to understand the sources of reduced Fe that fuel harmful cyanobacterial blooms and further
aid the management of waters affected by these blooms.

Patterns in Fe isotopes are similarly reversed from epilimnia to anoxic hypolimnia in
both lakes. The large isotope fractionation in the anoxic hypolimnion indicated that there
must be some fractionating mechanism involving Fe cycling between Fe(Il) and Fe(III)
within the water column, likely photoferrotrophy or microaerophilic Fe(I) oxidation, in the
hypolimnia that were previously thought to be quiescent. This important Fe cycling is active
enough to change the isotopic signature of Fe (and C and N) in the hypolimnia even by early
summer, suggesting robust activity of Fe oxidizers and reducers that live in the water
columns in these small headwater lakes. This is the first time large Fe isotope fractionation in
the anoxic zone is possibly associated with photoferrotrophy, providing insights into the
deposition of banded iron formations and biogeochemical processes of Fe cycling in early
Earth history. The biogeochemical processes suggested by distinctive Fe isotope signatures,
along with the low sulfate and high Fe conditions in the water column, show the potential of
Boreal Shield lakes to serve as Archean ocean analogues.

All the particulate samples in the epilimnia of both lakes have §°°Fe values almost

identical to those of the epilimnetic surficial sediments, both in L.227, where algal biomass is
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high and in L442, where it is very low, suggesting that in the epilimnia of both lakes,
particulates are deposited as surficial sediments without significant diagenetic effects on the
Fe isotope signals. Therefore, the 5°°Fe of lake sediments may serve as an archive that
records past changes in the Fe cycling of lakes.

The large fractionations observed as a result of Fe cycling in these small boreal lakes
demonstrate that stable Fe isotopes are a powerful new tool to understand biogeochemical Fe
cycling, the role of Fe metabolism in lakes and the sources of reduced Fe that fuels
cyanobacterial blooms.

In Chapter 3, the first comprehensive data on Fe speciation and Fe isotopes associated
with cyanobacterial bloom in freshwater ecosystems is presented. Fe concentration,
speciation, and isotope compositions all exhibit seasonal variations corresponding to the
progression of two annual blooms in L227, a small experimentally eutrophic Boreal Shield
lake.

The onset of cyanobacterial bloom leads to a drawdown of dissolved Fe and an
increase in particulate Fe in the oxic layers of L227, possibly due to the intracellular uptake
of Fe. Furthermore, the depletion of Fe(Il) in the dissolved phase and the prevalence of Fe(II)
in the particulate phase are observed during the cyanobacterial bloom, likely resulting from
the uptake of Fe(Il) by cyanobacteria. This is the first time that changes in dissolved and
particulate Fe concentrations, along with Fe speciation during a cyanobacterial bloom, are
reported in the freshwater system. This study highlights the importance of Fe(II) in the
dominance of cyanobacteria. Fe speciation of DFe and PFe during the cyanobacterial bloom

might provide useful insights to explore the uptake mechanism utilized by cyanobacteria.
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During the peak of the first cyanobacterial bloom, A>Fegis-par fractionation in the
metalimnion was considerably larger than A>Feuis-part in the epilimnion (1.3%o vs 0.9%o).
Likewise, the particulate §°°Fe is more negative by 0.4%o in the metalimnion than in the
epilimnion. Particulate Fe(II) in the metalimnion is two times higher than particulate Fe(II) in
the epilimnion. Collectively, this evidence suggests that under Fe-limited conditions,
cyanobacteria could further migrate to an anoxic zone to take up Fe and then rise to more
favourable light conditions through buoyancy regulation. A simple isotopic mass balance
modelling was used to test the migration of cyanobacteria from the oxic layer to the anoxic
layer in L227. This study is the first time that Fe speciation and Fe isotope composition were
used to track the vertical migration of cyanobacteria. The results demonstrate that the most
plausible explanation for both isotopically light particulate Fe and total Fe (sums of dissolved
Fe and particulate Fe) is the migration of cyanobacteria below the redox boundary for the
uptake of dissolved Fe(II). Distinct 8°°Fe of dissolved and particulate Fe in the epilimnion
and metalimnion could provide valuable sights for the source of Fe used by cyanobacteria if
the Fe isotope fractionation factor can be measured under controlled laboratory conditions
and it is independent of Fe concentrations.

Dissolved 8°¢Fe differs from particulate 5°°Fe in the oxic layers of L227 after the
onset of the cyanobacterial bloom and both change seasonally during phytoplankton
succession from cyanobacteria dominance to co-dominance of cyanobacteria and eukaryotic
algae. The A>°Fegispart fractionation during the second bloom is much smaller than A>Feais-part
during the first bloom, suggesting that chlorophytes might produce distinct Fe isotope
fractionation during Fe acquisition compared to diazotrophic cyanobacteria. This study

represents the first field evidence demonstrating that Fe isotope fractionation may vary
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among phytoplankton species during Fe acquisition. The specific transport pathways and
enzymatic processes employed by phytoplankton during Fe acquisition might influence Fe
isotope fractionation. Different species, in this particular case cyanobacteria and
chlorophytes, may produce distinct Fe isotope fractionation patterns during biological uptake.
If this is the case, then 3°°Fe of dissolved Fe and particulate Fe could potentially serve as a
diagnostic tool for investigating the source of Fe for cyanobacteria and eukaryotic algae, and
evaluating the role of Fe in the competition between cyanobacteria and eukaryotic algae.
Stable Fe isotopes show great potential in deciphering the source of Fe for
cyanobacterial blooms. The isotope results suggest that cyanobacteria could access abundant
Fe by migrating to an anoxic zone. The internal Fe loading from the sediment after the onset
of anoxia could continually support the activity of cyanobacteria during the bloom despite
extremely low concentrations of dissolved Fe in the oxic layers. As a result, Fe availability is
unlikely a limiting factor for cyanobacteria in L227. Furthermore, onset of the first
cyanobacterial bloom occurs shortly after the stratification of L227, suggesting that internal
Fe loading from sediment could be an important Fe source for the formation of
cyanobacterial bloom, consistent with the observation that sediment anoxia and internal Fe
loading are identified as precursor factors for cyanobacterial bloom in several lakes.
Understanding the role of Fe in the formation of cyanobacterial bloom and determining the
availability and source of Fe for cyanobacterial uptake are crucial for assessing triggers for
the onset of cyanobacterial bloom and evaluating corresponding management options.
Chapter 4 presents temporal and spatial variations in Fe isotope fractionation between

dissolved Fe and particulate Fe in the anoxic hypolimnia of Boreal Shield lakes, along with
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the Fe isotope compositions of porewater and sediment in sediment cores collected from the
lake bottoms.

Contrary to the traditional limnological paradigm, where hypolimnia of small lakes
simply accumulate products of sediment and water column diagenesis of surface derived
material during the stratified period, Fe isotopes elucidate the importance of novel Fe cycling
pathways in the hypolimnia of small boreal lakes. For the first time, spatial and temporal
variations in A%Fegis-part fractionations were observed in the anoxic hypolimnia of Boreal
Shield lakes, likely due to active microbial Fe oxidation occurring in situ throughout the
anoxic hypolimnion rather than in situ abiotic Fe processes and settling of particulate Fe from
the oxic layers or the redox boundary. The wide range of A>Feuis-part fractionations observed
in this study suggested that microbial Fe oxidation might produce distinct A>Fegis-part
fractionation patterns corresponding to the change in environmental conditions. Supported by
16S rRNA gene sequence data and metagenome sequence data, the observed A%Fegis-part
fractionations in the anoxic hypolimnion are probably produced by photoferrotrophy, and the
variations in A>Fegis-part fractionations are likely due to the different oxidation rates of
photoferrotrophy which was affected by the change of Fe concentrations or light intensities.
The large Fe isotope fractionation in the anoxic hypolimnion, likely due to photoferrotrophy,
suggests that photoferrotrophs could thrive in the low-light conditions of anoxic ferruginous
deep water, lending the idea that photoferrotrophy may have played a substantial role in the
deep layer of the Precambrian ocean. Highly variable and positive 8°°Fe of particulate Fe,
likely produced by in situ photoferrotrophy, is within the range of 8°°Fe observed in the Fe

oxides minerals in BIF. This observation supports the idea that photoferrotrophy could have
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played a substantial role in the production of ferric Fe during the formation of BIF, where the
produced Fe(IIl) oxyhydroxides are the precursor of Fe oxide minerals in the BIF.

DIR dominates organic mineralization pathways in anoxic sediments. A consistently
high porewater Fe concentration (primarily Fe(II)) throughout the sediment core (mainly
Fe(Il)), along with a steep gradient in the uppermost zone, demonstrated that the source of Fe
in the hypolimnion during stratification results from an intensive Fe flux from anoxic
sediment, which is generated by DIR in the presence of abundant organic carbon. This
intensive internal Fe cycling is remarkable, considering the entire water column undergoes
mixing twice a year. The lower Fer/Al ratio in the sediments of L227, compared to that in the
particulate Fe in the water column of L227, suggests that most of the newly deposited Fe is
progressively released back into the hypolimnion through diffusion and reductive dissolution
by DIR in the sediment during the stratification. The negative °°Fe values of porewater
Fe(Il) in the upper portion of sediments likely result from the initial DIR and the subsequent
precipitation of siderite. The dissimilarity in §°°Fe values between dissolved Fe(II) in the
anoxic hypolimnion and porewater Fe(II) near the SWI suggest that the flux of Fe from
sediments to the water column is composed of diffusing porewater Fe(II) and dissolved Fe
produced by reductive dissolution at SWI. The less negative 8°°Fe of dissolved Fe in the
hypolimnion compared to 8°°Fe of porewater suggests that reductive dissolution at SWT is
likely near complete, producing isotopically heavy dissolved Fe that is equal to 8°°Fe in bulk
sediments. This is consistent with the similarity of the 8°°Fe of dissolved Fe in the
hypolimnion and the §°Fe of particulate Fe in the epilimnion.

Combining oxygenic photosynthesis facilitated by cyanobacteria in the oxic surface

layers, photoferrotrophy inferred in the anoxic bottom layers, and DIR in the organic
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sediment, these active Fe processes in L227 collectively show the potential of seasonally
anoxic Boreal Shield lakes as an analog of late Archean ocean and the use of Fe isotopes to

unravel the Fe cycle in freshwater lakes.

5.2. Recommendations for Future Research

The key findings in this thesis suggest several avenues for future research in the field
of Fe isotope and Fe geochemistry, both in laboratory studies and natural settings.This
research shows that cyanobacteria in the water column of L227 likely preferential use Fe(II)
rather than Fe(Ill). Fe-uptake mechanisms of cyanobacteria could be further examined in the
enrichment cultures using oxic water samples from L227. Further experimental studies may
be required to measure Fe isotope fractionation during biological uptake using representative
cyanobacteria and eukaryotic algae under different N and P conditions. The source of Fe for
cyanobacterial blooms could differ among ecosystems. Therefore, the pattern in °°Fe and
associated fractionation need to be examined systematically among lakes where variation in
organic matter supply, geology and lake characteristics may influence the Fe isotope signals.
If patterns and behaviors of 8°°Fe related to cyanobacterial blooms are exhibited, then Fe
isotopes hold great promise to track Fe sources and related processes for the formation of
cyanobacterial blooms and to investigate the relative importance of different Fe sources in
reservoirs and lakes worldwide. Integrative modelling work, which incorporates cycling of C,
N and Fe with their stable isotopes, could be utilized to predict the occurrence of
cyanobacterial bloom and develop management approaches. Moreover, Fe is not the sole

essential micronutrient for cyanobacteria. Future lake studies with improved spatial and
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temporal resolutions could be used to track the progression of blooms in the context of the
uptake of other micronutrients (e.g., Mn and Mo).

Confirmation of photoferrotrophy in the anoxic hypolimnia of L221, L227 and L304
requires further investigation. Photoferrotrophic activity needs to be demonstrated in field
incubations or enrichment cultures in the laboratory for L221, L227 and L304. Active Fe
cycling, including the potential occurrence of photoferrotroph and microaerophilic Fe(II)
oxidation inferred in the anoxic layers of Boreal Shield lakes, highlights the potential of
Boreal Shield lakes as Archean ocean analogues. Other processes such as nitrate-reducing
Fe(II) oxidation, Fe(II) oxidation by O produced by cyanobacteria, Fe-ammox, Fe(III)-
dependent anaerobic methane oxidation and sulfur redox reactions can be examined in these
lakes in the context of early Earth research, shedding light on the relative importance of these

processes in modern and ancient environments.
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Appendix A.

A.1 Modelling of migration of cyanobacteria

856F€PFe 4m = 5°Fe PFe migration X Xpre migration 1 5°Fe PFe non-migration X Xpre non-migration
856F€PF6 non-migration = 5°Fe DFe 4m — € uptake

5°Fe PFe migration =8°Fe DFe,z — € uptake

8°SFe pre,,=0°F€ DFe (initial)T € uptake X In(f); this equation assume the reaction products are
effectively removed and isolated from the reactant pool during Fe assimilation.

Where

€ uptake 1 Fe isotope fractionation factor during biological uptake of Fe by cyanobacteria.
€ uptake=A°Fedis-part (1m, 3m) €quals to the average isotope fractionation between dissolved Fe
and particulate Fe at 1 and 3 m during the peak of the first bloom.
XPFe migration and XPFe non-migration represent the mole fractions of intracellular Fe in migrating
cyanobacteria and non-migrating cyanobacteria at 4m, respectively.

8°FepFe non-migration and 8°°Fepre migration are the Fe isotope composition of non-migrating
cyanobacteria and migrating cyanobacteria particles at 4m, respectively.

8°°Fe pre 4m is the Fe isotope composition of dissolved Fe at 4m

8°Fe pre » is the Fe isotope composition of remaining dissolved Fe at z (m) depth after uptake
by migrating cyanobacteria.

8°SFe Dre. (initiat) 1S the Fe isotope composition of initial dissolved Fe at z (m) depth before
uptake by migrating cyanobacteria.

f is the proportion of remaining DFe after uptake relative to the initial dissolved Fe before
uptake at z (m)]

A.2 Contribution of lithogenic and non-lithogenic Fe in particulate Fe pool

The Fe to Al ratio of suspended particulates can be used to examine the relative
contribution of lithogenic and non-lithogenic (biogenic (e.g., phytoplankton) or abiotically-
derived authigenic (e.g., hydrous Fe oxides)) material in marine®®”- 388 and freshwater
systems?% 3%, Assuming that all particulate Al reflects lithogenic origin, the fraction of
particulate Fe derived from non-lithogenic materials was calculated using the following
equation:

Non-lithogenic Fe (UM) = Femeas—(Fe/Al)iitho X Almeas

where Femeas and Almeas are the measured concentrations of Fe and Al, respectively, and
(Fe/Al)iimo is the average Fe/Al ratio (=0.18%°?) in Canadian Precambrian Shield bedrock in
Ontario. The non-lithogenic Fe composed 68 £ 11% of total particulate Fe in all lakes,
indicating that the particulate Fe phase is dominated by non-lithogenic materials.
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Table A1 Summary of geochemical data in streams, L227 and L442

Sample ®Date 0} T *DOC POC SOs# S* PON TDP 3SPP C/N N/P C/P  DFe 5°Fe  PFe 5%Fe
name POM POM POM DFe PFe
(2-SD) (2-SD)
(m/dy) (mglL) (°C) M) M) @M) M) M) @M) @EM) (uM) (%0)  (LM) (%60)

Streams
L239EIF 06/22/11 NA NA 1758 NA NA NA NA NA NA NA NA NA 1463 0.62+0.02 NA NA
L239EIF 06/22/16 7.0 154 2087 NA 7.2 NA NA NA NA NA NA NA 1420 0.01+0.10 NA NA
L239EIF 09/19/16 7.5 132 2829 NA 6.5 NA NA NA NA NA NA NA 1558 0.41+0.08 2.30 NA
L239EIF 06/06/17 NA NA 1530 NA NA NA NA NA NA NA NA NA 1244 NA NA NA
L239EIF 07/05/17 NA NA 2174 NA NA NA NA NA NA NA NA NA 1492 NA NA NA
L239NEIF  06/22/11 NA NA 3042 NA NA NA NA NA NA NA NA NA 1243 -0.01+0.04 NA NA
L239NEIF 07/10/14 NA 9.8 3483 NA 8.9 NA NA NA NA NA NA NA 13.03 0.07+0.02 NA NA
L239NEIF 06/22/16 7.1 88 3785 NA 20 NA NA NA NA NA NA NA 1550 -0.13+0.02 NA NA
L239NEIF 09/19/16 43 NA 5301 NA 26 NA NA NA NA NA NA NA 20.18 0.05+0.06 0.09 NA
L239NEIF  06/06/17 NA NA 2008 NA NA NA NA NA NA NA NA NA 1133 NA NA NA
L239NEIF  06/20/17 NA NA 3357 NA NA NA NA NA NA NA NA NA 12.07 NA NA NA
L239NEIF 07/05/17 NA NA 3657 NA NA NA NA NA NA NA NA NA 1299 NA NA NA
L239NWIF 06/22/11 NA NA 1733 NA NA NA NA NA NA NA NA NA 8.97 -0.07+0.02 NA NA
L239NWIF 07/10/14 NA 150 1883 NA 239 NA NA NA NA NA NA NA 9.13  0.21+0.02 NA NA
L239NWIF 06/23/16 6.7 158 1862 NA 99 NA NA NA NA NA NA NA 8.85 -0.09+0.02 NA NA
L239NWIF 09/19/16 3.7 129 2565 NA 4.1 NA NA NA NA NA NA NA 10.61 0.08+0.04 0.14 NA
Us 07/07/14 NA 11.0 1375 NA 104 NA NA NA NA NA NA NA 6.37 0.39+£0.02 NA NA
Us 06/21/16 NA 93 1346 NA 84 NA NA NA NA NA NA NA 6.21 -0.19+0.08 NA NA
Us 09/19/16 NA 121 1660 NA 11.8 NA NA NA NA NA NA NA 8.07 0.34+0.04 0.05 NA
Ul 07/07/14 NA NA 1183 NA 6.6 NA NA NA NA NA NA NA 6.38  0.16+0.02 NA NA
L114IF 07/08/14 NA 12.0 1100 NA 13.8 NA NA NA NA NA NA NA 6.09 0.28+0.02 NA NA
L661 IF 06/22/16 NA NA NA NA NA NA NA NA NA NA NA NA 6.91 0.15+0.02 NA NA
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Sample ®Date 02 T *DOC POC SOs# S* PON TDP 3SPP /N N/P C/P  DFe 5°Fe  PFe 5%Fe
name POM POM POM DFe PFe
(2-SD) (2-SD)
(m/dly) (mgl) (°C) M) @M) EM) EM) @M) @M) EM) (uM) (%0) (M) (%0)
BO 09/19/16 NA NA 1542 NA 46 NA NA NA NA NA NA NA 7.57 0.02+0.10 0.01 NA
ELA Lake 227 / Water Column
1 m-epi 07/09/14 9.2 20.6 899 259 163 NA 43 026 1.13 6.0 173 88.9 0.80 0.72+0.02 1.35  0.09+0.00
3 m-epi 07/09/14 10.5 12.0 766 230 129 NA 38 026 1.19 6.0 145 746 0.80 0.85+0.02 0.97 -0.02+0.02
4 m-meta  07/09/14 0.5 NA NA 198 132 NA 27 032 1.58 7.5 7.6 486 1.90 NA NA NA
6 m-hypo  07/09/14 0.0 49 808 154 51 NA 22 042 1.90 7.0 52 314 2194 -0.25+0.02 1393 0.77+0.02
8 m-hypo  07/09/14 0.0 43 908 252 7.0 NA 39 0.68 3.77 6.4 47 258 83.00 -0.27+0.02 10.08 1.27+0.02
10 m-hypo 07/09/14 0.0 43 1157 373 6.6 NA 60 135 5.29 6.2 5.1 273 11024 -0.26+0.02 6.56 1.05+0.02
1 m-epi 06/28/11 10.0 19.4 767 318 143  ‘bdl 55 0.19 1.13 5.8 21.8 108.9 0.69 -0.26+0.10 NA NA
4 m-meta  06/28/11 03 64 703 184 147 0.3 25 026 1.52 7.4 7.4 47 2.64 -0.09+0.00 0.56 -0.47+0.02
6 m-hypo  06/28/11 0.0 43 811 128 53 6.3 18 0.32 1.58 7.2 5.1 314 2949 -0.36+0.00 2.24  0.48+0.02
8 m-hypo  06/28/11 0.0 43 1071 255 4.1 8.2 39 0.55 4.58 6.5 39 21.5 107.12 -0.20+0.00 2.55  0.78+0.02
10 m-hypo 06/28/11 0.0 43 1189 305 40 7.0 49 0.61 5.71 6.2 39 20.7 11829 -0.18+0.08 3.05 1.00+0.02
1 m-epi 08/24/11 80 21.3 769 254 124  ‘bdl 32 023 094 6.5 114 63.0 0.84 0.03+0.14 0.29 -0.08+0.02
4 m-hypo  08/24/11 0.1 8.7 865 352 7.1 2.2 54 029 216 NA NA NA 17.80 -0.28+0.06 0.56 1.04+0.02
6 m-hypo  08/24/11 0.0 49 960 161 42 2.8 22 0.35 2.26 7.3 44 276 6146 -0.09+0.00 0.25 1.3240.02
8 m-hypo  08/24/11 0.0 45 1159 268 4.1 3.9 42 0.87 481 6.4 39 21.5 11036 -0.12+0.02 0.66 1.524+0.02
10 m-hypo 08/24/11 0.0 44 1193 317 45 55 52 190 5.81 6.1 4.1 21.1 140.87 NA NA NA
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Sample ®Date 02 T *DOC POC SOs# S* PON TDP 3SPP /N N/P C/P  DFe 5°Fe  PFe 5%Fe
name POM POM POM DFe PFe
(2-SD) (2-SD)

(m/d/ly) (mg/L) (°C) M) M) @EM) M) @M) @EM) M) (uM) (%0)  (uUM) (%0)

ELA Lake 442 / Water Column

0.5 m-epi 06/27/11 7.0 19.8 555 29 19.0 NA 3 006 0.19 9.1 NA NA 0.87 0.10+0.04 0.21 0.01+0.04

5 m-meta 06/27/11 10.6 9.5 562 43  19.5 NA 3 006 023 129 NA NA 0.74 0.30+0.04 0.20 0.33+0.00

9 m-hypo 06/27/11 40 5.0 530 36 21.5 NA 3 010 026 125 NA NA 1.20 0.46+0.04 0.38 -0.03+0.04

11 m-hypo 06/27/11 NA 4.5 538 NA NA NA NA NA NA NA NA NA 1.39 0.444+0.04 0.70 -0.01+0.04

13 m-hypo 06/27/11 0.0 44 529 77 20.8 NA 9 0.03 0.03 8.6 NA NA 9.83 -0.91+0.04 1.22  1.3440.00

Illgsom' 0627/11 0.0 44 677 94 184 NA 13 003 003 97 NA NA 10218 -0.1140.02 097 1.83+0.04

ELA Lake 227 Sediments Bulk sediment 8°°Fe (%o)

Epi

Surficial 07/24/10 NA NA NA NA NA NA NA NA NA NA NA NA NA NA NA -0.0440.02

1.0m

Profundal

Surficial 07/24/10 NA NA NA NA NA NA NA NA NA NA NA NA NA NA NA -0.03+0.02

10m

Profundal

é(z)rfe ) 03/01/11 NA NA NA NA NA NA NA NA NA NA NA NA NA NA NA -0.07+0.02

5-5.5cm

Profundal

10m 03/01/11 NA NA NA NA NA NA NA NA NA NA NA NA NA NA NA -0.09+0.07

Core 2



Sample ®Date 0)}

name

(m/d/y) (mg/L)

T

(°C)

“POC

(LM)

POC

(LM)

SO4*

(LM)

S*

(LM)

“PON

(LM)

*TDP

(LM)

*SPP

(LM)

*C/N
POM

N/P
POM

C/P
POM

aPDFe

(LM)

&°%Fe
DFe
(2-SD)
(%00)

2PFe

(LM)

&¢Fe
PFe
(2-SD)
(%0)

10-10.5cm

Profundal
10m
Core 2
25-26 cm

03/01/11 NA

ELA Lake 442/ Sediments

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

-0.22+0.01

Epi
Surficial
Im
Epi
Surficial
29m
Profundal
Surficial
17 m

07/23/10 NA

07/23/10 NA

07/23/10 NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

NA

-0.05+0.05

-0.06=0.00

0.28+0.02

2DOC denotes dissolved organic carbon, POC is particulate organic carbon, PON is particulate organic nitrogen, TDP is total dissolved

phosphorus, SPP is

suspended particulate phosphorus, C/N POM is C/N molar ratio of particulate organic matter, DFe is dissolved Fe, PFe is particulate Fe.
®For Lake 227, 07/09/2014 was during development of bloom, 06/28/2011 was during peak bloom, 08/24/2011 was during post bloom.
°bdl means “below detection limit”.
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Table A2 Saturation indices of Fe(Il) minerals in the anoxic hypolimnia of L221, L.227, L304 and L442

Depth Mackinawite (FeS) *Ks,=103 Vivianite (Fe3(POs)2) PKsp=1073%8
Lake Date
(m) |IAP dg Comment |AP dg Comment
6 1.44E-05 -1.34 undersaturated 2.5E-42 -5.80 undersaturated
15-May-18 8 1.16E-04 -0.43 undersaturated 8.9E-41 -4.25 undersaturated
10 2.85E-04 -0.04 near saturated - - undersaturated
4 1.30E-07 -3.39 undersaturated 2.7E-45 -8.76 undersaturated
26-)un-18 6 2.23E-05 -1.15 undersaturated 1.7E-42 -5.96 undersaturated
8 1.02E-04 -0.49 undersaturated 7.7E-41 -4.31 undersaturated
10 1.31E-04 -0.18 undersaturated 3.7E-40 -3.63 undersaturated
L227 4 2.57E-07 -3.09 undersaturated 7.4E-46 -9.33 undersaturated
21-Aug-18 6 4.51E-05 -0.85 undersaturated 2.7E-42 -5.76 undersaturated
8 1.04E-04 -0.48 undersaturated 7.9E-41 -4.30 undersaturated
10 1.68E-04 -0.07 near saturated 1.8E-39 -2.94 undersaturated
4 4.15E-07 -2.88 undersaturated 2.3E-45 -8.84 undersaturated
11-Sep-18 6 5.60E-05 -0.75 undersaturated 5.0E-42 -5.50 undersaturated
8 1.33E-04 -0.37 undersaturated 5.9E-40 -3.43 undersaturated
10 2.45E-04 0.02 near saturated 1.5E-38 -2.01 undersaturated
13 1.39E-06 -2.26 undersaturated 2.1E-45 -8.89 undersaturated
02-Jun-18 15 2.48E-05 -1.01 undersaturated - -
17 1.85E-04 -0.13 undersaturated 1.4E-40 -4.05 undersaturated
L44 13 8.50E-06 -1.47 undersaturated 1.1E-42 -6.16 undersaturated
05-Jul-18 15 4.53E-05 -0.74 undersaturated - -
17 2.40E-04 -0.02 near saturated 1.6E-40 -3.99 undersaturated
08-Sep-18 13 8.70E-05 -0.46 undersaturated 8.1E-42 -5.29 undersaturated
15 1.48E-04 -0.23 undersaturated - -
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17 3.47E-04 -0.02 near saturated 7.2E-41 -4.34 undersaturated
4 9.68E-07 -2.41 undersaturated - -
L221 30-Jul-18 5 5.54E-06 -1.66 undersaturated - -
5.5 1.56E-05 -1.21 undersaturated - -
4.5 1.38E-06 -2.26 undersaturated 3.0E-44 -7.72 undersaturated
L304 26-Jul-18 5.5 1.49E-05 -1.23 undersaturated - -
6 3.57E-05 -0.85 undersaturated 4.1E-42 -5.58 undersaturated

%K p and K, are the solubility product constants of Mackinawite (FeS) and Vivianite (Fes(POa4)2) respectively.
°IAP is the ion activity product of a specific mineral.

dSI is the saturation index defined by SI=log [IAP/Ksp)].
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Appendix B.

Use of muti-collector ICP-MS for studying biogeochemical
metal cycling

Introduction

Isotopic analysis of metals (e.g., Li, Mg, Cu, Zn, Mo, Fe) has been performed by
geochemists for several decades in order to explore metal cycling in both natural and
perturbed environments. With new innovations and developments in analytical methods, the
isotope compositions of these metals have been validated in a variety of settings, including
both low-temperature (e.g. marine, soil, riverine, lake) and high-temperature environments.
The isotopic systematics of some metals is described here to provide a general understanding
of the behavior of metals influenced by biogeochemical processes.

Lithium (Li) and magnesium (Mg) isotopes are promising tracers to study key
biogeochemical processes. Both Mg and Li are fluid-mobile elements that are not involved in
redox reactions.*”! Li isotopes are a useful tracer to study both low-temperature (e.g., silicate

)13% and high-temperature processes (fluid-rock interactions).**? Natural variation

weathering
of Li isotope compositions (Table B1) spans a large range (from —20 to 40%eo) in terrestrial
environments due to the substantial mass difference (~16%) between °Li and "Li. Low-
temperature weathering could induce Li isotope fractionation between fluids (river,

groundwater) and solids (sediment, rock) due to the enrichment of ’Li in fluids.?*3

Table B1 Isotopes, standard materials and natural isotopic compositions for selected
elements

Stable isotopes Standard material
Element an;iell; i:::al Data Natural isotopic
abundances Name Composition reporting variation
(%)
Li ®Li (7.6) L-SVEC? Li carbonate (solid) 7L 220 to 40%.
! 7Li (92.4) IRMMO16° Li carbonate (solid)
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Mg

Cu

/n

Fe

24Mg (79.0)
Mg (10.0)
Mg (11.0)

5Cu (69.2)
65Cu (30.8)

“7n (49.2)
571 (27.8)
71 (4.0)
70 (18.4)
70Zn (0.6)

2Mo (14.8)
%Mo (9.3)

%Mo (15.9)
%Mo (16.7)
Mo (9.6)

%Mo (24.1)
190Mo (9.6)

3Fe (5.8)
SFe (91.8)
STFe (2.1)
8Fe (0.3)

NIST-SRM980°
DSM3

NIST-SRM976?
ERM-AEG633

JIMC3-Lyon*
IRMM3702

NIST-SRM3134

IRMMO014*
IRMM634

Mg chips (solid)
Mg in nitric acid
(solution)

Cu disk (solid)
Cu in nitric acid
(solution)

Mg in nitric acid
(solution)

Mg in nitric acid
(solution)

Mo in hydrochloric acid
(solution)

Fe wire (solid)
Fe in hydrochloric acid
(solution)

826h4g

3%Cu

5%Zn

8%Mo

5%Fe

—6 to 2%o

Biotic sample:
—1.3 to 1.5%0
Abiotic sample:
0.0 to 0.5%o

Biotic sample:
—1.0 to 1.5%0
Abiotic sample:
0.5 to 1.0%o

—1.5 to 2.4%o

—3.6 to 1.2%0

“Discontinued: Standard material is no longer available.

PIRMMO16 has the identical isotope composition to L-SVEC.

*NIST-SRM980 was widely used before 2003 and was then replaced by DSM3, a standard developed at the

University of Cambridge.

Magnesium is the fifth most abundant element in continental crust and thus, a major

component of minerals in different rock types.*** A variation of >7%o in Mg isotope

compositions (Table B1) is observed in terrestrial samples.’*®> Low-temperature weathering

(e.g., silicate weathering) can produce significant Mg isotope fractionation, which is due to

the partitioning of light Mg (3*Mg) into the aqueous phase, and thus, the Mg isotope has been

used as a tracer to study weathering processes and water-rock interaction.
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Copper (Cu) and zinc (Zn) are redox-sensitive elements affected by biogeochemical
processes, making them good tracers to understand complex biological pathways and the fate
of contaminants. Copper (Cu) and zinc (Zn) are redox-sensitive elements affected by
biogeochemical processes, making them good tracers to understand complex biological
pathways and the fate of contaminants. Cu and Zn either form complexes with organic matter
or adsorb onto the surface of oxyhydroxides in near-surface environments such as rivers,

oceans, and soils.>*®

The variation of both Cu and Zn isotopic compositions (Table B1) in
natural samples that are involved in biological processes span a range of 2.5%o, while the
8%Zn and 6%Cu of inorganic samples are less variable, with a range less than 0.5%0.%% 3% Zn
and Cu isotopes can also be used as tracers to study processes in high-temperature
environments.**® As the most incompatible chalcophile element, Cu is highly related to the
fusion of sulfides during partial melting of the mantle, making it a good tracer to study the
role of sulfides during igneous differentiation processes. The moderate volatility and high
abundance of Zn in bulk silicate earth makes it a good tracer to understand the volatility
processes in rocks. The Cu and Zn isotopic compositions in bulk silicate earth are reported as
0.07 + 0.10%0**° and 0.16 + 0.06%o,*°! respectively.

Molybdenum (Mo) can be used to study redox conditions in near-surface
environments due to its redox sensitivity, role in microbiological processes, and relatively
large isotopic range in nature (from —1.5%o to 2.4%o).4’> The largest isotope fractionation
(~3%o) is observed from the adsorption of Mo to Mn oxides in oxic seawater by preferentially
accumulating lighter isotopes of Mo onto the surface of Mn oxides.*%*%* Mo is an essential
cofactor for enzymes that play an important role in biological nitrate reduction and nitrogen
fixation.*% 405 Bacterial uptake prefers the lighter isotopes of Mo, inducing isotope
fractionation with the range of ~0.2 to 1.0%0.*** Some microorganisms can also utilize
oxidized Mo species as electron acceptors in catabolic metabolism when generating energy
from chemiosmosis.**® Thus, Mo isotopes are a good tracer to study redox conditions as well

as the evolution of life on Earth*%?

and euxinic environments because of the large differences
in isotopic fractionation between processes that sequester Mo in sedimentary minerals.

Mass spectrometry is a powerful instrumental technique used to determine the
isotopic composition of elements. Types of mass spectrometry used for isotopic analyses are

listed in Table B2. Thermal ionization mass spectrometry (TIMS) was first developed for
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isotopic analysis of nontraditional isotopes and was widely used before the introduction of
inductively coupled plasma mass spectrometry (ICP-MS).!%* The approaches of introducing
and ionizing samples are the major differences between the TIMS and ICP-MS methods.*"
The ICP-MS was developed after 1983 and contains three essential components: an ion
source, an ion separator, and a detection system. The ion separator used in commercial ICP-
MS instrumentation can be classified into three types: quadrupole mass analyzer, double-
focusing sector, and time-of-flight mass analyzer. The double-focusing sector can produce
higher unit mass resolution, which can result in high precision of isotope ratios, compared
with the other two types. An enhanced version of the ICP-MS, the multi-collector (MC)-ICP-
MS, was developed on the double-focusing sector field ICP-MS over the following decade'®*
and allows the study of isotope abundances of all elements.**® TIMS is not suitable for
elements with high first ionization potentials, whereas MC-ICP-MS is capable of analyzing a
wider range of elements (e.g. Mo, Fe, Hf, Hg).!%% 4% More recently, MC-ICP-MS is
increasingly used for isotope analysis in many fields (e.g., biogeochemistry,
cosmochemistry) due to the advantages of MC-ICP-MS over TIMS (e.g., higher sensitivity,
higher ionization efficiency, faster sample throughput, superior precision and accuracy).
Common MC-ICP-MS instruments that are commercially available include the Isoprobe

from GV Instruments, the Neptune (Plus) from Thermo Fisher Scientific, and the Nu Plasma

II and the Nu Plasma 1700 from Nu Instruments.*!?

Table B2 Different types of mass spectrometry for measurement of stable isotope ratios

Mass Ionization Sample form Elements of interest
spectrometry
Dual inlet or ) Light elements
continuous flow Bombard sample with e-beam  Gas (e.e., H,C,N, O, S, Cl, Br)
IRMS
Heat by eleciri ‘ Heavy elements
TIMS o Oy © CCHIC CUTIERt O A g0lid or solution (e.g., Ca, Ti, Cr, Ni, S, Pb,
filament
Nd)
Introduce int inductivel Light and heavy elements
MC-ICP-MS e e el 2 HPVEY Solid or solution (c.g., Li, B, Mg, Si, Ca, Fe,
coupled argon plasma Cu, Zn, Mo, HF, Hg)
Noble gas MS Bombard sample with e-beam Gas He, Ne, Ar, Kr, Xe

in the ion gun
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The availability of TIMS or MC-ICP-MS (gradually becoming a widely used
instrumental technique) has led to new discoveries in metal cycling. For example, Fe
biogeochemistry has been investigated to understand the Fe source, binding environment,
and electron transfer and atom exchange pathways. The development of the double spike
technique allows high-precision Fe isotope measurements to be achieved.*!!*!3 The double
spike technique is employed to correct and account for instrumental mass fractionation
during mass spectrometric analysis. This well-established method is applicable to any
element that has four or more isotopes.*!* The double spike technique is being increasingly
applied in nontraditional stable isotope research,*'” 41> where it is ideally suited to distinguish
between natural and instrumental mass fractionation. MC-ICP-MS is more suitable for
nontraditional stable isotope measurements, since its inherent instrumental mass bias is
constant and several elements, including Fe, have high ionization efficiency.?** However,
MC-ICP-MS also introduces some new disadvantages, such as isobaric interferences
produced by the Ar plasma and interference from other elements (e.g., Ca, Cr, Ni).2** Great
efforts have been made to minimize these interferences.*!!- 416417 Qver the past decade, MC-
ICP-MS has been predominantly deployed to study isotope fractionation of a wide range of
elements, and to produce high-precision isotope measurements that capture the true naturally
occurring mass-dependent variations. Since isotopic analysis for each element and type of
sample necessitates detailed method development, this chapter will focus on the application
of MC-ICP-MS for studying Fe isotope fractionation in general with specific application in a
case study. The overall methods and sample preparation for measuring Fe isotopes are

broadly similar for studying other metal isotopes.

Methodology

Instrumentation

Mass resolution(R) is an important parameter of MC-ICP-MS. It estimates the ability of MC-

ICP-MS to identify the signals of separated ion beams with slightly different masses:

R=m/Am
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where Am is the mass difference between two separated ion beams with masses m and
m + Am,* and is indicative of the capability of MC-ICP-MS to separate the neighbor peaks
in a mass spectrum. The mass resolution can be calculated in two different ways. In the 10%
valley definition, two neighbor peaks (at mass m; and mass mo in a mass spectrum) with the
same height (ion intensity) are separated by a valley whose lowest point is 10% of the peak
height. In the peak width definition, the Amx is the width of a single peak with mass m at a
desired peak height (x% (e.g., 5%) of maximum peak height):40% 418

mi+m;
2

)/(m1 +m,)

R 10% valley definition = (

R peak width definition — 7 / Amx

The two definitions are equivalent when the mass resolution is taken at 5% of peak
height in peak width definition.

The MC-ICP-MS instrument used for discussion in this chapter is a Nu Plasma II,
which is a double-focusing sector field mass spectrometer (Figure B1). The sample is
introduced into the system as an aerosol by a nebulizer (CETAC Aridus II Desolvating
Nebulizer System) to the inductively coupled argon plasma for ionization. The ions are
accelerated first and then separated from other ions in space based on their different mass to
charge ratio and introduced into the magnetic sector field of the mass spectrometer. The
separated ion beam is subsequently converted into a measurable electrical signal by the
detection system.*!® There is a strong negative correlation between the ion transmission
efficiency and mass resolution for MC-ICP-MS: the higher the mass resolution, the lower the
ion transmission efficiency.*!® For example, reducing the width of the exit slit can increase
the mass resolution but decreases the intensity of the ion beam, resulting in low ion
transmission efficiency.**® With high mass resolution, the MC-ICP-MS can separate ions of
interest (e.g., Fe) from interfering ions to get accurate and precise isotope ratios.*!® The

double-focusing sector, including magnetic and electrostatic sectors, has been developed for
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the purpose of producing high mass resolution without significant damage to the ion
transmission efficiency. This includes a magnetic sector, which separates ions by the strength
of the magnetic field based on their mass to charge ratio (m/z), and an electrostatic sector,
which separates ions by acceleration voltage based on their kinetic energy.*'® The double-
focusing (energy and directional focusing) sector in spectrometers similar to the Nu Plasma
II follows the Nier—Johnson geometry, in which the electrostatic sector is followed by the
magnetic sector.*”” The detection system is a combination of Faraday collectors and ion
counters. The Faraday collectors are deep buckets that are installed behind the exit slits for
collecting the separated ion beams that pass through the exit slits. The ion counters in the Nu
Plasma II are discrete dynode secondary electron multipliers, which can improve the
sensitivity of mass spectrometers by several orders of magnitude compared with Faraday
collectors.*” The combination of Faraday collectors and ion counters can extend the dynamic

range of the detection system and produce accurate and precise isotopic ratios.*!

Nebulizer gas Ar Sampler Skimmer Entrance slit

Load coil

n ‘ Torch IcP
l Lens system
Plasma gas ] ] lon current Electrostatic
r—L " <’ [ _— sector
o I - N
o‘}:‘: So . [CHCRCHCN ) ® @ ® @

R KBRS
S 0.5 0 o LS.
- X%
Sample aerosol ™ H H ¥ —
dlb i lon acceleration
» Nebulizer gas Ar
out Atmospheric pressure ‘ Inlerface| High vacuum

Sample solution

y

Sample Introduction Inductively Coupled Plasma | Double-focusing Sector Mass
lon Source Spectrometer

Secondary electron multipliers ~ Exitslit

L |

Faraday collectors ——

b S— Magnetic sector

Separated ion beams

Double-focusing Sector Mass

Detection System |
Spectrometer
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Figure B1 Schematic representation of MC-ICP-MS: Nu Plasma II (coupled with
sample introduction system).

Nu Plasma II contains three distinct parts: an inductively coupled plasma ion source, a
double-focusing sector mass spectrometer, and a detection system consisting of 16 Faraday
collectors (also called Faraday cups), five ion counters (discrete dynode secondary electron
multiplier), and a high-abundance sensitivity filter. Modified from Vanhaecke, 2012, with
permission of John Wiley and Sons.

Ultrapure deionized water (18.2 MQ, 4 ppb total organic carbon [TOC] at 25 °C) is
used for the preparation of all samples, standards, and test solutions. Dilute nitric acid
solutions (0.1% and 2% by volume) are prepared with ultrapure nitric acid (70% w/w,
OmniTrace Ultra®). Hydrochloric acid is distilled twice, often using the Savillex DST-1000
Acid Purification System, from analytical reagent-grade HCI (Baker Analyzed® A. C. S.
Reagent HCI). For the analysis of Fe isotopes, two stock Fe standard solutions are used:
IRMM634 (the certified standard replacing IRMMO14, from the Institute for Reference
Materials and Measurements [[RMM]) and HPS Fe (High-Purity Standards from Delta
Scientific Laboratory Products Ltd., 1000 pg/mL Fe solution [source: Fe metal, purity:
99.999%] in 2% HNO3). The mission of the IRMM is to promote a common and reliable
European measurement system in support of EU policies. The standard stock solutions are
specific depending on the elemental isotope of interest. For example, the IRMM3702 is the
certified reference material for 8%*Zn in 1 M nitric acid. The dilute standard solutions are
prepared by dilution of the concentrated standard solutions in 2% nitric acid. Synthetic
solutions are prepared that contain the same concentrations of major ions as are present in the

samples to be analyzed.

Interference

MC-ICP-MS is usually coupled with ion exchange chromatography in order to
eliminate spectral (or isobaric) interferences and nonspectral interferences.*?” Spectral
interferences can be further classified into elemental interferences and molecular
interferences. Matrix elements such as Cr and Ni can introduce elemental interferences
during the Fe isotope measurement.?** Therefore, care must be taken to limit their possible
interference during analysis. For example, >*Fe suffers from the interference of >*Cr and *®Ni

because the latter two overlap the >*Fe signal. Some matrix elements such as Ca can form

188



oxide (or hydroxide) ions such as “°Ca'O at **Fe, *°*CaOH" at >'Fe, and **CaO™ at **Fe during
analysis and result in molecular interferences.?** These interfering ions will produce
significant bias if their concentrations in solutions are an appreciable fraction of the
concentration of the target isotope. Albaréde and Beard 7 suggest that an interfering ion can
bias the true abundance of the target species to result in inaccurate isotopic compositions. In
order to erase the effect of these interferences, a strict Fe—matrix separation protocol is
applied in the preliminary stages to purify the samples. A correction is also applied to erase
the signal of interfering ions based on a standard method.*"’

The MC-ICP-MS instrumental technique also introduces spectral molecular
interferences by ionized plasma gas (Ar). The Ar-containing polyatomic ions, *°Ar!*N,
4OAr!%0, and “°Ar'OH, can overlap signals corresponding to *Fe, *°Fe, and >°Fe,
respectively. However, several approaches (e.g., addition of H» gas in collision cell, cool
plasma conditions) have been used to remove the interfering effect of these Ar-containing
polyatomic ions.?** Furthermore, the double-focusing sector with which machines similar to
Nu Plasma II are equipped can produce both energy-centralized and direction-controlled ion
beams, thus reducing the width of source and exit slits in the detection system and further
increasing the mass resolution.*!® Similarly, with high mass resolution, the Fe ion beams can
be distinguished from other Ar-containing polyatomic ions.

Nonspectral interferences result from the space-charge effect or plasma condition
effect.*’” The space-charge effect can cause heavier ions to be more favorably transmitted
than lighter ions, resulting in a compositional change of the ion beams (a defocusing
effect).*!® The nonspectral interferences are generally coupled with a sensitivity shift of the
target ion caused by other elements.*’” Like the spectral interferences, the nonspectral

interferences can also produce significant bias in isotopic compositions.

Sample material

MC-ICP-MS has been used to investigate isotopic signatures useful to
geomicrobiologists, such as Fe, in various environments such as rivers, oceans, groundwater,
and lakes. The sample material in these environmental settings includes porewater and
dissolved and particulate phases in the water column, groundwater and sediment. Sediment

samples can be dissolved with HF for bulk isotope analysis or treated with sequential acid
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extraction to extract different metal phases. Several studies have used sedimentary rock
samples to study biogeochemical Fe cycling.!3% 19419 Sedimentary rock such as black shales,
carbonate rocks, or mudrocks can be effectively dissolved in a mixture of HF-HNO3;—-HCI
(2:1:1) (HF 29 M: HCI1 8 M: HNOs 14 M; optimal ratio may differ for different types of

sedimentary rock).!3

Sample preparation

Before the samples are introduced into the MC-ICP-MS, they must be purified to
separate the ions for isotopic analysis from the background matrix. The matrix contains
interfering ions that can induce spectral interferences. In the case of Fe, a strict Fe—matrix
chemical separation is required by the standard—sample—standard bracketing approach for
mass bias correction.*"’

For Fe isotope analysis, ion exchange chromatography is utilized for the purpose of
Fe—matrix separation. Ion exchange resin is an insoluble polymer with exchangeable ions
that can exchange with other ions from an aqueous solution, either positively charged ions
(cation exchange resin) or negatively charged ions (anion exchange resin). An anion
exchange resin (Bio-Rad AG® 1-X4 Resin, Analytical grade, 4% cross-linking, 200-400
mesh) has been used in ion exchange chromatography to separate Fe(Ill) from other elements
in a hydrochloric acid medium.?** 4! The anion exchange resin is strongly basic, having
quaternary ammonium groups (—N*(CHz3)3) that can absorb hydrochloric acid
(-N*(CH3);0H + CI” = —N*(CH3);Cl- + OH").*** Fe(III) has high affinity for resin
conditioned with concentrated hydrochloric acid and thus forms chloride complexes (e.g.,
FeCls") with the anion exchange resin.*!® The stabilities of Fe(IIT)—chlorine complexes
increase with increasing hydrochloric acid concentration.*!®- 42! Therefore, Fe(IIT) can be
adsorbed to resin in 7 M HCI and eluted from resin in 0.5 M HCI. Prior to use, the anion
exchange resin is washed twice using 8 M HCI (distilled twice from analytical reagent-grade
HCI) and 10 times using H>O to rid the column of the finest resin particles,*?? and finally, is
filled with H>O before the sample is loaded onto the column. In order to minimize
contamination problems, all procedures are conducted in a laminar flow cabinet located in a
metals-free clean room. It has been proven that no isotopic fractionation occurs during the

ion exchange chromatography following these procedures.?** #!! However, it is crucial to
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obtain an Fe yield quantitatively close to 100% through chemical separation to avoid mass-
dependent fractionation.*"”

Test solutions are carried through ion exchange chromatography to test the accuracy
of chemical separation. A certain amount (pug) of high purity standard® (HPS) Fe (in-house
standard) is added to synthetic samples, which contain the same major ions as original
samples. The amount of HPS Fe should match the range of iron concentrations of the

samples to be measured.

MC-ICP-MS Analysis

The required minimal concentrations of measurement solutions introduced into MC-
ICP-MS could vary depending on the Fe intensities of different MC-ICP-MS instruments.
Samples and Fe standards are prepared at (e.g.) 600 ppb Fe concentration in weak nitric acid
(e.g., 0.01%) at the time of the measurement. It is important to keep all samples and
standards matched in Fe concentration and acid matrix, since the apparent mass
discrimination could change due to any changes of the Fe concentration or acid strength.*??
Different concentrations of HPS Fe (400, 500, 700, and 800 ppb) are also prepared in 0.01%
nitric acid for the correction of mass discrimination caused by variation in Fe concentration.
These diluted Fe standards are included in each run-set and analyzed as unknown samples. In
order to minimize contamination problems, all the sample dilution processes are operated in a
laminar flow cabinet that is situated as close to the MC-ICP-MS instrument as possible. The
MC-ICP-MS is computer controlled, and each isotopic composition is the average of 40
(varies as desired) 10 s on-peak measurements following a 1 min on-peak measurement of
blank acid (0.01% nitric acid).*** The on-peak measurements of blank acid are conducted in
order to use the on-peak zero method (OPZ). This method can eliminate the variation in the
background from both the instrumental memory effect and small operational variations,
which can cause the accuracy and precision of isotopic ratios to deteriorate (~0.1%o range).*’
In order to get precise Fe isotope ratios, the peak shapes of Fe isotopes (**Fe, *°Fe, *'Fe, and
>8Fe) during a mass scan need to be “flat top” (Figure B1). If not, the collector setting will
bias the isotopic ratios.**” Some instruments, such as Neptune and Nu Plasma II, can produce

high-quality “flat top” peak shapes by adjusting independently the width of both source and
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exit slits. Reducing the slit width results in high mass resolution by separating analyte peaks

from other interferences, therefore producing a large flat-top peak area.

lon beam

lon beam

*Fe

Flat-top peak shape

*Fe

Round peak shape

B |-

»

Mass

Figure B2 Magnet scans for iron isotope 3°Fe in two peak shapes: (A) flat-top peak

shape; (B) round peak shape.
The dashed lines (a, b, ¢) show different analysis mass positions caused by small shifts. In
(B), the ion beams (intensity) of **Fe change with the small variations of mass position (a, b,

c), but they remain constant in (A).

An instrumental mass bias (also called mass discrimination effect) between the

measured isotope composition and the corresponding true value is created due to the shift of

ion beams during transmission from the ion source to the mass spectrometer.*’” Although this

bias in isotope measurements is not fully understood, it is likely caused by some processes in
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the inductively coupled plasma ion source, such as supersonic expansion of ions and space-
charge effect.**> These processes can cause heavier ions to be more favorably transmitted
than lighter ions, which can produce large biases to the measured isotope ratios.**> The
variations in the transmission of samples containing different matrices can also introduce
matrix-dependent nonspectral discrimination effects.*>> Therefore, a correction must be
applied to correct for the drift, which impacts the instrumental mass discrimination.
Because the mass bias changes slightly during an analysis by MC-MS-ICP, a
standard-sample—standard bracketing approach is used for mass bias correction.?** *?* This
approach is designed to erase the drift in measured isotope ratio data due to the instrumental
mass bias in order to reveal the natural Fe isotope fractionation inherent in the samples 426,
Before and after each measurement of a sample, the isotopic ratio of Fe standard solution is
measured and used to correct the raw data of a sample.*?¢ This approach can only be used
when the matrix difference between samples and Fe reference standards is very small. The
matrix difference can introduce drifts in the instrumental mass bias, which can cause
inaccurate results during correction.*?¢ Therefore, a strict chemical separation during the
preliminary stage and proper preparation of matrix specific standards are required to

eliminate the matrix effect.

Data reporting

Natural mass-dependent variation in Fe isotopes covers a range of ~6%o (Table B3).
Early studies have used the epsilon notation (g) to report metal isotopic values (&°°Fe,
£>’Fe).*?” However, now isotope compositions in most studies are reported as & values (e.g.:

8°°Fe, 3°’Fe) given in %o:
5Fe =| (“Fer*Fe gy, )/ (“Fe/“Feyyy) = 1] ¥ 10°

37 Fe=| TFel“Fe . )/ TFe/ P,y ) = 1] ¥ 10°

8°Fe and 8°"Fe values are typically normalized to the average of igneous rocks.?** However,
some studies report 8°°Fe and 8°’Fe values relative to the international standard IRMMO014

(8°%Fe = —0.09 + 0.05%o relative to the igneous Fe baseline).?4* 428, 429
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Table B3 Summary of ranges of Fe isotopic compositions in natural environments

. 5%Fe? (%o)
Environments Reference
From To
Aquifer
Groundwater —-3.4 0.58 203, 225, 430, 431
Sediment -1.1 0.75
Lake
Porewater —1.81 0.64 200, 201, 356, 372, 432
Sediment —-0.72 0.34
Water column —-2.14 0.57
Continental shelf
Porewater —4 1.22
Sediment —0.89 0.15 383, 433-439
Water column —3.45 0.04
Marine
Seawater -0.9 0.71 230, 236, 440442
Sediment —-1.8 1
Soil —0.64 041 184, 203, 222, 258, 443-448
River
Dissolved Fe —0.60 0.51 206, 254, 256, 446, 449
Suspended Fe —-0.90 0.31
Human body -3.6 —-0.9 450-452
Total range —4 1.22

Reference standards

IRMM certified reference materials, provided by EC-JRC-IRMM (Institute for Reference

Materials and Measurements, Belgium), are widely used for inter-laboratory calibration

in stable isotope studies. Examples of available reference standards include IRMM014

for Fe and IRMM3702 for Zn (Table B1). When standards like IRMMO014 are no longer

available (e.g., due to the exhaustion of IRMM014), alternative standards such as

IRMM634 are used for Fe isotopic measurements. Other in-house standards (such as

HPS Fe; see details in Section 2.2.2), alongside IRMM634, can be additionally employed

to test the reliability and reproducibility of data by MC-ICP-MS analysis.
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Precision and accuracy

The precision of this technique using the described procedures is +0.05%o for
6°6Fe and +0.07%o for 6°7Fe. To estimate the external reproducibility, at least 10% of
the samples are randomly selected to be carried through the entire analytical procedure
of sample preparation (different aliquots of the same sample carried through both the
ion exchange chromatography and MC-ICP-MS analysis) for replicate measurement. The
Fe isotope composition of test solutions should be identical to that of pure standard
solutions to ensure that no bias is produced during chemical separations and confirm
the accuracy of isotope measurements. The precision and accuracy of isotopic data are
evaluated by the standard deviation (20) calculated from the repeated analyses of pure
standards, test solutions, and samples. The measured external precision is calculated by

the average standard deviation of all samples, including the replicates.?%®

Conclusion

MC-ICP-MS is a powerful technique for studying stable metal isotopes providing
reliable and rapid isotopic analysis for samples from the natural environment. Application of
Fe isotope signatures to biogeochemical Fe cycling is particularly insightful. Fe isotopes can
used to investigate constraints on redox conditions and Fe reaction pathways in modern
oceans and ancient settings. The advantages of using MC-ICP-MS to analyze stable metal
isotope signatures include its high ionization efficiency, low detection limits (ppb
concentrations), high precision and rapid analysis. However, MC-ICP-MS is expensive to
operate due to large volumes of pure argon gas that are consumed during measurements and
the costs of routine instrument maintenance. Due to the variable composition of natural
samples, one should bear in mind that a preliminary chemical separation is required to

achieve a separation between interfering ions and the metal species of interest and
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accompanying standards must be made in the same sample matrix. In addition to standalone
MC-ICP-MS techniques, combined MC-ICP-MS with liquid chromatography and MC-ICP-
MS with laser ablation are being increasingly explored as powerful analytical techniques for

the in situ analysis of rock samples.
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